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Abstract

Recent tomographic imaging of thick plume conduits in the lower mantle, when combined with plume buoyancy flux based

on hotspot swell topography, indicates a very high plume viscosity of 1021–1023 Pa s. This estimated plume viscosity is

comparable or may even be greater than the viscosity of the bulk lower mantle, the estimate of which ranges from 2�1021 to

1022 Pa s. Here I show that both very high viscosity and large radii of lower-mantle plumes can be simultaneously explained if

the temperature dependency of lower-mantle rheology is dominated by the grain size-dependent part of diffusion creep, i.e.,

hotter mantle has higher viscosity. Fluid-dynamical scaling laws of a thermal boundary layer suggest that the thickness and

topography of the DW discontinuity are consistent with such mantle rheology. This new kind of plume dynamics may also

explain why plumes appear to be fixed in space despite background mantle flow and why plume excess temperature is only up

to 200–300 K whereas the temperature difference at the core–mantle boundary is likely to exceed 1000 K.

D 2005 Elsevier B.V. All rights reserved.
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1. Introduction

Seismic imaging of deep mantle plumes has long

been considered as a daunting task [1] because plume

conduits are believed to be a narrow feature with a

radius of much less than 100 km [2,3] and the wave

front healing effect makes such a small-scale feature
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almost invisible [4]. Traditionally, the Rayleigh–

Taylor instability of a hot bottom boundary layer is

thought to produce the upwelling of a less viscous

plume through a more viscous overlying fluid.

Viscosity contrast between a plume and the ambient

mantle is typically assumed to be on the order of 102–

103, and this contrast results in the formation of a

large spherical head followed by a narrow conduit

(Fig. 1). It is thus quite surprising that a recent finite-

frequency tomography has resolved quite a few deep

mantle plumes with very large radii, typically ranging
etters 232 (2005) 29–37



a) Heff > 0 b) Heff < 0

Fig. 1. The different sign of the activation enthalpy results in

different plume morphology and dynamics [2,19,30]. (a) In the case

of positive activation enthalpy, a less viscous plume rises through a

more viscous fluid. A large spherical head forms followed by a

narrow plume conduit. (b) Negative activation enthalpy results in a

more viscous plume intruding in a less viscous fluid. Plume head

and tail have similar radii, and upwelling is more diffuse.
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from 200 to 400 km [5]. The lateral dimension of

those imaged plumes is one of the most reliable

features of the tomography. The reported radii are the

minimum estimate based on extensive resolution tests

(note: the tomographic images presented by [5]

generally show larger radii than these minimum

estimates because of blurring inherent in tomogra-

phy); if plume conduits are narrower, even finite-

frequency tomography could not image them.

Although it is sometimes claimed that recent dynamic

models exhibit similarly thick plumes [6], those

plumes with large radii result from the use of

temperature-independent viscosity and/or low Ray-

leigh number (i.e., very high mantle viscosity) in

numerical modeling. As I will demonstrate in the

following, thick plume conduits, whether created in

numerical models or imaged in seismic tomography,

imply a serious conflict with the surface observation

of plume flux, if dynamics is properly scaled to the

Earth’s mantle and if plume viscosity is assumed to be

lower than the surrounding mantle. The seismically

imaged thick conduits, if they are indeed a solid

feature as claimed by [5], may require a fundamental

rethinking of plume dynamics.
2. Plume buoyancy flux and plume radius

Plume buoyancy flux [7] provides a robust con-

straint on the flux of hot material brought to the near
surface by a plume. The buoyancy flux is calculated

from swell excess topography, absolute plate velocity,

and density contrast between mantle and seawater, all

of which are known with reasonable accuracy. Hawaii

has by far the largest buoyancy flux of 8700 kg s�1;

other hotspots mostly fall in the range of 1000–4000

kg s�1 [7]. These estimates are most likely the upper

bound for thermal buoyancy flux because not all of

swell topography can be attributed to the thermal

buoyancy of mantle plumes. Dynamic tomography

due to viscous stress [8] as well as compositional

buoyancy resulting from mantle melting [9] may

reduce the estimated flux. In addition, small-scale

convection may facilitate the thinning of lithosphere

[10], either independently of or coupled with plume

influx. It is important to note that this upper bound on

plume flux corresponds to the lower bound on plume

viscosity estimated in the following, thus making my

argument robust.

The plume buoyancy flux, ṀA, is related to the

plume heat flux, Q, as ṀA=aUQ/cp
U, where a is

thermal expansivity, cp is specific heat at constant

pressure, and the superscript U indicates the upper

mantle values appropriate for surface expression like

swell topography. Assuming steady state, buoyancy-

driven axisymmetric upwelling through a circular

conduit, then, the buoyancy flux of a plume and its

conduit radius (a) may be related as [3]:

ṀMA ¼
p aq0DTp
� �2

ga4

Alp

ð1Þ

where q0 is reference density, DTp, is the amplitude of

plume temperature anomaly, g is gravitational accel-

eration, and lp is centerline plume viscosity (much

lower than ambient viscosity, l0, owing to temper-

ature-dependent viscosity). In the numerical and

theoretical models of [3], linear exponential viscosity

is employed with a parabolic temperature distribution.

The total viscosity contrast is given by eul0/lp, and

Eq. (1) is valid only when eJ1 (e is typically 102–

103 in previous studies). The constant A is equal to (a/
aU)(cp

U/cp)(log(e))
2. The conduit radius is defined

here as the radius where the temperature anomaly is

one-half its centerline value [3], thus the radius a

covers the dominant part of the thermal halo. Note

that, because viscosity is much lower at the center of

the plume conduit, the mechanical conduit is much
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narrower than this thermal halo. What is most relevant

to seismic tomography is the thermal halo, and the

definition of the radius a here approximately corre-

sponds to the definition of plume radius adopted by

[5] (where seismic velocity anomaly drops less than

0.3%, corresponding to the temperature anomaly of

100 K in the lower mantle).

The most uncertain parameter here is plume

viscosity, which can vary by a few orders of

magnitudes; the uncertainty of other parameters is

less than a factor of two. This scaling law is compared

to the observed correlation between plume flux and

radius in Fig. 2, which suggests that plume viscosity is

likely to be greater than 1021 Pa s for most of deep-

mantle plumes and can be as high as 1023 Pa s in some

cases. In most of previous studies on plume dynamics,

plume viscosity has been assumed to be much lower,

typically around 1019 Pa s. With such a low viscosity,

the thick plume conduits as inferred from the finite-

frequency tomography would produce an unaccept-

ably high plume flux of 105–106 kg s�l because the

buoyancy flux by Poiseuille-type flow is proportional

to the fourth power of the conduit radius (Eq. (1)). As
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Fig. 2. Correlation of plume radius [5] and plume buoyancy flux [7].

Only plumes originating in the vicinity of the DW layer, as reported

by [5], are considered here, including three likely members (Hawaii,

Afar, and Reunion). Horizontal arrows are used to emphasize that

the reported radius is the minimum estimate. Curves denote the

prediction of Eq. (1) with mid-mantle values, a=10�5 K�l [38],

q0=5000 kg m�3 [39], g=10 m s�2, DTp=300 K, and plume

viscosity ranging from 1019 Pa s to 1023 Pa s. Following values are

used for the constant A; aU=3�10�5 K�1, cp
U/cp=1, and e=100.

Shaded region corresponds to the range of estimated lower-mantle

viscosity [11].
far as hotspot swells are regarded as the surface

expression of imaged mantle plumes, therefore, high

plume viscosity appears to be an inevitable geo-

dynamical interpretation of the tomography. One may

argue that plume flux may actually be highly time-

dependent and the assumption of steady-state dynam-

ics in Eq. (1) is inappropriate. It is highly unlikely,

however, that all of deep mantle plumes are synchro-

nously in a reduced flux state. Moreover, time-

dependent behavior (e.g., starting plume) tends to

give rise to greater flux than the steady state [6], so the

use of steady-state formula corresponds to the lower

bound on plume viscosity. It should be noted that,

with this approach, heat flux carried by mantle plumes

remains essentially the same as that estimated by

Sleep [7], i.e., ~2 TW. Although Montelli et al. [5]

argued that their tomographic image indicates much

larger plume heat flux than previously estimated,

seeing large radii does not readily imply high heat flux

because seismic image alone cannot constrain plume

rise velocities.

The inferred plume viscosity, 1021–1023 Pa s, is

comparable to or may exceed the viscosity of bulk

lower mantle (lLM), the estimate of which ranges

from 2�1021–1022 Pa s [11]. For the above assump-

tion of Poiseuille-type flow to be valid, plume must be

much less viscous than the surrounding mantle, which

acts as a rigid wall. This restriction to the classical

Poiseuille flow can be relaxed by considering a more

general case of buoyant axisymmetric upwelling, in

which a plume conduit with radius a and viscosity lp

is surrounded by a medium with radius b(Na) and

viscosity l0. Assuming lithostatic pressure gradient

and zero radial velocity, upwelling velocity may be

expressed as

U1 rð Þ ¼ Dqga2

4lp

1� r

a

� �2
� 2lnf

e

� �
0 V r V að Þ

ð2Þ

U2 rð Þ ¼ � Dqga2

2elp

ln
r

b

� �
a b r V bð Þ ð3Þ

where density difference between the plume and the

surrounding is denoted as Dq (uaq0DT0) and f=a/b.

The derivation of this solution is elementary; it can

easily be verified that the above velocity field satisfies

the Stokes equation with continuous velocity and
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traction at r=a and vanishing velocity at r=b.

Corresponding buoyancy flux is then

ṀMB ¼ p aq0DT0ð Þ2ga4
Blp

; ð4Þ

where

B ¼ a
aU

� � cUp

cp

 !
8e

e � 4lnf

	 

: ð5Þ

When the plume viscosity is comparable with the

ambient viscosity, e is on the order of 1. Since the

spacing of deep mantle plumes is typically on the

order of 1000–2000 km [5], a reasonable range for f

would be 0.2–0.5, which indicates that the scaling

factor B is smaller than A by one order of magnitude.

The estimate of plume viscosity based on the low-

viscosity Poiseuille flow assumption (Fig. 2) is

therefore the lower bound. Plume viscosity is likely

to be equal to or greater than the viscosity of the

ambient lower mantle, and there are in total three

reasons to make this inference robust: (1) Montelli et

al. [5] provide the lower bound on plume radius, (2)

Sleep [7] provides the upper bound on plume flux,

and (3) the assumption of steady-state Poiseuille-type

flow in Eq. (1) gives rise to the lower bound on plume

viscosity.
3. Hotter, stiffer plumes?

One way to understand the inferred relation

between the viscosities of plumes and of the

surrounding mantle is to assume that the effective

activation enthalpy is negative, i.e., hotter mantle

becomes more viscous. This may sound counter-

intuitive, but it has been suggested to be physically

plausible when mantle deformation is controlled by

diffusion creep [12]. Diffusion creep is very sensitive

to grain size, d, as well as temperature, T, as

l~dmexp Hd=RTð Þ; ð6Þ

where m is a constant (~3), Hd is the activation

enthalpy for diffusion creep, and R is the universal gas

constant. On the other hand, grains grow faster in a

hotter environment as indicated by

dn � dn0~texp � Hg=RT
� �

; ð7Þ
where n is a constant (typically around 2–3 [13]), d0 is

the initial grain size, t is time, and Hg is the activation

enthalpy for grain growth. The effective activation

enthalpy for grain size-sensitive diffusion creep is

therefore given by

Heff ¼ Hd �
m

n
Hg: ð8Þ

Although the number of experimental studies has

steadily been growing [14,15], the rheology of lower-

mantle minerals and their aggregates, including the

dynamics of grain growth, is yet to be known in details.

Solomatov [12,16] argues that the effective activation

enthalpy can take any value including negative. At this

point, therefore, it appears reasonable to take Heff as a

free parameter and to test if a non-positive activation

enthalpy can reproduce geophysical observations on

the basis of fluid-dynamical scaling laws.

The dynamics of a hot, bottom boundary layer with

a negative activation enthalpy is exactly the same as

that of a cold, top boundary layer with a positive

activation enthalpy. The latter has been studied

extensively in relation to small-scale convection in

the upper mantle [17–20]. Viscosity variation in the

bottom boundary layer may be described by the

following nondimensionalized Arrhenius form:

l4 ¼ exp
H4

T 4 þ T4
off

� H4

T4
off

	 

; ð9Þ

where H*=Heff /(RDT), Toff* NT0 /DT, DT is the tem-

perature contrast across the boundary layer (~1000–

2000 K [21]), and T0 is the mantle temperature right

above the boundary layer (~3000 K [22]). Viscosity is

normalized by lLM, the viscosity of the lower mantle

at T=T0. The normalized temperature, T*, varies from

0 (top) to 1 (bottom) in the boundary layer. To

measure the degree of temperature dependency, it is

convenient to introduce the Frank–Kamenetskii

parameter, r, which is defined as

r ¼ � dlogl4

dT 4

����
T4¼0

¼ � HeffDT

RT 2
0

: ð10Þ

An isoviscous case corresponds to r=0, and roughly

speaking, a nondimensional temperature change of

r�1 yields a change in viscosity by a factor of e.

Under the transformation from T* to 1�T*, the

problem of the bottom boundary layer becomes
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mathematically identical to that of the top boundary

layer. There are, however, two important differences.

First, the Arrhenius viscosity results in a sub-

exponential, rather than super-exponential, variation

of viscosity across the boundary layer. Second, the

high reference temperature gives rise to a weak

temperature sensitivity; with DT=1000 K, for exam-

ple, r is only ~4 even when Heff is as low as �300 kJ

mol�1 (cf. r~8 with DT=2000 K). For this small

range of r, it is important to take into account the

exact form of temperature dependency (e.g., Arrhe-

nius or exponential) for accurate evaluation of

convective instability [19].

The bottom thermal boundary layer grows as it

receives heat from the core and eventually starts to

convect when its local Rayleigh number exceeds a

critical value [19]. With a negative activation

enthalpy, the hottest part of the boundary layer does

not participate in this convective instability because of

its high viscosity. Only some top fraction of the

boundary layer, which is less viscous and thus mobile

enough, can delaminate and evolve into an upwelling

plume. This physics of the onset of convection, i.e.,

transition from infinitesimal perturbations to finite

amplitude convection, is most likely dominated by

diffusion creep. Non-Newtonian rheology cannot be

an efficient deformation mechanism because of its

virtually infinite effective viscosity at such transition.

With Hg of a few hundred kJ mol�1, the time scale

of grain growth is similar to that of boundary layer

growth; a slight delay in grain growth can be modeled

as an apparent increase in activation energy as shown

below. The grain growth equation (Eq. (7)) may be

arranged into a differential form:

d dm tð Þð Þ
dt

¼ De�Hg=RT; ð11Þ

where D is a scaling constant. When temperature T

changes from T0 to T0+DT by the growth of a thermal

boundary layer, one can integrate the above equation

to obtain the grain growth curve. Let us denote this

growth curve by d1 (t) and the time scale of this

temperature change by sd. On the other hand,

binstantaneousQ adjustment of grain size to the final

temperature T0+DT, which is implicit in my treatment

of the onset of convection, can be expressed as

d2 tð Þn � d2 0ð Þn ¼ Dte�Hg=R T0þDTð Þ: ð12Þ
When e�Hg/RT0 is negligible compared to e�Hg/R(T0 +DT),

difference between d1(t) and d2(t) can be approxi-

mated as

dn2 � dn1
dn2

f sd
2t

: ð13Þ

That is, when temperature change is just completed

(t=sd), d1 is about 70–80% of d2 (assuming n=2–3),

and this difference will gradually diminish as t

increases further. Since dn is proportional to e�Hg/RT,

this difference may be translated as an error in

activation energy, DH~RT log 2, which is only a few

percents of Hg.

The critical thickness of the boundary layer at the

onset of convection, the thickness of the mobile

sublayer, and the temperature drop across the sublayer

can all be predicted as a function of the Frank–

Karnenetskii parameter, on the basis of recently

developed scaling laws on convective instability

[19,20] (Fig. 3). Although similar scaling laws have

recently been published [23,24], the scaling law of

Korenaga and Jordan [19] is the only one that can

handle from constant viscosity to strongly temper-

ature-dependent viscosity as well as sub-exponential

temperature dependency, both of which are important

to the present problem as already noted. Such

predictions can be compared with the thickness of

the DW layer, its topography, and the excess temper-

ature of mantle plumes, respectively. The primary

sources of uncertainty in this prediction are the total

temperature difference across the boundary layer DT

and the reference lower-mantle viscosity lLM. The

viscosity and temperature contrasts in the delaminated

mobile sublayer are insensitive to the assumed

reference viscosity, whereas the boundary layer thick-

ness is affected by both parameters. I take DT=1000 K

and lLM=2�1021 Pa s as the standard case and show

the range of uncertainty by changing DT to 2000 K

and lLM to 1022 Pa s.

The temperature contrast in the mobile sublayer is

only a fraction of DT (Fig. 3b), and it can be used as

the upper bound on plume excess temperature. As

discussed later, this temperature contrast could further

decrease considerably during the ascent of a plume by

thermal diffusion. The partial delamination of the

boundary layer combined with subsequent diffusional

heat loss, therefore, may explain why the petrological

estimate of plume excess temperature is only 100–300
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Kamenetskii parameter j based on scaling laws of [19] with the

correction of 60% maximum viscosity as suggested by [20]. The
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q0=5500 kg m�3, g=10 m s�2, and j=10�6 m2 s�l. (a) Viscosity
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curves show the standard case (lLM=2�1021 Pa s and DT=1000 K).
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K [25], whereas the temperature contrast expected at

the core–mantle boundary is on the order of 1000 K.

Farnetani [26] attempted to resolve this apparent

paradox by introducing a dense chemical layer above

the core–mantle boundary, which tends to suppress

the convective instability of the thermal boundary

layer. Although there are ample evidence for a

chemically heterogeneous lowermost mantle [27,28],

the material properties of such heterogeneity are still

uncertain and the range of possible dynamics is quite

large [29]. Even if chemical heterogeneity does not

play the required dynamical role, however, the present

study suggests that the temperature paradox may also

be resolved by a negative activation enthalpy.
The thicknesses of the boundary layer at and after

the onset of convective instability are on the order of a

few hundred kilometers for a range of r (Fig. 3c),

which compares well with the thickness of the DW
layer [27]. After the onset of convection, the boundary

layer thickness is reduced by the delamination of the

mobile sublayer. Thus, if the DW layer is a thermal

boundary layer, its variation in thickness is essentially

determined by the thickness of the mobile sublayer.

Fig. 3c shows that the thickness of the mobile part is

~100–200 km, which is comparable with the top-

ography of the DW discontinuity [28]. Furthermore,

the wavelength of the most unstable perturbation can

also be predicted based on the theory of the Rayleigh–

Taylor instability [30], using the above predicted

feature of the mobile sublayer. The predicted wave-

length of ~1000–2000 km (Fig. 3d) is in accord with

the spacing of seismically imaged mantle plumes at

the core–mantle boundary [5]. Given the uncertainty

involved in DT and lLM, it is difficult to narrow down

the likely range of r with confidence. Even the case of

r=0 (zero activation enthalpy) is possible with higher

lLM and lower DT (Fig. 3); the lower mantle could be

nearly isoviscous regardless of temperature variations.
4. Discussion and conclusion

The morphology of seismically imaged plumes,

including those which have not reached the surface

yet [5], appears to be more similar to viscous plumes

intruding less viscous fluid than to less viscous

plumes intruding more viscous fluid (see Fig. 1 of

[30]). Although fast-moving spherical plume heads

are often invoked to explain the formation of large

igneous provinces [2], such geological inference

remains speculative. Indeed, the origin of continental

breakup magmatism, for example, does not seem to

be consistent with the notion of a plume head

impact; a recent study suggests that such massive

magmatism may be better explained by intrinsic

chemical anomalies in the mantle [31]. Since average

upwelling velocity is given by Ṁ/(pa2DqU), a larger

plume radius means slower upwelling. For the 12

deep plumes considered here, average Ṁ is ~2000 kg

s�1 [7] and average radius is ~300 km, which

translates to a typical upwelling velocity of ~1 cm

yr�1. Thus, it may take ~300 m.y. for a plume to
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travel from the core–mantle boundary to the surface,

so the effect of thermal diffusion is obviously a

concern. An appropriate diffusion time scale is

sd=r0
2/(4j) [32], where j is thermal diffusivity and

r0 is the initial plume radius at the base of the

mantle. Over this time scale, the center temperature

of a plume decreases by a factor of 2, whereas the

plume radius could increase by a factor of up to
ffiffiffi
2

p
,

depending on how the ambient mantle interacts with

this slowly moving plume. For r0=200–300 km,

sd~300–700 m.y., which is comparable with the time

scale of plume ascent. Thus, plume excess temper-

ature is likely to be in the range of 100–300 K if

DT~1000 K; that is, for the temperature difference of

1000 K at the core–mantle boundary, only 200–600

K can be incorporated into convective upwelling

because of a hot and stiff boundary layer (Fig. 3b),

and then because of slow upwelling, the excess

temperature further reduces by a factor of 2 owing to

thermal diffusion. Thanks to a large radius, a plume

would not diffuse away although it rises very slowly.

Another concern is how to explain the spatial fixity

of such slow-moving plumes since many hotspots

appear to be more or less fixed in the absolute plate

motion frame [33,34]. A negative activation enthalpy

offers two mechanisms that could potentially explain

the stability of upwelling plumes. First of all, the

lower portion of the DW layer is more viscous than the

bulk lower mantle, so the topography of the DW layer,

once formed by the formation of upwelling plumes,

tends to remain intact. This topography may serve to

anchor the location of upwelling. Although stress is

generally high in the boundary layer, negligible strain

rate (at least initially owing to large grain sizes) may

inhibit transition to dislocation creep, the activation of

which requires some critical finite strain. Second,

when plume viscosity is comparable with the ambient

viscosity, the surrounding mantle, which itself has no

thermal buoyancy, is strongly dragged by buoyant

pipe flow (Eqs. (2) and (3)). The ratio of volume flux

in the surrounding mantle with respect to the internal

plume flux is given by

F2

F1

¼ 2 1� f 2 þ 2f 2lnfð Þ
f 2 e � lnfð Þ : ð14Þ

Note that only F1 is associated with positive temper-

ature anomaly and thus can be observed by swell
topography (Ṁ =F1DqU). For e~1 and f=0.2–0.5, the

total upwelling volume (F1+F2) is larger than F1 by a

factor of ~2–6 (Eq. (14)). The sum of the twelve

plume volume fluxes is ~1300 m3 s�1, so the total

upwelling flux can be up to 2600–7800 m3 s�l, which

would then constitute a considerable fraction of

bminimumQ mantle return flow corresponding to plate

subduction (~8000 m3 s�1 assuming average 75-km-

thick slab [35]; slab entrainment could substantially

increase material influx by subduction, but how much

is highly model-dependent). Background mantle

circulation, often called mantle wind, may thus be

weak in the first place and have little influence on

plume ascent in the lower mantle.

Firm mantle plumes indicate small lateral variation

in viscosity, thus radially symmetric viscosity usually

assumed in the theoretical prediction of Earth’s geoid

may not be a poor approximation after all. When the

lower mantle is more viscous than the upper mantle, it

is possible to have a positive geoid response for

positive density anomaly in the upper mantle as well

as negative density anomaly in the lower mantle [36].

This may explain the general presence of geoid highs

above subducted slabs and hotspots. Future efforts on

interpreting hotspot geoid signature in light of this

new plume dynamics may provide valuable observa-

tional constraints.

In this study, the treatment of lower-mantle

rheology is designed to be simple to focus on the

role of a negative activation enthalpy in boundary

layer dynamics. Neglecting the t factor in Eq. (7) is

probably a reasonable approximation because the time

scale of convection in the lower mantle is similar to

that of the growth of the DW layer (a few hundred

million years); the viscosity of the ambient lower

mantle should be lower than that of the hot core–

mantle boundary region as far as diffusion creep is

concerned. Realistic mantle rheology is of course

expected to be more complex, involving both diffu-

sion and dislocation creep [37]. Strong seismic

anisotropy inferred near the core–mantle boundary

[27,28] may result from dislocation creep of subduct-

ing slabs. On the other hand, the majority of the lower

mantle is almost completely isotropic, which suggests

the dominant deformation mechanism of diffusion

creep. Lower-mantle rheology may always stay close

to the transition between dislocation and diffusion

creep, although it may be implausible to expect
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dislocation creep in a hot stagnant lid at the bottom of

the mantle because of diminishing strain rate there.

Fully dynamic calculations properly incorporating

the microscopic physics of grain growth are much

desired to explore the possible rheological states of

the lower mantle. Such study should also be able to

address the fate of a deep-mantle plume entering the

upper mantle. It remains to be seen how plume flux

in the upper mantle is regulated by deep-mantle

dynamics.
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