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a b s t r a c t
The origin of plate tectonics is one of the most fundamental issues in earth and planetary sciences.
Laboratory experiments indicate that the viscosity of silicate rocks is so strongly temperature-dependent
that the entire surface of the Earth should be one immobile rigid plate. The rheology of oceanic
lithosphere is, however, still poorly understood, and there exist few constraints on the temperature
dependency of viscosity on the ﬁeld scale. Here we report a new kind of observational constraint
based on the geoid along oceanic fracture zones. We identify a large number of conspicuous small-scale
geoid anomalies, which cannot be explained by the standard evolution model of oceanic lithosphere,
and estimate their source density perturbations using a new Bayesian inversion method. Our results
suggest that they are caused most likely by small-scale convection involving temperature perturbations
of ∼300 K ± 100 K. Such thermal contrast requires the activation energy of mantle viscosity to be as
low as 100 ± 50 kJ mol−1 in case of diffusion creep, and 225 ± 112 kJ mol−1 in case of dislocation creep,
substantially reducing the thickness of the stiffest part of oceanic lithosphere. Oceanic lithosphere may
thus be broken and bent much more easily than previously thought, facilitating the operation of plate
tectonics.
© 2016 Elsevier B.V. All rights reserved.

1. Introduction
The rheology of oceanic lithosphere plays a major role in
the operation of plate tectonics, a phenomenon only observed
on our planet and still considered enigmatic (Bercovici et al.,
2000; Tackley, 2000; Schubert et al., 2001). Oceanic lithosphere,
which is the top boundary layer of mantle convection, is generally thought to be very stiff, and thus diﬃcult to break or
bend. The Earth’s mantle is composed of silicate rocks, whose viscosity is strongly temperature-dependent (Karato and Wu, 1993;
Hirth and Kohlstedt, 2003). This dependency is quantiﬁed by
the activation energy, which is usually estimated to range from
240–375 kJ mol−1 (diffusion creep) to 470–510 kJ mol−1 (dislocation creep) for the upper mantle in wet and dry conditions
respectively, based on the deformation experiments of olivine aggregates (Mei and Kohlstedt, 2000a, 2000b; Karato and Jung, 2003;
Hirth and Kohlstedt, 2003). With this value, the bulk of the oceanic
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lithosphere is too stiff to become convectively unstable, prohibiting
the initiation of subduction (Solomatov, 1995). In order to generate
plate tectonics, therefore, some additional mechanism is required
to compensate temperature-dependent viscosity, but what this
mechanism could be is still unresolved (Bercovici, 2003; Korenaga,
2013). So far proposed mechanisms include the feedback between
shear localization and grain size evolution (Kameyama et al., 1997;
Braun et al., 1999; Landuyt et al., 2008), the pre-existing zone of
weakness such an oceanic fracture zone (Toth and Gurnis, 1998;
Hall et al., 2003; Gurnis et al., 2004), the higher water content of
oceanic lithosphere (e.g. Regenauer-Lieb et al., 2001), hydration by
thermal cracking (Korenaga, 2007), and rheological weakening by
a secondary orthopyroxene phase (Farla et al., 2013).
Observational constraints on the temperature dependency of
viscosity have been diﬃcult to establish. The geodynamic study
of seamount loading history suggests the activation energy of
120 kJ mol−1 for diffusion creep (Watts and Zhong, 2000), but
this is usually thought to represent the temperature dependency
of the Peierls mechanism (Goetze and Evans, 1979), not that of
high-temperature creep. The Peierls mechanism can operate only
under low temperatures and very high stresses (>100 MPa), so
it is not relevant to the destabilization of oceanic lithosphere by
low convective stresses, which is often believed to be critical for
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Fig. 1. Age map of the Paciﬁc ocean ﬂoor (Müller et al., 2008). Black boxes represent
the study areas and red lines denote plate boundaries. EPR: East Paciﬁc Rise, PAR:
Paciﬁc-Antarctic Rise and FZ: Fracture Zone. (For interpretation of the references to
color in this ﬁgure, the reader is referred to the web version of this article.)

the initiation of subduction (Solomatov, 2004). The seismically derived thermal structure of the Paciﬁc lithosphere, which deviates
from the standard cooling model, may also constrain the activation
energy (Ritzwoller et al., 2004). The lithospheric seismic structure
can be explained with thermo-mechanical erosion by convective
instabilities with either diffusion creep with the activation energy
of ∼120 kJ mol−1 or dislocation creep with the activation energy
of 360–540 kJ mol−1 (van Hunen et al., 2005). As pointed out by
Korenaga and Korenaga (2008), however, the old Paciﬁc seaﬂoor
under which lithospheric thinning is inferred, is heavily populated with hotspot islands and oceanic plateaus, and it is not clear
whether the thinning is due to intrinsic convective instabilities.
Here we show that a new kind of observational constraint on the
activation energy of high-temperature creep can be extracted from
the subtle signatures of the geoid along oceanic fracture zones.
A recent study of regional geoid anomalies along the Mendocino
fracture zone indicates the occurrence of small-scale convective instabilities (Cadio and Korenaga, 2014). Because the amplitude of
involved temperature variations can be related to the activation
energy, we analyze four major fracture zones in the Paciﬁc (Fig. 1)
and provide a new observational constraint on activation energy,
by establishing the characteristic amplitude of temperature variations associated with small-scale convection.
2. Data analysis and inversion
Oceanic lithosphere gradually cools and thickens as seaﬂoor
ages (Turcotte and Schubert, 2002). Consequently, a fracture zone,
which juxtaposes two lithospheric segments of different ages (and
thus of different thicknesses), produces lateral density variations
detectable in geoid signal (Crough, 1979). Such variations in the
thermal structure of oceanic lithosphere could also give rise to
convective instabilities at its base (Huang et al., 2003; Dumoulin
et al., 2008). This geodynamic process yields an additional geoid
component, based on which we can constrain the nature of instabilities. To isolate this additional convective component, we ﬁrst
estimate the geoid contribution of lithospheric cooling from the
half-space cooling model (HSC), which linearly relates the thickness of oceanic lithosphere with the square root of seaﬂoor age
(Turcotte and Oxburgh, 1967). To that aim, we use the 3D numerical model of oceanic lithosphere developed by Cadio and Korenaga
(2012) in order to take into account both vertical and lateral density variations across the fracture zone. An analytical solution for

a theoretical geoid exists for the half-space cooling (HSC) model
(Haxby and Turcotte, 1978), but it ignores any lateral density
perturbations, which is inappropriate especially when considering
geoid signals around a fracture zone. Our model of lithosphere, assumed in local isostatic equilibrium, is composed of an array of
constant density prisms, for which the density and location are
coupled to temperature variations predicted by the HSC model. The
values of thermal parameters used in the theoretical calculation
are given by Cadio and Korenaga (2012). A geoid signal in every
surface point of the model space is calculated by adding contributions from all individual prisms. Among standard evolution models,
the HSC model predicts the greatest geoid contribution for old
seaﬂoor (Haxby and Turcotte, 1978) and thus gives us the minimal
amplitude of residual signals after correction for cooling. Consequently, density contrasts and thermal variations derived from our
study can be seen as lower bounds.
The identiﬁcation of the cooling component in the total geoid
is considerably improved here by using the continuous wavelet
transform (Cadio and Korenaga, 2014). Such analysis provides a detailed description of signals both in spatial and spectral domains,
and thus highlights the signal components at each scale and position. We use spherical Poisson multipole wavelets that are particularly well suited to analyze potential ﬁelds (Holschneider et al.,
2003). The simultaneous analysis of the EGM2008 geoid (Pavlis et
al., 2008) and theoretical geoid in the wavelet domain, at scales
varying from 100 to 500 km, shows that the characteristic scale
of cooling process in the vicinity of fracture zones is ∼100 km.
This estimate is relevant because the expected depths of density
sources range from the surface to about 100–150 km, which corresponds to the depth extent of oceanic lithosphere.
We apply this approach to four major fracture zones in the Paciﬁc: Mendocino, Clarion, Murray, and Eltanin (Fig. 1). Because of
their large age offsets, they display signiﬁcant geoid signals and
are optimal place to initiate convective instabilities. The location
and the geometry of these fracture zones also allow us to identify a large number of residual geoid anomalies, covering seaﬂoor
as old as 100 Ma (Figs. 1–2 and Figs. S1–S3). We focus only on
anomalies localized at 100 km scale, and those satisfying the following two criteria (Cadio and Korenaga, 2014): (1) they are not
correlated with any topographic structure (Figs. 2 and S1–S3) and
(2) their spectral content indicates an extremum at 100 km scale,
ensuring that this spatial scale is characteristic of a signal under consideration (Fig. S4). With this screening, localized residual
geoid anomalies may safely be regarded to originate in perturbations to the density structure of normal oceanic lithosphere, not
in dynamic or ﬂexural topography. If the lithosphere is treated as
purely elastic and the fracture zone behaves as a locked fault, for
example, differential subsidence across the fracture zone could indeed deﬂect the lithosphere, producing a ridge on the younger
side and a trough on the older side (Sandwell and Schubert, 1982;
Sandwell, 1984). Flexural deformation could contribute to geoid
anomalies, but such anomalies would be correlated with ﬂexural
topography. Furthermore, the residual geoid anomalies are corrected for locally compensated residual topography assuming Airy
compensation (Haxby and Turcotte, 1978), so the crustal contribution to the residual anomalies is minimized. After subtracting this
isostatic geoid, we invert the residual anomalies for the statistical
distribution of their source density perturbations.
Our inversion method is based on Bayesian statistics and is
implemented by combining forward modeling with Markov chain
Monte Carlo sampling (Cadio and Korenaga, 2014). We approximate each density perturbation as a right rectangular prism and
calculate its geoid signature in a static Earth’s mantle by solving the Poisson’s equation (e.g. Nagy et al., 2000). We do not
account the geoid contribution of the surface topographic deformation potentially induced by the presence of such density per-
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Fig. 2. Selection of geoid anomalies along the Mendocino fracture zone. (A) Localized geoid anomalies at 100 km scale, (B) residual localized geoid anomalies at 100 km
scale after correcting for lithospheric cooling and topography, (C) coherence between residual geoid and topography after correcting for lithospheric cooling, and (D) residual
geoid anomalies with coherence masking. The location for which the correlation between geoid and topography anomalies is high (>0.5) is masked as 0. The correlation
is calculated in each point of the study area following the wavelet method developed in Cadio et al. (2012). Each value of the local coherence is obtained from the geoid
and topography wavelet coeﬃcients over a window, the width of which is twice the scale of the wavelet. The signiﬁcance of the local coherence in the 95% conﬁdence limit
is 0.67. By including the effect of the measurement noise on the coherence (Cadio et al., 2012), we thus consider that the geoid and the topography are correlated if the
coherence is greater than the lower bound of 0.5. The numbers indicate chosen targets for inversion. Solid lines indicate the locations of the fracture zone.

Fig. 3. Distribution of density anomalies along the Mendocino and Clarion fracture zones. (Top) Horizontal cross sections at 100 km depth of the mean density derived from
inversions for localized geoid anomalies. (Bottom) Vertical cross sections located along transects shown in the above. Solid lines represent the bottom of thermal lithosphere
(as deﬁned by the 1320 ◦ C isotherm) based on the half-space cooling model, and dash lines are other isotherms. The locations of fracture zones (MFZ for Mendocino and CFZ
for Clarion) are indicated by vertical lines.

turbation. At 100 km scale, the strength of the lithosphere suppresses a signiﬁcant amount of dynamic topography signal for
a mean elastic thickness greater than 20 km (McKenzie, 2010;
Watts et al., 2013). Moreover, we only consider the residual geoid
anomalies without correlated topographic signatures. By assuming
a simple source body, the number of model parameters is limited to six: the average density of a prism, its lateral and vertical
extents, its depth, and its orientation. To be consistent with the
residual geoid anomalies to be modeled, theoretical geoid anomalies are also passed through the wavelet transform with the scale
of 100 km. The inherent nonuniqueness of such inversion is thus
substantially reduced (1) by using spectral localization through
the continuous wavelet transform that provides constraints on the
depth location and size of sources, and (2) by a priori bounds
on the amplitude of density perturbations expected within the
convecting mantle (Cadio and Korenaga, 2014). A Markov chain
Monte Carlo procedure, with the Metropolis–Hastings algorithm,
is then used to eﬃciently explore the model space and retain the

high-probability solutions. The different steps of calculations are
detailed in Cadio and Korenaga (2014).
3. Results
Following our criteria, 95 local geoid anomalies are identiﬁed
along the four fracture zones (Figs. 2 and S1–S3). The solutions
of our inversions are distributed over the six-dimensional model
space. To better visualize them, we translate the model space
into the corresponding three-dimensional physical space and calculate the mean density distribution in each point for all of inverted geoid anomalies. Fig. 3 illustrates the results obtained for
the Mendocino and Clarion fracture zones. The results for other
fracture zones are given in Fig. S6. The cross-sections at 100 km
depth show the distribution of density perturbations along fracture
zones, and their vertical extents are closely related to the structure
of the lowermost lithosphere. The base of thermal lithosphere (deﬁned at which the temperature reaches the 99% of internal temperature) predicted from the HSC model is also shown as a solid curve
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Fig. 4. Mean density contrasts estimated from individual geoid anomalies as a function of seaﬂoor age, for the four fracture zones. The corresponding thermal contrasts are shown on the right. Error bars represent one standard deviation (see
Tables S1–S4).

in each panel. Both positive and negative anomalies are located in
the vicinity of the base of thermal lithosphere. As a natural result of spectral localization, the horizontal wavelength of inferred
density perturbations is also on the order of 100 km, which is still
below the resolution of the latest generation of global surface wave
tomography (e.g., Schaeffer and Lebedev, 2013). Our approach beneﬁts from the high spatial resolution of the geoid data.
Fig. S5 shows that the lower bound of density perturbations Z2
is a well-constrained parameter, the solutions of inversions being
clustered around a speciﬁc value corresponding to the lowermost
lithosphere. The upper bound Z1 is less well deﬁned because of
its trade-off with the density contrast (Cadio and Korenaga, 2014).
As expected from potential ﬁeld theory, the amplitude of a geoid
anomaly is inversely proportional to the depth of the source density anomaly. In order to counteract such signal attenuation with
the source depth, |ρ | linearly increases with Z1 in the inversion.
However, another high correlation exists between Z1 and Z2 so that
the most likely solutions for the upper bound are distributed in the
lower half of oceanic lithosphere.
The mean density contrast and its uncertainty computed for
each geoid anomaly (Tables S1–S4) is shown in Fig. 4 as a function of seaﬂoor age and in Fig. S7 as a function of age offset across
fracture zone. The mean amplitude is about 30 ± 10 kg m−3 for
the positive anomalies and about −30 ± 10 kg m−3 for the negative anomalies. These values are remarkably consistent irrespective
of seaﬂoor age and age offsets, for all of the four fracture zones analyzed. This magnitude of density perturbation should be regarded
as a lower bound, not only because we use the HSC model as a reference, but also because we place a priori bounds of ±50 kg m−3
in our inversion (Cadio and Korenaga, 2014). We also note that it is
more diﬃcult to ﬁnd solutions with density perturbations smaller
than ±20 kg m−3 (Fig. S5) and thus with Z1 in the uppermost
lithosphere.
4. Discussion
Density perturbations in oceanic lithosphere can be related to
(1) lateral compositional differences triggered by alteration reactions/dehydration or (2) temperature variations. Alteration effects
such as serpentinization are prominent only above the 600 ◦ C
isotherm (Ulmer and Trommsdorff, 1995) and would thus be conﬁned to the upper part of the lithosphere. The location and geometry of these density anomalies thus seem to be most con-

sistent with the occurrence of thermal convective instabilities
at the base of oceanic lithosphere. Small-scale convection (SSC)
could develop beneath old seaﬂoor by gravitational instabilities
of the thickened cold lithosphere but also under young seaﬂoor
if mantle viscosity is low enough (Buck and Parmentier, 1986;
Korenaga and Jordan, 2003) or there exists lateral thermal variation due to a fracture zone (Huang et al., 2003; Dumoulin et
al., 2008). At the onset, the typical wavelength of SSC in numerical simulations (Huang et al., 2003; van Hunen et al., 2005;
Dumoulin et al., 2008) is around 200 km, which is in agreement
with the spatial organization of density anomalies derived from
our inversion.
When convective instabilities take place, cold downwellings
lead to the local thickening of lithosphere, resulting in positive
density perturbations. Conversely, hot upwellings induce the thinning of lithosphere by delamination, resulting in the partial replacement of lithosphere with hot asthenospheric material, which
leads to negative density perturbations. According to numerical
predictions (Huang et al., 2003; Dumoulin et al., 2008), the cold
downwellings are located near the fracture zone but are slightly
shifted to its older side. Such positive density perturbations can be
seen on the older side along the four fracture zones investigated
here (Figs. 3 and S6). The upwellings tend to develop below the
younger lithosphere and this prediction is also generally compatible with the locations of the observed negative density anomalies.
Also, edge-driven ﬂow across a fracture zone can thermally erode
the basal relief of the lithosphere (Dumoulin et al., 2008) and deviate the lithospheric thickness step toward the older side of the
fracture zone. Consequently, low-density perturbations can be also
observed below the fracture zone on the older side. The discontinuous pattern of density perturbations is also in agreement with
the time-dependent nature of convective instabilities.
Assuming such a purely thermal origin, a density anomaly can
be converted to a temperature anomaly through the thermal expansion coeﬃcient, for which 3 × 10−5 K is assumed in this study.
The corresponding thermal contrasts are indicated in Fig. 4. The
amplitude of density anomalies derived from our inversion requires mean temperature variations of as large as 300 ± 100 K. This
temperature contrast is also consistent with the vertical extent of
density perturbations, which indicates the erosion of lithosphere
up to the isotherm of ∼1000 ◦ C (Fig. 3 and Fig. S6); the delamination of lithospheric mantle with temperatures from 1300 ◦ C to
1000 ◦ C can explain both the amplitude of density anomalies and
their depth extents. SSC disrupts the thermal and compositional
stratiﬁcation of the uppermost mantle and can thus induce melting. The positive thermal anomalies in SSC upwellings are usually insuﬃcient to trigger melting in a depleted harzburgite layer,
which already experienced mid-ocean ridges melting. However,
immediately after its onset, SSC removes this depleted layer in
downgoing sheets and replaces it with a fresh mantle from below,
allowing subsequent melting. With normal potential temperature
(i.e., ∼1350 ◦ C), upwelling mantle exceeds its dry solidus at the
depth of 70 km and starts to melt (e.g., Langmuir et al., 1992).
Our inversion results suggest (Fig. 3 and Fig. S6) that lithosphere
may be thinned down to ∼50 km at some places. The vertical
extent for partial melting is thus only 20 km, for which the average degree of partial melting would be 2–3%. The total amount
of melt that could be produced depends on the pattern of mantle
ﬂow associated with lithospheric thinning. Melt migration through
the rest of lithosphere may not be very eﬃcient because, unlike
a mantle plume, upwelling due to lithospheric thinning is a onetime event. Consequently, melt generated by thinning could largely
fail to reach the surface owing to its thermal interaction with cold
lithosphere (Yamamoto et al., 2014).
The amplitude of temperature perturbation caused by SSC
can be directly related to the rheology of oceanic lithosphere.
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With the assumption of Newtonian rheology (diffusion creep),
when the activation energy is ∼375 kJ mol−1 as determined from
laboratory studies on dry olivine (Mei and Kohlstedt, 2000a;
Hirth and Kohlstedt, 2003), only the very bottom of lithosphere
can delaminate, and the expected amplitude of temperature variations in SSC is only ∼100 K (Korenaga and Jordan, 2002; 2004).
To explain the amplitude of as high as 300 ± 100 K, the activation
energy must be lowered to ∼100 ± 50 kJ mol−1 . Although diffusion creep should dominate for the onset of SSC (e.g., Korenaga
and Jordan, 2002), the steep lateral thermal gradient across the
fracture zone could trigger dislocation creep from the beginning. For some geodynamical problems, non-Newtonian rheology
(dislocation creep) may be approximated with Newtonian rheology (Christensen, 1984; Solomatov and Moresi, 2000). Using
the scaling of Solomatov and Moresi, an activation energy of
100 ± 50 kJ mol−1 for diffusion creep is equivalent to an activation energy of 225 ± 112 kJ mol−1 for dislocation creep (with the
stress exponent of 3.5).
Such activation energy is too low to be consistent with the
rheology of olivine aggregates (Karato and Wu, 1993; Hirth and
Kohlstedt, 2003; Korenaga and Karato, 2008). Our new estimate
of the activation energy thus implies that the rheology of oceanic
lithosphere is not well represented by that of pure olivine aggregates. In fact, a recent laboratory experiment suggests that the
presence of a secondary phase such as orthopyroxene is important for rheological weakening (Farla et al., 2013), and our estimate of ∼100 ± 50 kJ mol−1 (or 225 ± 112 kJ mol−1 for dislocation creep) may represent the ‘effective’ activation energy for
such polymineralic aggregates. Whereas the results of our geoid
inversion themselves do not distinguish between diffusion and dislocation creep, we suspect that dislocation creep would be more
appropriate to explain the inferred occurrence of SSC around the
fracture zones. If the activation energy of diffusion creep were indeed as low as 100 kJ mol−1 , the growth of oceanic lithosphere
would be severely limited because SSC could take place from inﬁnitesimal perturbations. The onset of SSC with dislocation creep,
however, requires ﬁnite initial amplitude (e.g., Solomatov and Barr,
2007) and thus special conditions, such as fracture zone heterogeneities and plume impingements. This can also be understood
from Fig. 5; effective viscosity for dislocation creep would be too
high to initiate SSC when the stress level is low. This selective
occurrence of SSC by dislocation creep has also been suggested
by the analysis of the depth-age relation of seaﬂoor (Korenaga,
2015). In other words, the activation energy for diffusion creep is
probably still around 300 kJ mol−1 , but that for dislocation creep
may be as low as ∼200 kJ mol−1 . The evolution of normal oceanic
lithosphere would be governed by the former, but when the lithosphere is subject to high stresses, the latter becomes relevant.
Though the low activation energy alone is insuﬃcient to prevent
stagnant-lid convection (Solomatov, 1995), the thickness of the
stiffest core of the lithosphere, represented by the region with high
yield stress (> a few hundred MPa), would be considerably reduced (Fig. 5). It is thus worth exploring the impact of this low
activation energy on the initiation of plate tectonics, in combination with other weakening mechanisms. The stiffest core seen in
Fig. 5, for example, is restricted to the low-temperature domain
(<500 ◦ C), where thermal cracking is most effective (Korenaga,
2007). Composite rheology, i.e., the combination of diffusion and
dislocation creep, has often been considered in geodynamical modeling (e.g., van Hunen et al., 2005), but given that even the rheology of olivine, which is undoubtedly best understood among
mantle minerals, suffers from considerable uncertainty (Korenaga
and Karato, 2008; Mullet et al., 2015), existing numerical studies
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Fig. 5. Strength of oceanic lithosphere. (Left) temperature proﬁle, (middle) effective
viscosity, and (right) yield stress with the strain rate of 10−15 s−1 . The temperature proﬁle is calculated using the standard half-space cooling solution (Turcotte
and Schubert, 2002) with the temperature difference of 1350 K and the thermal
diffusivity of 10−6 m2 s−1 . Here mantle viscosity is assumed to be in the form of
η( T ) ∝ σ 1−n exp( E / R T ), where σ is stress, n is stress exponent, E is activation energy, and R is the universal gas constant. Viscosity is scaled so that it takes the
reference viscosity of 1020 Pa s at T = 1573 K; taking the reference at this temperature is appropriate given that the deformation experiments of olivine aggregates
are conducted at 1450–1600 K (Fig. 3 of Korenaga and Karato, 2008). The cases of
diffusion creep (n = 1) and dislocation creep (n = 3.5) are shown. Effective viscosity
for dislocation creep depends on stress, and the stress of 1 MPa is used as the reference stress here. The upper panels are for 30-Ma-old lithosphere, and the lower
panels for 60-Ma-old lithosphere. In the middle and right panels, the case of diffusion creep with E of 300 kJ mol−1 is shown in black, and the cases of dislocation
creep with E of 500 kJ mol−1 and 225 kJ mol−1 are shown in blue and red, respectively. Shown in dashed lines in the middle panel are the cases of dislocation creep
with the stress of 0.1 MPa. In the right panel, the yield stress corresponding to brittle deformation is shown in dashed gray line. (For interpretation of the references
to color in this ﬁgure, the reader is referred to the web version of this article.)

have explored only a very small fraction of the model parameter
space. Our study provides a new kind of observational constraint
on the macroscopic strength of oceanic lithosphere, which should
prove important for future modeling studies with composite rheology.
Our inference on mantle rheology may also be extended to
the dynamics of continental lithosphere. The subcontinental lithospheric mantle has more complex histories than the oceanic counterpart, exhibiting a greater range of depletion (e.g., Boyd, 1989)
and a variety of metasomatic processes (e.g., Kelemen et al., 1998),
so the direct application of our ﬁnding would be limited. Nonetheless, the possibility of substantial lithospheric delamination by low
activation energy would still be important when considering the
long-term stability of continental lithosphere (e.g., O’Reilly et al.,
2001; West et al., 2009). Future studies on the role of composite
rheology in the dynamics of continental lithosphere are warranted,
especially with consideration of the uncertainty of rheological parameters (e.g., Chu and Korenaga, 2012).
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