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ABSTRACT

Variations in the warm water volume (WWV) of the equatorial Pacific Ocean are considered a key element

of the dynamics of the El Niño–Southern Oscillation (ENSO) phenomenon. WWV, a proxy for the upper-

ocean heat content, is usually defined as the volume of water with temperatures greater than 208C. It has been

suggested that the observed variations in WWV are controlled by interplay among meridional, zonal, and

vertical transports (with vertical transports typically calculated as the residual of temporal changes in WWV

and the horizontal transport divergence). Here, the output from a high-resolution ocean model is used to

calculate the zonal and meridional transports and conduct a comprehensive analysis of the mass balance

above the 25 kg m23 su surface (approximating the 208C isotherm). In contrast to some earlier studies, the

authors found that on ENSO time scales variations in the diapycnal transport across the 25 kg m23 isopycnal

are small in the eastern Pacific and negligible in the western and central Pacific. In previous observational

studies, the horizontal transports were estimated using Ekman and geostrophic dynamics; errors in these

approximations were unavoidably folded into the estimates of the diapycnal transport. Here, the accuracy of

such estimates is assessed by recalculating mass budgets using the model output at a spatial resolution similar

to that of the observations. The authors show that errors in lateral transports can be of the same order of

magnitude as the diapycnal transport itself. Further, the rate of change of WWV correlates well with wind

stress curl (a driver of meridional transport). This relationship is explored using an extended version of the

Sverdrup balance, and it is shown that the two are correlated because they both have the ENSO signal and not

because changes in WWV are solely attributable to the wind stress curl.

1. Background

One of the leading paradigms for the El Niño Southern–

Oscillation phenomenon is the recharge–discharge os-

cillator (Jin 1997; Meinen and McPhaden 2000; Jin and

An 1999). This description of ENSO is based on the

zonal redistribution of water along the equator associ-

ated with El Niño and La Niña, and a recharge and

discharge of warm water in the equatorial Pacific pre-

ceding each event. The recharge and discharge can be

measured as variations in the volume of water warmer

than 208C, also known as warm water volume (WWV).

The recharge of the WWV occurs approximately six

months to one year in advance of an El Niño event, and

potentially could be used as a predictive tool.

Prior to an El Niño event, the equatorial Pacific re-

charges with warm water, increasing the mean depth of

the thermocline along the equator and preconditioning

the ocean for an El Niño event to occur. Initially, the

buildup of warm water tends to take place over the central-

western part of the Pacific (Meinen and McPhaden 2000,

2001, hereafter MM01). During the El Niño event the

warm water is advected to the eastern part of the basin,

deepening the thermocline in the east, and therefore re-

sulting in a flatter thermocline across the basin. Through-

out the El Niño event, the flattened thermocline generates

an anomalous poleward geostrophic transport, reducing

the mean depth of the thermocline (Jin and An 1999;

Bosc and Delcroix 2008). By the end of the El Niño, the
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ocean is left in a ‘‘discharged’’ state, with a raised ther-

mocline across the basin, primed for a La Niña event to

occur.

Previous descriptions of the oscillator (see Fig. 1 of

Meinen and McPhaden 2000) attributed the recharge

and discharge of the equatorial ocean to meridional

Sverdrup transport, but later work by MM01 and Alory

and Delcroix (2002) showed the importance of zonal

transports as well.

The transports in and out of the equatorial Pacific

to generate these WWV changes have been studied in

terms of Kelvin and Rossby waves and geostrophic and

Ekman dynamics (Alory and Delcroix 2002; MM01).

MM01 used the data from Tropical Atmosphere Ocean

moorings to explore the relative contributions of the

zonal, meridional, and diathermal transports. They found

that the recharge prior to the 1997–98 El Niño accumu-

lated from an anomalous decrease in southward transport

across 88S into the western and central Pacific, along with

an increase in eastward transport across 1568E. After the

El Niño event, according to MM01, approximately half of

the warm water was lost via meridional transports while

the rest was lost to downward diathermal mass flux.

MM01’s study relied on using available ocean obser-

vations to estimate geostrophic and Ekman flows. The

residual from the sum of these geostrophic and Ekman

transports was then attributed to a diathermal transport.

Consequently, errors in the horizontal transports were

unavoidably folded into the estimates of vertical fluxes.

Alory and Delcroix (2002) used satellite altimetry and

linear models to estimate the horizontal transports. They

developed a comprehensive dynamical description of

the Kelvin and Rossby waves in the oscillator paradigm,

attributing meridional and zonal transports to equato-

rial waves that were generated by wind anomalies. They

argued that WWV changes were due to both zonal and

meridional transports, but could not quantify the role of

the diapycnal transports.

Clarke et al. (2007), also using observations and the

results of MM01, show that the rate of change of the

WWV is correlated with the wind stress curl (which gives

an estimate of meridional transport). From this corre-

lation they conclude that the recharge and discharge can

be explained primarily by the meridional transports.

They argue that zonal flows therefore do not affect the

volume of water above the 208C isotherm and must be

balanced by diathermal fluxes. These conclusions, how-

ever, are based on a limited amount of data and several

approximations made to estimate the transport as in

MM01. Furthermore, the work by Kessler et al. (2003)

and Brown et al. (2007a, 2010), showing the importance

of nonlinear advection in the equatorial Pacific, high-

lights the need to reevaluate these findings.

In each of these observational studies diathermal or

diapycnal transports are not measured directly, but

calculated as residuals of the estimates for horizontal

flows. In the present study we use output from a high-

resolution ocean GCM to calculate diapycnal flows and

determine the extent to which they contribute to WWV

variations on ENSO time scales. We focus on the period

October 1992–December 1998, following the observa-

tional study of MM01. First, we confirm that the re-

charge and discharge occur largely due to a combination

of zonal and meridional transports. The diapycnal con-

tribution to the mass balance is shown to be almost

negligible in the western-central Pacific and relatively

small in the east, at least across the 25 kg m23 su sur-

face, which approximates the thermocline in the model.

Previous results have hinged upon the reliability of

observations and estimates of transports, while our re-

sults are contingent on the fidelity of the model. To assess

the reliability of the approximations used by the obser-

vational studies, we redo their calculations using a similar

subset of the model output and assess how well we can

recover the actual model transports. We find that the

largest errors occur in zonal transport estimates within a

few degrees of the equator. Diapycnal transports cannot

be reliably estimated based on the present observational

network because at 5–10 Sv (Sv [ 106 m3 s21), they are

of similar magnitude to the errors caused by the dy-

namical approximations used to deduce the meridional

and zonal transports.

2. Ocean model data and processing

The model is a global version of the Australian Com-

munity Ocean Model, version 3 (ACOM3) [see Schiller

(2004); Schiller and Godfrey (2003) for further details]

and is based on the Geophysical Fluid Dynamics Labo-

ratory (GFDL) Modular Ocean Model 3 (MOM3) code

(Pacanowski and Griffies 2000). The model output covers

only a 6-yr period (1992–98); however, it has the advan-

tage of being forced with the high-resolution European

Remote Sensing Satellite (ERS) scatterometer winds as

provided by IFREMER (http://www.ifremer.fr/cersat;

see Bentamy et al. 1999). These winds have sufficient

resolution to capture the wind stress curl features near

the equator, which will be important to our analysis. Other

wind stress products have been shown to miss a patch of

positive curl near the equator (Kessler et al. 2003).

Model resolution is 1/38 in latitude and ½8 in longitude.

There are 36 vertical levels, of which the top 10 are 10 m

thick and increase downward with a thickness of 225 m by

the 1000-m depth. Model output is taken as 3-day averages.

A nonlinear Smagorinsky biharmonic mixing scheme

(Griffies and Hallberg 2000) was used for horizontal
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momentum and tracer mixing. In the vertical, a hybrid

Chen mixing scheme (Schiller et al. 1998; Power et al.

1995) is applied with a Niiler–Kraus-like bulk mixed layer

(Niiler and Kraus 1977) near the surface, and gradient

Richardson number mixing below.

Surface fluxes, apart from incoming shortwave radia-

tion, are calculated by coupling the OGCM to an at-

mospheric boundary layer model of Kleeman and Power

(1995) described in Schiller and Godfrey (2003). The

boundary layer model consists of a single-layer atmo-

sphere (boundary layer as well as a portion of the cloud

layer) that is in contact with the surface.

Net solar shortwave radiation and precipitation are

input to an atmospheric boundary layer model (ABLM)

among other parameterizations. The ABLM prognos-

tically calculates air temperature in the boundary layer

above the surface. Surface latent and sensible heat fluxes

are then diagnosed using the bulk formulae. Freshwater

fluxes were calculated from the simulated evaporation

(latent heat) together with precipitation from the Carbon

Dioxide Information Analysis Center (CDIAC) Micro-

wave Sounding Unit (MSU) precipitation dataset. More

details can be found in Schiller (2004).

The model that we are using is compared with ob-

servations from Johnson et al. (2002, see Fig. 1) and is

discussed in more detail in Brown (2005) and Brown

et al. (2007a,b). The Equatorial Undercurrent (EUC) is

approximately 10% weaker in the model in the east, up

to 50% weaker in the west, and has its maximum lying

20 m deeper (Fig. 1). The model does not fully capture

the strength of the surface south equatorial currents,

being 0.1 m s21 weaker than the observations in most

places. The North Equatorial Countercurrent lies be-

tween 48 and 88N, and its magnitude of 0.2–0.4 m s21 is

consistent with observations. Its position is significant to

whether it is included in our analysis. The North Equa-

torial Countercurrent in the model shifts equatorward

midyear, joining with the EUC, which is not reflected in

the observations of Johnson et al. (2002). Kessler and

Taft (1987), however, did find similar a connection be-

tween the two currents.

Throughout the paper the model results are compared

to observational data [prepared by N. Smith’s group

at the Australian Bureau of Meteorological Research

(BMRC)], as used by MM01. The development and

preparation of the dataset are discussed in Smith et al.

(1991), Smith (1991, 1995a,b), and Meyers et al. (1991).

3. Results

a. Defining the WWV

WWV is generally defined as the volume of water

warmer than 208C within 58 of latitude either side of the

equator. The 208C isotherm was chosen to approximate

the thermocline, and thus this description relates to

ocean dynamics in the 1½-layer shallow-water model.

We will refer to this measure as an ‘‘isothermal’’ WWV.

Long records of salinity in the tropics are not avail-

able and so an ‘‘isopycnal’’ WWV cannot be calculated.

However, since ocean general circulation models con-

tain comprehensive temperature and salinity informa-

tion, it is natural to calculate a volume above a certain

isopycnal (or isopycnal WWV). A mass balance can then

be calculated by considering horizontal transports above

the moving isopycnal surface. Any imbalance between

the rate of change of the isopycnal WWV and the hor-

izontal transports is therefore primarily due to diapycnal

transports.

It is possible that variations in surface precipitation

(P) and evaporation (E) might contribute to the volume

balance. MM01 showed, however, that the mean E 2 P

over our region of interest gives a surface volume trans-

port of around 0.05 Sv. They argue that, even if this value

is an order of magnitude too small, the input through

the ocean surface is still negligible compared to the total

volume balance.

To ensure that our isopycnal WWV study is compa-

rable to the results of isothermal WWV calculations, we

need to choose an isopycnal that closely matches the

thermocline in the model, thereby giving us the physical

lower boundary for WWV calculations. The 208C iso-

therm is not necessarily a good proxy for the thermo-

cline depth in a model study, as the model’s ocean

thermal structure can be somewhat different from what

is observed. In fact, the 218C isotherm in our model

seems to be a better representation of the model’s thermo-

cline and the pycnocline (Fig. 1). Likewise, the 25 kg m23

su surface appears to be a good proxy for the pycnocline

in the model as well as the optimum choice for the lower

boundary in WWV calculations (for reasons explained

below).

One of the differences between our model and the

observations is the mean depth of the Equatorial Un-

dercurrent, shown in Fig. 1 for the eastern and western

Pacific at 1108 and 1708W. Although the model places

the EUC about 20 m deeper than observed, the density

profile in the model relative to the EUC is consistent

with the observations. For example, the 25.0 kg m23

isopycnal lies just above the core of the EUC in both

observations and model, regardless of depth.

In the observations, the 208C isotherm (Fig. 1a,c)

aligns with the 25.0 kg m23 isopycnal, sitting within the

top part of the EUC. This isopycnal and isotherm pair

also appears to lie near to the level of the maximum

vertical density gradient (not shown explicitly), a mea-

sure of the pycnocline depth. This suggests that in the
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observations the isopycnal WWV calculated from the

surface to 25 kg m23 would be equivalent to an iso-

thermal WWV measured to 208C.

What is the corresponding measure of WWV in the

model? Clearly the 208C isotherm is not the correct

measure of WWV in the model, as it sits within the

maximum of the EUC (Figs. 1b,d), below the pycno-

cline. The model’s 25.0 kg m23 isopycnal lies above the

EUC core as did the 25.0 kg m23 isopycnal in the ob-

servations. This temperature–isopycnal mismatch could

FIG. 1. The Equatorial Undercurrent and ocean vertical stratification in observations and the model: (a),(c) The

observed mean structure of the EUC (color) with isolines of potential density (red) for the eastern equatorial Pacific

(at 1108W) and for the western equatorial Pacific (at 1708W) and (b),(d) the model EUC and potential density isolines

at 1108 and 1708W. Also shown are the 208 and 218C isotherms (black). Observational data represents an average

from 1985 to 2000 (Johnson et al. 2002).
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be due to either the model being too warm in this region,

having an error in the salinity data, or both.

The model’s 24.5 kg m23 surface is a similar depth to

the observed 208C isotherm, but it cannot be used as the

WWV cutoff because it is too shallow and does not in-

corporate the full dynamics down to the thermocline and

EUC, as in the observations. (Note that choosing deeper

isopycnals, such as 25.5 kg m23, is also not an option, as

they lie below the core of the model’s EUC core and

therefore incorporate different dynamics, and salinity

variations become important.)

Choosing the correct isopycnal is a balance between

two competing factors— too deep an isopycnal will not

capture the isothermal movements of the pycnocline,

and too shallow a thermocline will be influenced by pro-

cesses such as surface fluxes and the nighttime ocean

mixed layer. Furthermore, isopycnals that outcrop into

the mixed layer and surface within our region of interest

(such as 24.5 kg m23) would also be affected by cross-

isopycnal transports induced by horizontal mixing.

In summary, in our model we could take either the

218C isotherm or 25 kg m23 isopycnal as the lower

boundary for WWV calculations, which is supported by

the high temporal correlation between the two surfaces

(Fig. 2). However, since one of our goals is to diagnose

diapycnal transports, we will choose the 25 kg m23 iso-

pycnal as the demarcation. (Later, we will show that the

interannual WWV index based on the observed 208C

isotherm correlates strongly with the model index based

on this isopycnal.)

b. Transport balance

First, we evaluate the mass balance for two large

boxes in the equatorial Pacific—important for the ocean

recharge and discharge (Fig. 3). Both boxes cover the

area between 58S and 58N [in line with the Alory and

Delcroix (2002) study]. Longitudinally, the west box

extends from 1568E to 1408W and the east box from

1408W to the South American coastline. The borders of

the west box were chosen to be comparable with MM01

and to avoid the strong western boundary currents and

coastline of the Maritime Continent. Setting the western

boundary at 1568E allows us to consider the net effect

of these boundary currents as a zonal flow contribution

to WWV.

The WWV for each box is evaluated by calculating the

water volume down to the instantaneous depth of the

25.0 kg m23 isopycnal and then integrating horizontally

over the box area. Similarly, the horizontal transports

across the borders of each box are integrated down to

the same isopycnal, as described in Brown et al. (2007a).

The balance of water in the west box is

›WWV

›t
5�

ðð
y(y 5 58N) dx dz 1

ðð
y(y 5 58S) dx dz

1

ðð
u(x 5 1568E) dy dz

�
ðð

u(x 5 1408W) dy dz 1 diapycnal flow,

(1)

where u, y are the zonal and meridional velocities. The di-

apycnal flow is the imbalance between the horizontal di-

vergence and the change in WWV. The balance for the east

box is similar but has no zonal flow through the eastern

ocean boundary against the coast of South America.

For the mean state of the system, for which the rate of

change of WWV is zero, net zonal transports are eastward

into each box (Fig. 3). The meridional flow is northward in

the west box and southward in the east box [further dis-

cussion of the mean state of this model can be found in

Brown et al. (2007b)]. The small residual between the

horizontal transports implies a contribution from either

diapycnal transports or precipitation and evaporation. As-

suming E 2 P is small (see the previous discussion), 2.2 Sv

of diapycnal upwelling is required to close the balance in

the west box. The east box requires three times as much

(6.6 Sv), which reflects the shoaling of the thermocline in

FIG. 2. The temporal correlation between the depth of the model 218C isotherm and that of the

25.0 kg m23 density surface as a function of longitude and latitude. At the depths studied, the temporal

variability of the isotherms in the equatorial strip correlates highly with the variability of the iso-

pycnals, making them reasonably interchangeable. This relationship breaks down north of 48N where

the ITCZ introduces strong salinity variations. The interval between adjacent contour lines is 0.1.

15 JANUARY 2010 B R O W N A N D F E D O R O V 225



this region, the strong Ekman upwelling, and potentially

the relatively strong air–sea heat fluxes.

Note that the values of mean diapycnal upwelling in

the east box depend on the isopycnal chosen for the cal-

culations. More diapycnal upwelling occurs across iso-

pycnals that are shallower than 25 kg m23. However,

those isopycnals do not describe the model ocean pyc-

nocline, and we are interested in calculating diapycnal

transports across the pycnocline. The mean diapycnal

upwelling in this particular model across a range of

isopycnals is discussed in Brown et al. (2007a,b).

Also note that our estimates of the diapycnal trans-

port incorporate both mass transport across the pycno-

cline and the effect of ocean heat fluxes. The west box is

deep enough for these heat fluxes to not alter the pyc-

nocline depth significantly; however, the east box has

a thermocline sufficiently shallow to be influenced by

shortwave radiation. About one-third of the diapycnal

effects on the mean state of the tropical ocean may be

due to shortwave radiation directly heating the basin

(Iudicone et al. 2008). We anticipate that the vertical

diapycnal transports we calculate would have roughly

the same contribution from the heat fluxes.

The interannual variability of the isothermal WWV

was studied in the past because it is a useful predictor of

ENSO events. Our isopycnal WWV index is equally good:

it correlates with the isothermal WWV with a coefficient

of 0.92 in the west and 0.87 in east (Fig. 4). In the west box,

the WWV indices lead the Niño-3.4 index by roughly

seven months, as shown by MM01. In the east box, the

WWV anomalies occur around the same time as Niño-3.4.

WWV indices are effective ENSO predictors because

they quantify the ‘‘recharge’’ of the equatorial Pacific

before an El Niño event. Where does the water come

from to recharge the boxes? In the west box the rate of

change of isopycnal WWV (dashed pink line in Fig. 5)

can be accounted for by the horizontal divergence (blue

line). There is very little need for diapycnal transports

(green line) to close the balance and we can claim that

the flow is largely adiabatic. In the east box the discrep-

ancy between the change in volume and the net hori-

zontal transport in and out of the box is larger, though it

does not appear to exceed 10 Sv. The standard deviation

of the diapycnal transport in the east box is 4.2 Sv, which

is much smaller than the variance of the net horizontal

transport with a standard deviation of 15.4 Sv.

Clearly the horizontal divergence dominates the ENSO

recharge in our model. Next, we will briefly explore the

role of the zonal and meridional transports separately,

taking the strong 1997–98 El Niño as a case study. In

FIG. 3. The two boxes in the tropical Pacific Ocean used for calculating mass balances. The west box

extends from 1568E to 1408W and the east box from 1408W to the coast of South America. Mean

values of horizontal transports (Sv) at the box boundaries are for flow above the 25.0 kg m23 su

surface. The corresponding upward diapycnal transports across this isopycnal are 2.2 Sv and 6.6 Sv

(indicated by black dots).
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Fig. 6 the total zonal, meridional, and diapycnal trans-

ports are plotted for each box and for the two boxes

combined (solid lines) and compared to their mean

values (dashed lines). Note that each side of the box is

not considered separately; instead, we calculate the net

transport (zonal and meridional) for each case.

In the east box (Fig. 6b), the rate of change of WWV

(black line) throughout 1996 is near zero. In 1997, the

zonal transport from the west box to the east box ac-

celerates, increasing the WWV; the zonal transport is

maintained throughout 1997 and then reverses in 1998.

There is a short pause in the eastward transport in July

1997 when the west box appears to be recharging again,

deepening the thermocline, but this lasted only for a few

months.

The meridional transport anomaly (red line) removes

water from the east box in mid-1997 into 1998. The net

effect by the end of 1997 is decreased WWV as a result

of warm water drainage by the combined meridional and

zonal transports. As discussed earlier, the diapycnal trans-

port variations (green line) are very small in comparison.

In the west box, the horizontal transports exhibit a

more complex behavior (Fig. 6a). In mid-1996 the west

box is in a recharged state that was generated earlier.

The zonal (blue) and meridional (red) net transports are

near their average strength—the net zonal transport

adding water to the box and the net meridional transport

removing it. Toward the end of 1996 the meridional

transport out of the box weakens, allowing the WWV in

the west box to increase (indicating an even stronger

recharge). The start of El Niño in February 1997 is sig-

naled as the west box begins its discharge into the eastern

Pacific. The warm water discharge throughout 1997 re-

sults from the changes in both meridional and zonal

transports.

As has been shown, the zonal transports are as impor-

tant as the meridional ones in this process and should not

be neglected, particularly when looking at the west and

east boxes separately. Even if we considering the boxes

combined (Fig. 6c), both meridional and zonal transports

are essential for WWV variations. In fact, the rate of

change of WWV correlates with the meridional transport

convergence with a correlation coefficient of only 0.47.

c. Estimating horizontal transports from available
observations

We will now use model output, on the same spatial

grid as the available ocean data, to determine the sam-

pling errors that would occur when estimating diapycnal

transport from the observations. Studies with observa-

tional data depend on a number of assumptions and

approximations to calculate ocean currents. At the end,

the diapycnal transport is estimated as a small difference

between these large, estimated horizontal transports;

small errors in calculating them therefore become critical.

We have taken the output from the model in the same

places as the available observations from the TAO array

(1658E, 1808, 1708W, 1558W, 1408W, 1258W, 1108W, and

958W). We then use this subset of the model output to

reconstruct the model currents, which gives us an indi-

cation of how accurately MM01 reconstructed the real

currents from the limited observations. We can also di-

agnose which of their assumptions are, indeed, correct

and which require some modification.

FIG. 4. Comparison of WWV indices for the (top) west box and (bottom) east box. The

isothermal WWV (1014 m3) for observations (red-dashed line) is measured from the surface to

the 208C isotherm. The isopycnal WWV in our model (black line) is measured to the 25 kg m23

su surface. Overlaid is the Niño-3.4 index (blue-dotted line). Observations are monthly

(courtesy of N. Smith, BMRC); the model temporal resolution is 3 days, with a 15-point

smoothing. Correlation coefficients between the isothermal and isopycnal WWV indices are

shown in the lower-left corner of each panel.
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MM01 approximate the meridional transport using

the sum of the geostrophic and Ekman components:

ð95W

165E

ðsurface

s
u
525

y dz dx 5

ð95W

165E

ðsurface

s
u
525

p
x

f r
0

dz dx

�
ð95W

165E

ðsurface

s
u
525

t x
z

f r
0

dz dx, (2)

where px is the zonal pressure gradient, r0 the average

density, y the meridional velocity, f the Coriolis param-

eter, and t z
x is the zonal component of the vertical fric-

tion (integrating t z
x vertically gives the value of the wind

stress applied at the surface). The first term is the geo-

strophic contribution and the second term is the Ekman

transport. As an example, let us consider meridional

transport through a transect along 58N, extending from

1658E to 958W, and from the instantaneous position of

the 25.0 kg m23 isopycnal up to the surface (as in our

previous analysis).

First, we test whether geostrophy plus Ekman, ex-

cluding nonlinear advection and horizontal friction, is a

good approximation to meridional transport in the model.

For the Ekman component of flow above the pycnocline,

we integrate the model’s vertical friction between the

surface and the isopycnal. In the central and western

Pacific, the Ekman transport occurs above the thermo-

cline and is captured fully by the integral of the vertical

friction. It appears that at 58N geostrophy plus Ekman

(green line in Fig. 7) are effective at reproducing the

actual model meridional transport (black line). The rms

error for this linear approximation is 5.0 Sv (see Table 1).

However, while the two curves agree well, the error in-

volved in these calculations is of a similar magnitude as

the diapycnal transport that we are trying to find. More-

over, this estimate of meridional transport is more accu-

rate than would be possible in the real ocean because here

we use exact model pressure gradients and the knowl-

edge of the depth of influence of the Ekman dynamics.

We now confine our analysis to the same data as

would be used in an observational study and try to es-

timate model horizontal transports through the bound-

aries as defined in MM01. Two new assumptions are

made: that all the Ekman transport occurs above the

thermocline [the last term in Eq. (3)] and that estimates

of dynamic height can be used to infer the zonal pressure

gradient (rather than acquiring pressure directly from

the model). The estimate of meridional transport along

the transect is then

ð95W
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ðsurface

s
u
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y dz dx

5

ðsurface

s
u
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f r
0

dx,

(3)

FIG. 5. Estimating diapycnal transports (Sv) using mass balance. The rate of change of the

warm water volume (dWWV/dt, pink dashed line, calculated directly from the model output)

and variations in the total horizontal volume transport above the pycnocline (cyan line), for the

(top) west box and (bottom) east box, see Eq. (1). The residual between the two curves (green

line) is an estimate of the diapycnal volume transport for each box. Negative values indicate

anomalous downward transport. The mean values and the seasonal cycle have been removed

from the time series. All variables are smoothed with a 10-point running mean.
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where D is dynamic height and t x is the wind stress. We

calculate dynamic height from temperature and salinity

profiles provided by the model. In MM01 salinity was

not known, so the dynamic height was estimated using

a technique that combined historical hydrography and

heat content (Meinen and Watts 2000). The approxi-

mation in Eq. (3) (red line, Fig. 7) is not very different

from the first assumption of geostrophy plus Ekman, as

described by Eq. (2). The rms error remains similar at

roughly 4.1 Sv. MM01 inferred that their method of es-

timating salinity would add another 2 Sv to this error.

In addition to these errors introduced in calculating

dynamic heights, MM01 assumed a depth of no motion

at 1000 dbar. Unable to quantify this error because there

are very few observations at this depth, MM01 assumed

it was small. Our estimates of meridional transport from

the model pressure gradient and from a dynamic height

estimate are so close that they support the depth of no

motion assumption, as do the model’s meridional ve-

locities at 1000 m. This is not true, however, for zonal

transports, which will be discussed later.

Part of the error in estimating the meridional trans-

port comes from the Ekman approximation. In many

places of the ocean, horizontal Ekman transport van-

ishes before the flow reaches the depth of the thermo-

cline. However, in the eastern equatorial Pacific, where

the thermocline is very shallow (on the order of 30–50 m),

the horizontal Ekman transport is below even the stan-

dard domain for the WWV (see Brown et al. 2007a).

While small, this error is still significant when calculating

residuals and small diapycnal velocities. This will also

be apparent when we evaluate the extended Sverdrup

relationship.

Now, to explore zonal transport estimates, we will

look at the zonal flow across 1658E. This task is com-

plicated by the fact that the Coriolis parameter goes to

zero at the equator. Beyond 28 of latitude from the

equator, the zonal velocity can be approximated by
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where we use the same notation as in Eq. (2) and in-

troduce the zonal velocity u, the meridional pressure

gradient py, and meridional component of wind stress ty.

In this region, the Ekman transport is very small,

O(1 Sv). Away from the equator, the zonal velocity is

FIG. 6. Different contributions to the rate of change of WWV (black line) in the (a) west box,

(b) east box, and (c) combined boxes before and during the 1997–98 El Niño: zonal transports

(blue line), meridional transports (red line), and diapycnal transports (green line) (Sv). The

mean strength of each transport is shown by the dashed line. The diapycnal volume transport

for the west box is negligible and not shown. A 10-point running mean has been applied.
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extremely well approximated by geostrophy, with a rms

error of around 2 Sv (top and bottom panels of Fig. 8

and Table 1).

Within 28 of the equator we must use the y derivative

of Eq. (4) (Picaut et al. 1989),
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where b is the meridional gradient of the Coriolis fre-

quency at the equator. Using this approximation results

in a rms error of 10.2 Sv (Fig. 8, middle panel).

Possible reasons to explain this large error include

1) this being a region of high nonlinearity (Kessler et al.

2003) or 2) flows may be complex, such as Yoshida jets

(Cronin et al. 2000). It is also possible that our depth-of-

no-motion assumption at 1000 m is the cause of the

error. We tested this assumption by repeating the calcu-

lation with dynamic heights relative to 4000 rather than

1000 m (blue line, Fig. 8). Beyond 28 from the equator

we found no discernible difference in the transport es-

timates. However, within the equatorial strip the revised

calculations introduced changes of around 5 Sv, and the

resulting rms error is reduced to 8.9 Sv. Furthermore,

if we were interested in the total transport down to

1000 m, the reference level would become very impor-

tant, with variability as large as 30 Sv, although the var-

iations are minimized because we are considering flow

only above the 25 kg m23 isopycnal.

An alternative way to estimate meridional transport,

without the need to calculate dynamic heights, is the

extended Sverdrup balance (Kessler et al. 2003). As

shown in the appendix, in the equatorial region the

depth-integrated meridional transport at any longitude

obeys the equation
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f

bh

›h

›t
1

1

b
curl

t x

r

� �
1

1

b
curl(tNL x)

� 1

b

›

›t
(V

x
�U

y
), (6)

where U, V are the depth-integrated meridional trans-

ports from the surface to h (the depth of the 25 kg m23

isopycnal), t x is the zonal wind stress, and t NL x 5Ð
[(uu)

x
1 (uv)

y
1 (uw)

z
] dz is the zonal nonlinear ad-

vection term, as described in the appendix. The first

term on the rhs of Eq. (6) can be thought of as the

‘‘vorticity stretching’’ term. It is related to changes in

the thermocline depth at different distances away from

the equator. The second term is the wind stress curl. The

remaining two terms, which are highly complex in space

and time, are referred to collectively as the ‘‘relative

vorticity’’ terms. They describe much of the nonlinear

features of the flow and the effect of ocean eddies.

Once again, we make a case study of the meridional

transport across 58N, between 1658E and 958W above

the pycnocline. The original (linear, steady) Sverdrup

balance describes a meridional flow driven by the wind

stress curl, that is, V 5 b21 curl(t x)/r, shown in Fig. 9a by

the dashed black line. In earlier studies of the recharge–

discharge oscillator, the change in WWV was attributed

to this Sverdrup transport alone (e.g., Fig. 1 of Meinen

and McPhaden 2000).

The volume transport given by the wind stress curl in

the linear Sverdrup balance gives the full transport in-

tegrated from the surface to the bottom of the ocean.

FIG. 7. Meridional transport (Sv) across 58N between 1658E and 958W calculated from dif-

ferent methods. The model’s actual transport (black line) is compared to the estimates using the

pressure gradient and vertical friction terms taken from the model output [green line; see

Eq. (2)], and to the estimates using the dynamic height and Ekman transport approximations

[red line; see Eq. (3)]. A 10-point running mean has been applied. The estimates are calculated

using a spatial resolution comparable to the observations.
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Since we are considering flows above the pycnocline, we

should compare the wind stress curl term to the curl of

the vertical friction integrated from the surface to the

25 kg m23 isopycnal (thick black line). The discrepancy

between these two terms represents the influence of the

wind stress curl below the pycnocline; it can be as large

as 5 Sv at times.

In agreement with Clarke et al. (2007), both the wind

stress curl and stretching term (red line, Fig. 9a) are

important components of meridional transport, as are

the nonlinear and relative vorticity terms (blue line). The

actual model meridional transport (green line, Fig. 9b) is

certainly not accounted for by the vertical friction curl

alone (black line, Fig. 9b) nor is it much improved by

including the stretching term (magenta line, Fig. 9b).

However, when the extra relative vorticity terms are

included (orange line, Fig. 9b), there is a much tighter

match to the actual transport (Table 1).

The largest discrepancy occurs during the warm phases

of the oscillation, especially during the onset of the

strong 1997–98 El Niño when the wind stress curl and

vorticity stretching term (magenta line, Fig. 9b) suggest

that the northward transport is stronger and earlier than

the actual values (green line, Fig. 9b). Therefore, if only

the wind stress curl and vorticity stretching term were

used to predict meridional transports, the estimated

discharge would occur too early, but including the rel-

ative vorticity terms greatly improved the estimate of

the meridional transport.

Even with these extra terms, the meridional transport

estimate is not perfect and includes further assumptions

and approximations. One reason for this remaining dis-

crepancy is calculation errors that accumulate when in-

tegrating along the transect. For example, calculating

a centered derivative on a grid is only an approximation

to the actual derivative scheme used in the model.

Studying the balance at 58S produces similar results,

although the nonlinear terms south of the equator are

not as strong, as the tropical instability waves are typi-

cally weaker in the Southern Hemisphere.

4. Discussion and conclusions

Using the output of an ocean model, we have estimated

the contribution of diapycnal transport to the variabil-

ity of the warm water volume (WWV) in the equatorial

Pacific as the residual of a mass balance above the

25.0 kg m23 isopycnal. By using ocean model output we

can accurately calculate the diapycnal contribution and

avoid potential errors of observational studies. We find

the contribution to be small or even negligible, compared

to the variability of the horizontal transports. This finding

is, however, clearly contingent on the fidelity of the ocean

model. Ultimately, whether the real-ocean variations in

diapycnal transport are indeed negligible on ENSO time

scales remains to be confirmed with the next generation

of ocean models or more comprehensive observations.

We estimate that interannual diapycnal flows across

the pycnocline (25 kg m23) were negligible in the west

box (58S–58N, 1568E–1408W, see Figs. 3 and 5). In the

east box (from 1408W to the American coast) the stan-

dard deviation of the diapycnal transport (with a 30-day

running mean) is 4.2 Sv, while the rate of change of

WWV had standard deviation of 15.4 Sv.

In contrast, similar, observational studies found that

variability in the diathermal transports across the pyc-

nocline was as large as that in the horizontal transports.

MM01, for example, concluded that diathermal trans-

ports were important in both boxes, with values of up to

30 Sv in the 1998–99 La Niña (see their Fig. 13). Even

with MM01’s estimated error bound of 15 Sv, their re-

sults contradict our estimates. However, MM01’s find-

ings were reliant on approximations made in calculating

the horizontal transports. Therefore, despite their best

efforts, errors in such calculations were unavoidably folded

into the approximation of the diathermal transport.

TABLE 1. Rms error between actual model transports and a range of approximations. Zonal transport estimates are for flow across 1658E;

meridional transport is across 58N between 1658E and 958W.

Approximation to transport Rms error compared to actual model transport (Sv)

Zonal transport approximations

Geostrophic 1 Ekman (between 58 and 28 from equator) 2.0

Geostrophic 1 Ekman (within 28 of equator) relative to 1000 m 10.2

Geostrophic 1 Ekman (within 28 of equator) relative to 4000 m 8.9

Meridional transport approximations

Full geostrophic 1 vertical friction [Eq. (2)] 5.0

Geostrophic (from dynamic height) 1 full Ekman [Eq. (3)] 4.1

Meridional transport – extended Sverdrup approximation

Vertical friction curl only 7.0

Vertical friction 1 stretching 5.3

Vertical friction 1 stretching 1 relative vorticity 4.4
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To explore possible sources of errors in the MM01

approach, we used our model output, sampled at the

same locations as the TAO array, to emulate the MM01

study. We found that the meridional transports were

fairly well reproduced when using only geostrophy and

Ekman dynamics (as also found by Blanke and Raynaud

1997); however, the rms error across 58N between 1658E

and 958W was 4.1 Sv (Fig. 7, Table 1). Errors in such

estimates of the meridional transport could arise be-

cause, for example, the transport is not completely de-

scribed by geostrophy and Ekman dynamics alone and

may contain nonlinearities particularly owing to the

presence of tropical instability waves. Those approxi-

mations also assume that the Ekman transport all occurs

above the 25 kg m23 isopycnal, which is not the case in

the eastern part of the basin, where the thermocline is

shallow (see Brown et al. 2007a). The assumption of the

depth of no motion at 1000 m made no discernible dif-

ference to the transport estimates.

The largest source of error in our reconstruction of

the WWV balance, emulating the MM01 study, proved

to be from the geostrophic estimates of zonal transport

(Fig. 8). The Ekman component of the zonal transport

was of the order of only a few Sverdrups and was not

important. Beyond 28 from the equator, geostrophy alone

was an effective description of the zonal transport: the

rms error was 2 Sv. Within 28 of the equator, however,

an equatorial geostrophy balance [Eq. (5)] led to large

error estimates with a rms error of more than 10 Sv,

giving a total error estimate at the western side of the

tropical box as 10.6 Sv. MM01, who acknowledged this

source of error, determined the rms errors in their cal-

culation from TAO moorings (of the order of 11 Sv).

We hypothesize that nonlinear and time-varying fea-

tures were responsible for the inaccuracy. At this lon-

gitude, flow is highly complex because of westerly wind

bursts and the constant readjusting of the ocean (Cronin

et al. 2000).

In each transport estimate, the errors in our meridi-

onal transport and zonal transport estimates (5 Sv and

10.6 Sv) were much larger than the diapycnal transports

that we were trying to estimate. (The variability of the

diapycnal transport was, in some instances, larger than

the error.) In the MM01 analysis, the error bars on their

meridional, zonal, and diathermal transports were 9 Sv,

7 Sv, and 17 Sv, respectively. Thus, currently available

observational arrays appear not to be adequate to assess

the role of diapycnal transport in ENSO dynamics.

FIG. 8. Zonal transport (Sv) across 1658E calculated from different methods over three

sections: (top) 28N to 58N, (middle) 28S to 28N, and (bottom) 58S to 28S. The model’s actual

zonal transports (black lines) are compared to estimates (red lines) based on the dynamic

height (relative to 1000 m) and Ekman transport approximation. The middle panel also in-

cludes an estimate using dynamic heights calculated relative to 4000 m (blue line). The

transports were estimated according to Eq. (4) except in the equatorial strip (28S–28N) where

Eq. (5) was used. A rms value is given in each between the actual model transport and the

estimate. Plots smoothed with a 10-point running mean.
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We have also explored the role of diapycnal transports

for the long-term mean state of the ocean. Mean up-

welling rates of 2.2 Sv were found for the west box and

6.6 Sv for the east box. MM01 found a mean diathermal

upwelling across the 208C isotherm for both boxes that

was not statistically different from zero, though it had

a standard error of 6 Sv. In that study the equatorial

boxes extended from 88S to 88N, so their results are not

exactly comparable to ours. In a later study (between 58S

and 58N), Meinen et al. (2001) found evidence of upward

diathermal transports at the thermocline. Above the ther-

mocline this transport was much stronger, but beneath

the thermocline the velocity was downward. Although

Meinen et al. did not publish an integrated estimate for

diathermal flow through the east box, their results for

the mean transports appear to be of the same order of

magnitude as ours. Bryden and Brady (1985) also found

a relatively moderate diathermal upwelling across the

208C isotherm, with downwelling at denser levels.

Iudicone et al. (2008) used a theoretical approach to

estimate mean diapycnal transport. While using a larger

box (108S–108N, 1708W to the coast of South America),

they found a diapycnal transport of near 20 Sv across the

25 kg m23 isopycnal and emphasized the role of short-

wave radiation penetrating to this shallow isopycnal.

Analyzing the role of surface heat fluxes lies beyond the

scope of this paper, but it is an important way to assess

models and compare the way they simulate ENSO events.

The volume balance that we calculated does not con-

sider the role of precipitation and evaporation. MM01

found that including these effects would give a mean

surface volume transport of around 0.05 Sv. They argue

that, even if this estimate is an order of magnitude too

small, the input through the ocean surface is still negli-

gible compared to the total volume balance.

MM01’s study differed from ours in that the thermo-

cline was defined at the 208C isotherm rather than the

25 kg m23 isopycnal that we used. Both the 208C iso-

therm in the observations and the 25 kg m23 isopycnal

in the model were effective demarcations for the pycno-

cline and, hence, give a good approximation for WWV.

While we have taken great care to be consistent with

the MM01 study, their different approach may account

for some of our conflicting conclusions. For example,

FIG. 9. (a) Physical terms contributing to the meridional transport across 58N between 1658E

and 958W and from the surface to the instantaneous position of the 25 kg m23 surface. The

vertical friction curl (thick black line), the vortex stretching term (red line), and the relative

vorticity terms [blue line; see Eq. (6)]. For comparison we show the linear Sverdrup transport

given solely by the wind stress curl (black dashed line). (b) Estimates of the total meridional

transport compared to the model’s actual meridional volume transport (green line). The es-

timate from vertical friction curl alone (black line), the sum of vertical friction curl and

stretching term (magenta line), and the sum of the vertical friction curl, stretching term, and

relative vorticity terms (orange line). Each time series has been smoothed with a 31-point

triangle filter. The model temporal resolution is 3 days and flow is shown in Sverdrups.
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if a shallower isopycnal (above the 208C isotherm) were

taken, then stronger variations in vertical mass flux

would be measured in the eastern part of the basin (not

shown in this study). At shallower depths the anomalous

vertical transport is clearly downward during El Niño

and upward during La Niña (see Sun and Trenberth

1998; Wang and McPhaden 2000 for explanations of this

process).

Although our results show small diapycnal transport

across the pycnocline, they do not necessarily contra-

dict the idea of the upwelling feedback relevant for

ENSO dynamics (e.g., Jin and Neelin 1993; Fedorov and

Philander 2001). Rather, they imply that on ENSO time

scales the greatest changes in upwelling rates occur

above the pycnocline [a conclusion supported by Bosc

and Delcroix (2008), who found no connection between

upwelling across the thermocline and ENSO phase].

These results do imply, however, that the upwelling

feedback ought to be relatively weak since it would have

to act on a relatively weak vertical temperature gradient.

To what extent might our results be model dependent,

especially with regard to the mixing scheme used? There

are a number of indicators of how well bulk mixing

parameterizations work in the equatorial Pacific (e.g.,

Brown and Fedorov 2008): for example, how well the

model captures the mean structure of the thermocline

and the equatorial undercurrent (Fig. 1) or how well the

model reproduces interannual variations in thermocline

depth. To be as consistent as possible, we chose our

WWV demarcation relative to the position of the model’s

pycnocline. We also demonstrated that the model WWV

has a high correlation with observed WWV (Fig. 3).

These aspects of the model were explored further in

Brown (2005) and Brown et al. (2007a,b).

The original description of the recharge–discharge

oscillator by Jin (1997) used coast-to-coast integrals so

that all of the recharge and discharge occurred due to

meridional and not zonal transport. Although Clarke

et al. (2007) later considered the tropical basin east of

1568E, which excludes western boundary currents and

allows for zonal transport contributions, they still attrib-

uted the recharge and discharge of the equatorial Pacific

solely to the meridional transports. Here, we have shown

that meridional transports do not account for all of the

variability in the WWV, and zonal transports driven by

strong western boundary currents (MM01) should be

taken into account (Fig. 6) (also see Alory and Delcroix

2002; Bosc and Delcroix 2008).

Both Jin (1997) and Clarke et al. (2007) use the

Sverdrup balance to approximate meridional flows (the

latter authors also add the vorticity stretching term to

this balance). We have shown that approximating me-

ridional transports only with Sverdrup transport and the

vorticity stretching term introduces large errors (Fig. 9).

Why then do simple models that relate changes in

WWV solely to Sverdrup transport, as does Clarke et al.

(2007), seem to produce reasonable results, at least

qualitatively? It appears that such an approach works

well because both the wind stress curl and WWV have

a strong ENSO signal so that one is merely a good proxy

for the other (Fig. 10). Therefore, the Sverdrup balance

approximation of the discharge and recharge remains

adequate for conceptual models. However, for a more

rigorous analysis of the mass balance, a careful treatment

of all essential transport components should be used.

Coupled ocean–atmosphere GCMs vary greatly in

how they reproduce the recharge and discharge of the

equatorial Pacific (e.g., Mechoso et al. 2003; Guilyardi

et al. 2009). The representation and relative importance

of meridional and zonal transports in those models de-

pend on a number of factors—from the simulated struc-

ture of the wind curl to the details of nonlinear terms in

FIG. 10. The rate of change of warm water volume in the entire equatorial region; that is, east and west boxes

combined (WWV, thick line). This rate cannot be accurately approximated by the meridional transport taken from

the model (dashed line) or by the sum of the wind stress curl and vorticity stretching terms integrated over the

northern and southern boundaries of the basin at 58N and 58S (thin line). Transports are shown in Sverdrups. Each

time series has been smoothed with a 31-point triangle filter.
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the vicinity of the equator and from simulations of surface

heating to the parameterizations of heat and momentum

fluxes due to tropical instability waves. Ultimately, by

changing the way the recharge and discharge occur, all

of these factors can indirectly affect the properties of

simulated ENSO as well as the relative role of diapycnal

transports. Thus, assessing the relative roles of meridi-

onal, zonal, and diapycnal transports in coupled models,

and their effect on ENSO, remains an important area of

research.
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APPENDIX

Equations for Meridional Transport

We begin with the three-dimensional, momentum and

continuity equations for an incompressible ocean:
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where u, y are the meridional and zonal velocities, u 5

(u, y, w), t 5 (t x, t y) as the shear stress (equal to the

wind stress at the surface), F 5 (Fx, Fy) is the horizontal

friction, f 5 by is the Coriolis parameter on the equa-

torial b plane, p is pressure, and r is density. The sub-

scripts x, y, z, and t denote derivatives.

We take the horizontal curl of the momentum equa-

tions to obtain
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where tNL is the nonlinear advective terms. Following

Kessler et al. (2003), it is defined as

tNL 5

ð
(uu)

x
1 (uy)

y
1 (uw)

z
, (yu)

x
1 (yy)

y
1(yw)

z

� �
dz,

where the integral is taken from the thermocline depth h

to the surface. Note that Eq. (A4) is simply another form

of the vorticity equation.

Integrating Eq. (A1) from the thermocline to the

surface and rearranging yields
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at the depth of the thermocline as a boundary condition

for integrating. It is assumed that the horizontal de-

rivatives of h are small (as outlined in Clarke et al. 2007).

Simply, this is because the velocities are assumed to be

nearly geostrophic (i.e., fu 5 ghy, f y 5 2ghx), so f (uhx 1

yhy) 5 ghyhx 2 ghxhy 5 0. Previously, we argued that in

the east Pacific the Ekman component is still significant at

the thermocline. This assumption of geostrophy at the

thermocline is one of the reasons for the discrepancies

that remain in Fig. 9.

We have assumed that the vertical integral of tz from

the surface to the thermocline is equal to the total wind

stress t. This is a valid assumption in the central Pacific,

but again not in the east. In the eastern Pacific, the ther-

mocline depth is around 30–50 m, somewhat shallower

than the penetration depth of the horizontal friction.

The balance between bV and the wind stress curl on

the right side of Eq. (A5) is known as the Sverdrup

balance. As it does not include nonlinearity and friction,

the Sverdrup balance is inadequate for describing the

flow (Kessler et al. 2003). It is also not applicable for

nonsteady flows. The second term on the right side of

Eq. (A5) is known as the ‘‘stretching term’’; it is signif-

icant between 58N and 58S (Clarke et al. 2007).

The curl of the horizontal friction (the third term) is

small in the model that we are using (Brown et al. 2010);

however, in other models it can be significant (Kessler

et al. 2003), depending on the friction scheme used. The

fourth term is the curl of the nonlinear advection term.

For a steady state, Kessler et al. (2003) showed that along

the equator, on annual mean, the curl of the nonlinear
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term was as significant in the balance as the wind stress

curl. In particular, the term represents the eastward ad-

vection of cyclonic relative vorticity found on the flanks

of the Equatorial Undercurrent. At 58N and S, the non-

linear curl diminishes, though Brown et al. (2010) show

that tropical instability waves add a nonlinear signal

at 58N.

The final term is the rate of change of local relative

vorticity z 5 yx 2 uy. The last two terms of Eq. (A5) can

be written together as a function of relative vorticity

(before integrating with respect to depth),

Dz

Dt
1 z(u

x
1 y

y
) 1 k � $

H
w 3

›u

›z
. (A6)

This comes about from taking the curl of Du/Dt in

Eqs. (A1) and (A2). Clarke et al. (2007) argue that

these terms are small on ENSO time scales and neglect

them in their balance. However, according to our anal-

ysis, these terms in (A5) are important and cannot be

neglected.
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