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SUMMARY
Plastic deformation in Earth and planetary mantle occurs either by diffusion or by
dislocation creep. In both mechanisms, the rate of deformation increases strongly with
temperature but decreases with pressure at modest pressures. Addition of water and
grain-size reduction enhance deformation. Influence of partial melting is modest for a
small amount of melt. Models on the rheological structures of Earth’s mantle can be
developed by including experimental results on all of these effects combined with models
of temperature, water and grain-size distribution. The rheological properties in the upper
mantle are controlled mostly by temperature, pressure and water content (locally by
grain-size reduction). The strength of the lithosphere estimated from dry olivine rheology
for homogeneous deformation is too high for plate tectonics to occur. The influence of
orthopyroxene to reduce the strength is suggested. Transition from the lithosphere to the
asthenosphere occurs largely by the increase in temperature but partly by the change in
the water content. Rheological properties of the transition zone and the lower mantle are
controlled by phase transformations. However, a transition to high-density structures does
not necessarily increase the viscosity. The grain-size reduction caused by a phase
transformation has a stronger effect and weakens the material substantially. The deep
mantles of the Moon and Mars are inferred to have low viscosities due presumably to the
high water content. Super-Earths’ deep mantle may have low viscosities caused by the
extremely high pressure (to ~1 TPa) that may enhance deformation by the transformation
to a compact crystal structure, or the transition in diffusion mechanism from vacancy to
interstitial mechanism, and metallization.
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INTRODUCTION

Rheological properties and the dynamics and evolution of terrestrial planets
Terrestrial planets are formed hot and they release their energy by mantle
convection. Forces associated with mantle convection deform planetary surface and its
interior, and convection moves materials to different thermodynamic conditions leading
to phase transformations including melting. Consequently, mantle convection is the
single most important process on terrestrial planets that dictates their surface tectonics,
deep mantle and core dynamics as well as their thermal evolution (e.g., (Schubert et al.,
2001)).
Mantle convection is possible because minerals and rocks behave like a viscous
fluid at the geological time scale under the mantle conditions but the rheological
properties of minerals and rocks change dramatically with a number of parameters
including stress (strain-rate), temperature, pressure, water content and grain-size.
Consequently rheological properties of planetary materials are the key to the
understanding of dynamics and evolution of terrestrial planets.
However, studies of rheological properties are far more complicated than those of
other properties such as elastic properties (see Chapters by Murakami, Tsuhciya and
Kawai) and electrical conductivity (see a Chapter by Karato and Wang), and
consequently there have been only limited constraints on rheological properties including
effective viscosities and on deformation microstructures from laboratory or theoretical
studies. In these studies, one needs a large extrapolation of laboratory data or of
theoretical calculations to infer rheological properties in Earth and planetary interiors. In
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order to make appropriate applications (extrapolation) of these data, it is essential to
understand the basic physics of plastic deformation. An extensive review on these
subjects was presented by (Karato, 2008). In this chapter, I will provide a brief review of
the fundamentals of plastic deformation with the emphasis on the recent developments.

Differences between rheological properties and other physical properties
Various physical properties are important in the geophysical studies of Earth and
planetary interiors, but the nature of these properties are different that makes important
differences in the way materials science studies on these properties should be made in the
geophysical context. To highlight some challenges in the studies of rheological
properties, let me compare rheological properties with elastic properties and electrical
conductivity.
Both elastic and rheological properties are among the various mechanical
properties representing the response of a material to applied stress. Elastic deformation
occurs when a small stress is applied to a material for a short period (or at high
frequencies). In these cases, atoms in a material move their positions only slightly from
their stable positions. The new positions of atoms are unstable and when the stress is
removed, they go back to the original stable positions immediately. Consequently, elastic
deformation is instantaneous (independent of the time scale) and recoverable. The
relation between stress and strain is linear in most of elastic deformation. Therefore once
the proportional coefficient (elastic constant) is measured or calculated the elasticity is
fully characterized. Applications to seismological observations is straightforward with a
minor correction for the influence of anelasticity (Karato, 1993).
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Atomic processes involved in plastic deformation are different. Plastic
deformation occurs by the large atomic displacements over the next stable positions often
helped by thermal activation in a stochastic manner. Consequently, plastic deformation is
in most cases time-dependent and non-recoverable. This poses important challenges for
the study of rheological properties in the geological context. First, time scales (strainrates) of laboratory experiments are always much shorter (faster strain-rates) than those in
Earth. Therefore a large extrapolation is needed to apply laboratory results using a
constitutive relationship (a relationship between applied stress and strain-rate). Second,
because the constitutive relationship is different among different mechanisms of
deformation, the applicability of a constitutive relationship (either determined by lab
experiments or calculated by theory) to deformation in Earth’s interior needs to be
examined. Consequently, one needs to make sure that the mechanism of deformation
studied in the lab or by a theoretical study is the same as the mechanism that may operate
in Earth and planetary interiors.
Electrical conductivity involves large-scale transport of charged species and has
some similarities to plastic deformation. Both plastic deformation and electrical
conductivity in minerals occurs via thermally activated motion of atoms or electrons
involving crystalline defects (see a Chapter by Karato and Wang). Therefore both of
these properties in minerals are sensitive to temperature and in many cases sensitive to
impurities such as hydrogen. However, electrical conduction follows a linear relationship
and consequently, once conductivity is measured, there are no scaling problems in terms
of time scale (or voltage). In plastic properties, the relationship between stress and strainrate is not always linear. When the constitutive relation is non-linear, then rather than the
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proportional coefficient one needs to determine the functional relationship between stress
and strain-rate. There is no single-valued viscosity but effective viscosity (defined as a
ratio of stress to strain-rate) that depends on the strain-rate (or stress). For instance, if the
relationship between stress and strain-rate follows the power-law behavior, viz.,

ε (T , P, L,CW ) = A (T , P, L,CW ) ⋅ σ n

(1)

where ε is strain-rate, T is temperature, P is pressure, L is grain-size, CW is water
content and n is a non-dimensional parameter, then one needs to determine both A and n
as a function of various parameters (temperature, pressure, water content, stress, grainsize etc.). And the dependence of these parameters (A and n) on physical/chemical
conditions is different among different deformation mechanisms. In the following,
rheological properties will be described by the strain-rate at a given stress, or by the
effective viscosity ( ηeff =

σ
ε

), or by the creep strength (i.e., stress needed to deform a

material at a given strain-rate).
Similarly, although there is not much transient phenomenon in electrical
conductivity (except for the apparent frequency dependence caused by sample-electrode
interaction, see a Chapter by Karato and Wang), transient deformation is often important
in plastic deformation because the establishment of steady-state driving force and defect
concentration requires finite time or strain. Processes that control stress distribution and
defect concentrations (densities) need to be understood to formulate the flow laws in
plastic deformation.
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Fig. 1 illustrates the sensitivity of rheological properties to these variables in a
schematic manner. If experimental studies are conducted in a regime where the flow law
is different from the one appropriate for deformation in Earth’s interior then the
experimental results cannot be extrapolated. Identifying the similarity in the mechanisms
requires extensive and multifaceted studies, and careful considerations of strategy are
needed to make progress in this area.

MECHANISMS OF PLASTIC DEFORMATION AND FLOW LAWS

Fig. 2 illustrates two processes of plastic deformation. In both of them, defects
play an important role. These defects include point defects, dislocations and grain
boundaries. Plastic deformation in minerals at an appreciable rate is possible only when
these defects are present.
Among these defects, point defects are present in any materials at thermochemical equilibrium although point defect concentration is locally modified by the
stress. In contrast, both dislocations and grain-boundaries are present as non-equilibrium
defects, and their abundance (dislocation density, grain-size) is controlled by the thermomechanical history of the material. In most cases, however, it is a good approximation to
assume steady-state dislocation density and in these cases, dislocation density can be
treated as a parameter that is determined by the magnitude of applied differential stress
(e.g., (Poirier, 1985)),

ρ ≈ b −2

()
σ
µ

2

(2)
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where ρ is dislocation density (the total length of dislocation per unit volume), b is the
length of the Burgers vector (unit displacement associated with a dislocation), σ is the
differential stress and µ is the shear modulus.
In contrast, steady-state grain-size can be attained only after long term annealing
or after large strain deformation. Transient behavior plays an important role both in
dislocation and diffusion creep.

Diffusion creep
Theory and experimental observations are both well established for diffusion
creep. Grain-boundaries are weaker than the bulk of the grains, and therefore grainboundary sliding occurs when deviatoric stress is applied to a polycrystal. Grainboundary sliding results on the gradient in normal stress among grain-boundaries with
different orientations. Gradient in the normal stress establishes the concentration gradient
in point defects that requires grain-boundary reactions. This concentration gradient drives
diffusion flux. Consequently, the slower of these processes controls the rate of
deformation. In most cases, diffusion is the slower process that controls the rate of
deformation (Nabarro, 1948, Herring, 1950, Raj and Ashby, 1971). In some cases,
reaction at grain-boundaries controls the rate of deformation. This is a case where
diffusion occurs through grain-boundary fluids, a case called pressure-solution creep
(Spiers et al., 2004).
Diffusion of atoms occurs both inside the grains and along the grain-boundaries.
Because the driving force for diffusion creep is the grain-scale heterogeneity in the

9
normal stress at grain-boundaries, the driving force for diffusional flux is inversely
proportional to grain-size. The strain caused by diffusional mass flux is also inversely
proportional to grain-size. Therefore the flow law for diffusion creep is written as

(

εdiff = Adiff
′ DV +

3δ
L

DB

) LσRTΩ

(3)

2

where Adiff
′ is a non-dimensional parameter, DV is diffusion coefficient in the grain
(volume diffusion coefficient), DB is diffusion coefficient along grain-boundaries, L is
grain-size, δ is the thickness of grain-boundary (~b), Ω is the molar volume (~b3). In
this case, the strain-rate is linearly proportional to stress, and the viscosity ( η =

σ
ε

) is

independent of stress or strain-rate, but depends on grain-size and temperature (and
pressure). When grain-size reduction occurs, then viscosity will be reduced. Diffusion

(

coefficients depend on temperature and pressure as D = Do exp −

E*D + PVD*
RT

) (E

*
D

:

activation energy for diffusion, VD* : activation volume for diffusion) and therefore the
strain-rate corresponding to diffusion creep depends on temperature, pressure, grain-size
and stress as

εdiff = Adiff ⋅

( Lb )−2 ⋅ exp ( − E

εdiff = Adiff ⋅ 3bδ ⋅

*
*
VD + PVVD

RT

( Lb )−3 ⋅ exp ( − E

)⋅

σ
µ

*
*
BD + PVBD

RT

)⋅

σ
µ

for volume diffusion

(4a)

for boundary diffusion

(4b)
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with Adiff = Adiff
′ ⋅

Do µΩ
RTb 2

*
*
is a constant with a dimension of s-1, EVD
( BD ) , VVD( BD ) are the

activation energy and volume for volume or grain-boundary diffusion.
In a compound, the diffusion coefficient in equation (3) or (4) must be a
combination of diffusion coefficients of various species. For olivine, there are at least
three species (Mg (Fe), Si and O) to consider. Usually diffusion of Si is the slowest and
diffusion coefficient of Si is used to calculate creep rate by diffusion from diffusion
coefficients (e.g., (Shimojuku et al., 2004, Yamazaki et al., 2000)). However this
assumption may not be valid in some cases. First, in many oxides, slow diffusion species
in the bulk tends to have high diffusion coefficients along grain-boundaries but the
diffusion of fast diffusion species (in the bulk) is not much enhanced along grainboundaries (Gordon, 1973). In these cases, the net diffusion coefficient of a species that
has the faster bulk diffusion can become slower than the diffusion of other species. In
these cases, a species that has a fast volume diffusion coefficient could become the ratelimiting step. Second, in (Mg,Fe)SiO3 perovskite, (Holzapfel et al., 2005) showed that
Mg (Fe) diffusion is the slowest in the bulk ((Xu et al., 2011) showed that diffusion
coefficients of Si and Mg are similar in perovskite).
A subtle but an important point in diffusion creep is that the rate of deformation
depends on the gradient in point defect concentration that depends on the stress state at
grain-boundaries. The stress state at grain-boundary is in turn controlled by deformation
because deformation relaxes stress concentration. This point was elegantly studied by
(Raj and Ashby, 1971). Upon the application of stress to a specimen, stress concentration
will occur at grain corners (weak grain-boundaries are assumed). High stress
concentration enhances diffusional flow, and reduces the stress concentration.
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Consequently, stress distribution will be modified, and at steady-state, smooth
distribution of stress is achieved. A faster strain-rate is observed in the initial transient
period (see also (Lifshitz and Shikin, 1965)). Such a transient creep behavior is
potentially important in the analysis of post-glacial rebound (Karato, 1998a) and in
anelastic energy dissipation (see a Chapter by Takei). In calculating strain-rate for
diffusion creep, heterogeneous stress distribution and resultant diffusional mass flux must
be solved self-consistently to obtain correct steady-state strain-rate.

Dislocation creep
Plastic deformation occurs also by a collective motion of atoms such as the
migration of crystal dislocations. A dislocation is defined as a propagation front line of a
slip that is characterized by the slip plane and slip direction. A combination of a slip
plane and slip direction defines a slip system. The flow law by dislocation creep can be
described by the Orowan equation (e.g., (Poirier, 1985, Karato, 2008, Orowan, 1940)),

εdisl = bρυ

(5)

where b is the length of the Burgers vector (the unit displacement associated with a
dislocation), ρ is the dislocation density (the total length of dislocations per unit volume)
and υ is the dislocation velocity. Using equation (2), this equation leads to,

εdisl (σ ,T , P; X ) ≈ b −1

( ) ⋅ υ (σ ,T , P; X )
σ
µ

2

(6)
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where X is a set of parameters representing chemical environment such as water fugacity
and oxygen fugacity. In general the dislocation velocity increases with applied stress and
therefore, the rate of deformation by dislocation creep is a non-linear function of stress. If
one defines effective viscosity by ηeff =

σ
ε

, then the effective viscosity is not a constant

but it decreases with stress or strain-rate.
At high temperatures (relative to the melting temperature (Tm), i.e., T/Tm>0.5),
dislocation motion is thermally activated, and at low stresses, the dislocation velocity is a
linear function of stress. In these cases, the dislocation velocity can be written as

(

*

*

)

υ = Bbσ = b ⋅ Bo ⋅ exp − Edisl + PVdisl ⋅ σ
RT

(7)

*
*
where B is the mobility (Bo is a constant) and Edisl
is the activation energy and Vdisl
is the

activation volume for dislocation motion and equation (6) becomes,

εdisl ≈ Bo ⋅ µ ⋅

( ) ⋅ exp (−
3

σ
µ

*
*
Edisl
+ PVdisl
RT

).

(8)

Such a power-law dependence, i.e., ε ∝ σ n (n=3), is often seen in laboratory studies at
modest stress levels,

σ
µ

< 10 −3 (e.g., (Weertman, 1975, Karato, 2008)), but more

generally

(

ε pl = A pl ⋅ exp −

*
E*pl + PVpl

RT

)⋅( )
σ
µ

n

(9)
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with A pl = Bo µ and n=3-5 (the suffix pl means “power-law”) (Weertman, 1975,
Weertman, 1999, Karato, 2008, Poirier, 1985).
For simple materials such as metals, the activation energy and volume ( E *pl , Vpl* )
agree with those of diffusion ( E *D , VD* ) and this is interpreted by a model where the rate
of high-temperature creep is controlled by diffusion-controlled dislocation climb
(Weertman, 1968, Weertman, 1975, Weertman, 1999, Karato, 2008, Kohlstedt, 2006)
(see Fig. 3a). However, in oxides and silicates the activation energy and volume often
include some extra-term caused by the high energy of dislocations in these crystals
(Karato, 2008)1. The extra-term in dislocation climb is the concentration of jogs (steps on
a dislocation line that help dislocation climb, see two steps on a dislocation line in Fig.
3a) (e.g., (Poirier, 1985, Karato, 2008)). In oxides or silicates, chemical bonding is strong
and the unit cell tends to be large. Consequently, the dislocation energy is large and
hence the formation of these steps (jogs in case of dislocation climb) is difficult. In these
cases, the formation of these steps requires thermal activation. Therefore, equation (9) is
modified to

(

ε pl = A′pl ⋅ exp −

1

( E*D + E*j )+ P(VD* +Vj* )
RT

)( )
⋅

σ
µ

n

(10)

Kohlstedt (2006) argued that dislocation creep in olivine is directly controlled by
diffusion-controlled dislocation climb similar to deformation of metals. However, this
model is inconsistent with the presence of large plastic anisotropy in olivine as discussed
by (Karato, 2010a).
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where E *j and V j* are the formation energy and volume of a jog respectively. Formation
of a step such as a jog requires the distortion of a dislocation line and consequently, the
formation energy and the density of these steps are anisotropic, providing a source for
large plastic anisotropy.
At high stresses, the activation enthalpy may become stress dependent. This is the
case when the rate-controlling process is thermally activated motion of dislocation glide
over the Peierls potential (potential energy of a dislocation in a crystal). Dislocation
motion over the Peierls potential involves the formation of a kink pair and their
migration. Fig. 3b shows a saddle point configuration of formation of a pair of kinks
where ΔA (σ ) is an area swept by a dislocation. Because the force exerted by the external
stress on the unit length of a dislocation is σ b (e.g., (Poirier, 1985)), the stress does an
extra work, −ΔA (σ ) ⋅ σ b . Therefore, the activation enthalpy for dislocation glide is

*
H glide
= H o* − ΔA (σ ) ⋅ b ⋅ σ

(11)

and hence activation energy depends strongly on stress. Also the activation area ΔA (σ )
itself depends on the shape of a dislocation at the saddle point that depends on the stress,
and this leads to various formulae of the activation enthalpy. The flow law for such a
mechanism of dislocation motion is given by

εglide = Aglide ⋅

()
σ
µ

2

*
⎡ H glide
⎧
⋅ exp ⎢ − RT ⎨1 −
⎩
⎢⎣

( ) ⎬⎭ ⎥⎥⎦
σ
σP

q ⎫s ⎤

(12)
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*
where Aglide is a constant with the dimension of s-1, H glide
is the activation enthalpy for

dislocation glide at zero stress, σ P is the Peierls stress (a critical stress for dislocation
glide at T=0 K), q and s are constants (0<q ≤ 1, 1 ≤ s ≤ 2)2 (Kocks et al., 1975). This
mechanism of deformation is often referred to as the Peierls mechanism. Note that this
relation implies that deformation at finite strain-rate is possible even at T=0 K if stress
approaches the Peierls stress, σ P .
When the flow law described by equation (12) operates (high stress and/or low
temperatures), the temperature dependence of creep strength comes mainly from the
stress dependence of activation enthalpy and

σ
σP

⎡
≈ ⎢1 −
⎣

( )
T
To

1
s

1

⎤q
⎥
⎦

(13)

where To is a reference temperature that depends on strain-rate and activation enthalpy at
zero stress. The temperature dependence of creep strength corresponding to this
mechanism is weaker than that of power-law creep ( σ ∝ exp

(

*
E*pl + PVpl

nRT

) ). The Peierls

stress corrected for temperature is equivalent to the concept of “yield stress” often used in
geodynamic modeling (e.g., (Tackley, 1998, Richards et al., 2001)).

2

Strictly speaking, the rate of reverse motion of a dislocation needs to be added to
equation (12) (see Karato (2008)), but this term is not important at high stresses. The
reserve motion term is important when this equation is used at low stresses.
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Plastic anisotropy and the relation between single crystal and polycrystal
deformation
Flow laws such as those given by equations (9) (or (1)) or (12) apply to
deformation by each slip system. In a given crystal, there are several slip systems and a
crystal has plastic anisotropy, i.e., the resistance for deformation depends on the
orientation of a crystal with respect to the applied stress. In the homogeneous
deformation of a polycrystalline aggregate, each grain needs to be deformed to arbitrary
geometry. This requires five independent slip systems to be present (the von Mises
criterion). Consequently, the rate of deformation of a polycrystalline aggregate is, in most
cases, controlled by the rate of the most difficult slip system (Kocks, 1970). This is in
contrast to the case of lattice-preferred orientation where the easiest slip system makes
the most important contribution.
Anisotropy in deformation for individual grains leads to plastic anisotropy of a
rock if the distribution of crystallographic orientation of grains is not random. In these
cases, rheological properties must be treated as anisotropic properties (effective viscosity
becomes a fourth-rank tensor same as elastic constants). Influence of plastic anisotropy
on geodynamic processes has been studied by (Saito and Abe, 1984, Honda, 1986, Lev
and Hager, 2008), but plastic anisotropy of rocks has not been studied extensively. In
case of olivine, where rheological properties have been studied extensively, a comparison
on rheological properties for tri-axial compression and simple shear shows that plastic
anisotropy is only modest. However, for highly anisotropic crystal such as hcp metals
(e.g., zinc and ε -iron in the inner core), plastic anisotropy of an aggregate can be very
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large (Frost and Ashby, 1982). This may have an important effect on the dynamics of the
inner core.
(Karato, 2010a) discussed the influence of anisotropic diffusion on the strength of
a polycrystalline aggregate. For diffusion creep, it is the diffusion along the slowest
orientation that controls the overall rate of deformation (see also (Lifshitz, 1963)). For
dislocation creep controlled by dislocation climb, which is in turn controlled by diffusion,
the rate controlling diffusion coefficient is the intermediate diffusion coefficient. This is
because the rate of dislocation climb is controlled by diffusion in the direction normal to
the dislocation line, and the rate-controlling step of deformation of a polycrystalline
aggregate is deformation by the hardest slip system3.

The role of grain-boundary sliding
Deformation of a polycrystalline material can occur by grain-boundary sliding
(Langdon, 1975, Langdon, 1994). However, grain-boundary sliding creates gaps and
overlaps of grains and therefore some processes must operate to remove gaps or overlaps.
Processes of accommodation include diffusion creep and dislocation creep.
Grain-boundary sliding accommodated by diffusion creep is a typical example.
(Raj and Ashby, 1971) presented a theoretical analysis of the interplay between grainboundary sliding and diffusion creep. They showed that these processes must operate
simultaneously and therefore a more difficult process controls the overall rate of

D +D

D +D

D +D

One compares 11 2 22 , 11 2 33 , 22 2 33 ( Dii : diffusion coefficient along the i-th
direction), and the smallest one controls the rate of deformation of a polycrystal.
3
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deformation. In many cases, grain-boundary sliding is easier than diffusional mass
transport and the flow law is essentially the same as the diffusion creep.
When dislocation processes are involved in the intra-granular deformation,
somewhat different flow law may arise. When accommodation by dislocation creep is
much more difficult than grain-boundary sliding, a flow law similar to dislocation creep
will apply (e.g., (Chen and Argon, 1979)). However, there is a narrow parameter space
where dislocation creep rate can be affected by the stress concentration at grainboundaries. In these cases, a non-linear, grain-size dependent flow law will be obtained,
viz.,

(

*

*

) ( ) ⋅(

εgbs = Agbs ⋅ exp − Egbs + PVgbs ⋅
RT

σ
µ

n

)

b m
L

(14)

where Agbs is a constant with the dimension of s-1, n=2-3 and m=1-3 (e.g., (Nieh et al.,
*
*
1997)), and Egbs
and Vgbs
are the activation energy and activation volume respectively

(Table 1). (Nieh et al., 1997) listed a number of examples of such a rheological behavior
in metals and ceramics. A similar rheological behavior is also reported in geological
materials (Goldsby and Kohlstedt, 2001, Hiraga et al., 2010, Hansen et al., 2011). It is
sometimes suggested that this mechanism is crucial for shear localization (Warren and
Hirth, 2006, Precigout et al., 2007). However, the parameter space in which this
mechanism dominates is limited and its importance in geological processes is unclear.
Various flow laws are summarized in Table 1.
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Deformation of multi-phase mixtures
Generalities
Rocks are in general made of various minerals. Let us consider deformation of a
two-phase mixture. For simplicity, let us assume these two phases have isotropic plastic
properties but their strengths are different. How is the strength of such a mixture related
to the strength of each phase? Obviously, the strength of such an aggregate is determined
by the strengths of each phase and their volume fraction, but it also depends on the
geometry of each phase. Predicting the average strength of a mixture is difficult because
the strength of a mixture depends strongly on how stress and strain are distributed among
co-existing phases. Two end-member cases can be considered, one with homogeneous
stress and another with homogeneous strain. The former gives the upper limit for the
actual strength, and the latter does the lower imit.
A key point is that the stress-strain distribution among co-existing phases evolves
with strain and it is frequently observed that the strain partitioning changes with strain in
such a way that a weaker phase will accommodate a larger fraction of strain at larger
strains (e.g., (Bloomfield and Covey-Crump, 1993)). When the weaker phase is interconnected then a sudden strength drop could occur leading to shear localization. The
lower mantle of Earth is a region where this type of strain localization may occur because
it is made of 20-30% of a weaker phase ((Mg,Fe)O) together with a stronger phase ((Mg,
Fe)SiO3 perovskite) (e.g., (Yamazaki and Karato, 2001)).

Influence of partial melting
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Partially molten material is a typical case of a two-phase mixture. When the
volume fraction of a liquid phase exceeds a certain limit (~20-30%), then such an
aggregate behaves like a liquid with some solid suspensions. If the volume fraction is less
than this limit, an aggregate deforms like a solid but its resistance to plastic deformation
is modified by the presence of a liquid phase. Various processes may affect the plastic
properties of such a solid-liquid mixture including (i) chemical reaction between solid
and liquid (dissolution-precipitation), (ii) fast diffusional mass transport through liquid
phase, and (iii) stress concentration.
The influence of chemical reaction (dissolution-precipitation) has been studied
extensively in relation to so-called “pressure-solution” creep (e.g., (Rutter, 1976,
Shimizu, 1994, Spiers et al., 2004)). This mechanism is essentially the same as grainboundary diffusion creep (Coble creep), but because diffusion is fast in the liquid, the rate
of deformation is often controlled by the rate of chemical reaction at the grain-liquid
interface (Spiers et al., 2004). The influence of processes (ii) and (iii) were analyzed by
(Cooper and Kohlstedt, 1986, Kohlstedt, 2002). They showed that the presence of partial
melt has only modest influence on creep rate (see a later part of this Chapter). In contrast,
(Takei and Holtzman, 2009a, Takei and Holtzman, 2009b, Takei and Holtzman, 2009c)
presented a more sophisticated analysis of stress states at grain-boundaries and concluded
that the influence of partial melting is stronger, a factor of ~5 reduction in viscosity even
at a small melt fraction, 10-3 % (see a Chapter by Takei). The reason for this discrepancy
is not well understood. Modeling diffusion creep is complicated because the stress state
and diffusional flux have strong interaction and these two must be solved selfconsistently as shown by (Raj and Ashby, 1971). For dislocation creep, there is no
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mechanism to enhance creep significantly at a small melt fraction. The same is true for
diffusion creep controlled by volume diffusion. In some Earth science literatures,
boundary diffusion controlled diffusion creep is exclusively considered (e.g., (Mei and
Kohlstedt, 2000a, Hirth and Kohlstedt, 1995a, Kohlstedt, 2002). However, interplay
between volume and boundary diffusion is complicated in ionic solids and both boundary
diffusion-controlled and volume diffusion-controlled creep behaviors are found in many
oxides depending on the grain-size and temperature (e.g., (Cannon and Coble, 1975,
Gordon, 1973, Li et al., 1996))).

Deformation mechanism map
Because of the presence of multiple mechanisms of plastic deformation, it is
convenient to use some diagrams to illustrate the parameter space where one mechanism
dominates over others. Such a diagram is called a deformation mechanism map (Frost
and Ashby, 1982). In many cases, the competing mechanisms are independent, so these
diagrams simply show the mechanisms with the largest strain-rate under various
conditions. Because strain-rate depends on a number of parameters (temperature (T),
pressure (P), grain-size (L), stress ( σ ), water content ( CW )), such a diagram must in
general be presented in a multi-dimensional space. However, a two-dimensional diagram
is easy to use for practical purposes, and therefore in most cases, such a diagram is
usually constructed on a two-dimensional space keeping other parameters fixed. An
example of deformation mechanism map is shown in Fig. 4 where I chose grain-size and
stress as independent parameters for a particular set of temperature and pressure. Similar
diagrams have been constructed for other minerals including plagioclase (anorthite)
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(Rybacki and Dresen, 2000), (Mg,Fe)O and perovskite (Karato, 1998b) and ringwoodite
(Karato et al., 1998). For most of mantle minerals, the dominant deformation mechanism
in the typical hot mantle is diffusion creep or power-law dislocation creep. However, in a
cold subducted lithosphere, the Peierls mechanism also plays an important role (Karato et
al., 2001).

Shear localization
The discussions so far are all for “steady-state” deformation. This is a convenient
assumption that makes the formulation of flow laws easy. However, the validity of
steady-state deformation is questionable in some cases. Particularly important is
deformation of the lithosphere. Under low temperature conditions, non-steady
deformation likely occurs leading to strain localization that reduces the strength of the
lithosphere substantially.
The essence of the conditions for shear localization is the presence of a process of
positive feedback, i.e., a process wherein the increase in strain (or strain-rate) leads to the
reduction in the creep strength. In these cases, regions that are deformed more become
easier to deform so that the runaway instability will occur. Such a positive feedback is,
however, not common. In most cases, materials show work-hardening (strain-hardening),
and the resistance to deformation increases with strain-rate, leading to a negative
feedback that stabilizes deformation.
However, there are several mechanisms that lead to a positive feedback. Two
processes of such instability are well documented. One is the thermal runaway instability
where deformation-induced heating leads to runaway instability, and another is the
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instability caused by grain-size reduction. In both cases, instability will occur under
limited conditions.
Consider thermal runaway instability. Deformation produces heat and therefore a
region of more deformation will have a higher temperature and the increased temperature
enhances deformation. If this positive feedback is more efficient than the work-hardening
(strain-hardening) that will stabilize the system, then thermal runaway will occur. The
magnitude of positive feedback is proportional to the rate of heat generation by
mechanical work and inversely proportional to the rate of heat diffusion that is sensitive
to the space scale of deformation. Consequently, this instability occurs when the rate of
heating, i.e., the energy dissipation rate, exceeds a certain value (e.g., (Argon, 1973)),

σε > (σε )c =

where h =

∂log σ
∂log ε

π 2 hC pκ RT 2
H * L2

(15)

(~1) is the coefficient of work-hardening, CP is the specific heat, κ is

the thermal diffusivity, H* is the activation enthalpy, and L is the length scale. Note that
the conditions for instability depend strongly on the space scale, L. Because the energy
dissipation rate per unit volume is given by σε = η (T , P ) ⋅ ε 2 , this instability occurs when
viscosity exceeds a certain value that depends on the space scale. For a typical strain-rate
of ~10-15 s-1, and a space scale of ~100 km, the critical viscosity is ~1023 Pa s.
Consequently, we conclude that this mechanism of shear localization occurs at low
temperatures where viscosity is high.
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Grain-size reduction could also lead to shear localization but again only at low
temperatures. Let us consider the grain-size reduction caused by deformation (dynamic
recrystallization). Dynamic recrystallization occurs when a material deforms by
dislocation creep. Small grains are formed along the pre-existing grain-boundaries (Fig.
5a). The size of recrystallized grains is inversely proportional to stress,

Lr
b

= Ar

()
σ
µ

−a

( Lr : the size of recrystallized grains, Ar and a: constants) (Karato, 2008, Poirier, 1985,
Derby, 1991). If the size of these grains is small enough, grain-size sensitive creep such
as diffusion creep will operate there and these regions will be softer than the initial
material. Then the load is transferred to coarse-grained regions (cores in Fig 5a) that
promotes further deformation and the generation of small grains, leading to the runaway
instability. The necessary condition for this localization mechanism to operate is that the
size of dynamically recrystallized grain is smaller than that of a critical size for the
transition between diffusion and power-law dislocation creep, and is given by
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> 0 and H *pl − H *D > 0 for most materials, this condition means that

shear localization likely occurs at high stresses and low temperatures.
This is the necessary condition for shear localization. In order for substantial
deformation to occur by this mechanism, the growth rate of newly formed grains must be
small enough. Low temperature favors slow growth rate, but for pure material such as
pure olivine aggregates, growth rate is still so fast (Karato, 1989b) that substantial shear
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localization does not occur. The presence of a secondary phase that retards grain-growth
rate is needed to achieve substantial shear localization (Karato, 2008). I will come back to
this issue later in this Chapter when I discuss the deformation of the lithosphere.
Localized deformation due to stress-induced melt migration was studied by
(Holtzman et al., 2003a, Holtzman et al., 2003b). Such a process is likely important near
mid-ocean ridges where extensive partial melting occurs. However, importance of these
processes in the asthenosphere far from ridges is unclear.

EXPERIMENTAL METHODS IN DEFORMATION STUDIES

Because plastic deformation involves a number of processes as discussed above
and also because defects involved in plastic deformation have low symmetry, theoretical
modeling is difficult and it is essential to obtain experimental results. Even in the case of
diffusion creep where theory is well established, the interplay of grain-boundary and bulk
diffusion of various diffusing species makes the application of diffusion data complicated
(e.g., (Gordon, 1973, Gordon, 1985)). In fact, there have been no theoretical studies on
the creep strength of any geological materials that predicted the plastic properties
including the creep strength and the dominant slip systems correctly. Consequently,
experimental studies play the most important role in our understanding of the rheological
properties of Earth and planetary interiors.
Plastic properties depend on a number of parameters and many of which change
plastic properties (e.g., strain-rate for a given stress) by several orders of magnitude.
Therefore a careful control and characterization of chemical environment and
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microstructures, and a choice of appropriate method of experiments (or the development
of new methods when needed) are critical in the study of plastic properties. Important
factors that need to be characterized or controlled include the water content (water
fugacity) and the grain-size. The importance of controlling or characterizing water
content must be emphasized because the water effects are large and water may be lost or
added to the sample during an experiment. Water content of a sample must be measured
both before and after each experiment. Similarly grain-size must be measured both before
and after each experiment when a polycrystalline sample is used. Although effects are
relatively small, oxygen fugacity and oxide activity must also be controlled.
The choice of an apparatus must be made based on the proper understanding of
theory of plastic deformation and of thermodynamic properties of materials under highpressure and temperature conditions. If a necessary apparatus does not exist, then one
should design a new one to achieve the scientific goal4. Key aspects in choosing or
developing deformation apparatus or methods are (i) the range of pressure and
temperature in which the machine can be operated and (ii) the resolution of mechanical
measurements. A common trade-off is that a high-resolution testing machine such as a
gas-medium deformation apparatus has a limited pressure range of operation (P<0.5
GPa), whereas apparatus that can be operated to higher pressures tend to have lower
resolution in mechanical measurements.

Unfortunately, the value of developing new techniques is often not appreciated in the
community (my first proposal to develop a rotational Drickamer apparatus (RDA) was
declined). However, it should be emphasized that without developing new techniques,
one cannot conduct truly pioneering experimental studies.
4
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Let us consider a case of high-resolution, low-pressure deformation apparatus
versus high-pressure, low-resolution deformation apparatus. In the late-1960s to early
1970s, a large number of pioneering experimental studies were conducted at UCLA using
a solid-medium deformation apparatus designed by David Griggs (Griggs, 1967). Most of
the basic concepts on the rheological properties of rocks such as (i) non-linear
constitutive relationship, (ii) water weakening, (iii) development of lattice-preferred
orientation (and its implications for seismic anisotropy) and (iv) dynamic recrystallization
(and its possible implications for shear localization) were established by their classic
studies (for a summary of these studies see (Heard et al., 1972)). With this apparatus, one
can conduct deformation experiments to P~2 GPa (T to ~1600 K), but the uncertainties in
stress measurements are large due to the large influence of friction (errors in stress
measurements sometimes exceed 100 % (Gleason and Tullis, 1993)).
In 1960s to 1980s, Mervyn Paterson at the Australia National University
developed a gas-medium deformation apparatus (Paterson, 1970, Chopra and Paterson,
1981, Paterson, 1990) with which high-resolution mechanical tests can be made to P~0.3
GPa and T~ 1600 K (stress resolution ~1 MPa). A key element in this apparatus is the use
of an internal load cell for load (stress) measurements. Because the load cell is located in
the pressure vessel, there is no need for the correction for friction and the load (stress)
measurements can be made as precisely as at room pressure. This apparatus was used
extensively in the Paterson’s lab at ANU (e.g., (Chopra and Paterson, 1981, Chopra and
Paterson, 1984, Karato et al., 1986, Mackwell et al., 1985)). In particular, (Karato et al.,
1986) introduced a new method of deformation experiments where high-resolution
mechanical tests are conducted on synthetic samples with controlled grain-size and water
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content. Also (Zhang and Karato, 1995) developed a shear deformation technique using
the high-resolution gas-medium apparatus. Similarly (Paterson and Olgaard, 2000)
developed a torsion apparatus that can be operated to ~0.3 GPa. Subsequently, these
methods were used extensively in a few groups (e.g., (Mei and Kohlstedt, 2000a, Mei and
Kohlstedt, 2000b, Hirth and Kohlstedt, 1995a, Hirth and Kohlstedt, 1995b, Holtzman et
al., 2003b, Rybacki and Dresen, 2004, Rybacki et al., 2006, Bystricky et al., 2001)). The
applications of these low-pressure, high-resolution apparatus under carefully controlled
chemical environment were critical in establishing the rigorous bases of mineral and rock
deformation studies (for an excellent review on the low-pressure studies see (Kohlstedt,
2009)).
However, the maximum pressure of experimentation with this apparatus is low,
P<0.5 GPa (corresponding to a depth of ~15 km) (most experiments were conducted at
P ≤ 0.3 GPa). This pressure range is small compared to the actual pressures in Earth’s
mantle (~2-10 GPa in the asthenosphere, ~13 GPa at 410-km, ~24 GPa at 660-km).
Therefore applications of low-pressure data need a large extrapolation in pressure. For
such an extrapolation, pressure dependence of creep strength needs to be known
precisely. However, it is difficult to determine the pressure dependence of deformation
from low-pressure experiments. In addition, many minerals are stable only under highpressure conditions (e.g., orthopyroxene (13 GPa>P>1 GPa), wadsleyite (17 GPa>P>14
GPa), perovskite (120 GPa>P>24 GPa)). Rheological properties of these minerals cannot
be studied using these low-pressure apparatus. Furthermore, the functional form of
pressure dependence of deformation likely changes at around P~0.5 GPa when water is
present in the system (Karato, 2008). This means that the results on the influence of water
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obtained below P~0.5 GPa cannot be extrapolated to higher pressures even qualitatively
(see the later section on the water effect). Consequently, results from low-pressure (<0.5
GPa) experiments have limited applicability to the regions deeper than ~20 km (in Earth).
Consequently, the rheological properties of more than 99% of the mantle cannot be
investigated by these low-pressure studies.
Recognizing these limitations, a group of scientists initiated a coordinated effort
to develop new techniques of quantitative studies of plastic properties at high pressures
exceeding ~10 GPa (Karato and Weidner, 2008). These new developments include the
design of new types of deformation apparatus (Fig. 6c, d) and the use of synchrotron Xray facilities to measure the stress and strain in-situ (e.g., (Weidner, 1998, Karato and
Weidner, 2008)). In these new methods, stress is not measured by a load cell as has been
the case of low-pressure apparatuses but by X-ray diffraction.
Theories of stress measurements using X-ray diffraction were developed by
(Singh, 1993, Karato, 2009). (Singh, 1993) considered only elastic deformation, and in
this theory, the anisotropy in lattice strain (strain in crystalline lattice) is caused by the
anisotropy in the elastic constants. But this theory does not explain observed highly
anisotropic lattice strain in plastically deformed materials (e.g., (Weidner et al., 2004,
Chen et al., 2006a)). (Karato, 2009) developed a new theory in which the influence of
plastic deformation to re-distribute stress among grains is included for non-linear
constitutive relationship. In this theory, anisotropy in lattice strain is caused both by
elastic and plastic anisotropy. Plastic anisotropy is usually much larger than elastic
anisotropy and this theory explains the observed large anisotropy in lattice strain. When
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elastic anisotropy is known, this theory provides a way to infer plastic anisotropy from
observed anisotropy in lattice strain.
At the time of this writing (February 2012), quantitative deformation experiments
have been conducted to P~23 GPa and T~2200 K using the rotational Drickamer
apparatus (RDA) with the resolution of stress measurements of ~10 MPa (Hustoft et al.,
2011, Weidner et al., 2010). The resolution of stress measurements is not as good as that
in the gas-medium, low-pressure apparatus, but this resolution is high enough to
characterize rheological properties in most cases (the resolution of stress is ~10 MPa).
Deformation experiments at much higher pressures were conducted using a
diamond anvil cell (DAC) (e.g., (Meade and Jeanloz, 1988, Sung et al., 1977, Kinsland
and Bassett, 1977, Wenk et al., 2004, Merkel et al., 2006, Merkel et al., 2007, Miyagi et
al., 2011)). However, in most studies with DAC, temperature was low (some are at room
temperature) and in all cases, strain rates are unknown. Consequently, the applicability of
these results to deformation in hot Earth’s interior is highly questionable.
It must be remembered that simply conducting some poorly characterized
deformation experiments under high-pressures does not help our understanding of
rheological properties of the deep interior of Earth. Many issues learned by low-pressure
experiments (e.g., control or characterization of water content and grain-size,
identification of deformation mechanisms) need to be carefully examined in order to
obtain results that can be applied to Earth’s deep interior. The lack of such an analysis is
the main source of confusions as shown by (Karato, 2010b) for olivine. A combination of
careful experimentation with technical developments toward high-pressure studies is
essential to make further progress in this area.
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Fig. 7 shows a range of pressure and temperature conditions in which deformation
experiments were performed using various apparatus.

BASIC EXPERIMENTAL OBSERVATIONS
Influence of temperature, stress and grain-size
Fig. 8 illustrates some of the experimental data on plastic deformation of some
minerals showing the evidence of various deformation mechanisms discussed above.
Transition from diffusion to dislocation creep as stress increases (or grain-size increases)
is well documented (Fig. 8b), and non-linear flow law is also well established at
relatively high stresses. Most experimental results show strongly temperature-dependent
rheology. However, there are limited data that indicate the operation of highly non-linear,
relatively temperature insensitive deformation mechanism such as the Peierls mechanism
(Fig. 8d) at low temperatures and high stresses.
The results summarized in Fig. 8 are obtained at low pressures (P<0.3 GPa) at
which high-resolution mechanical measurements are possible. Therefore as far as the
dependence of plastic deformation on temperature, stress and grain-size (and oxygen
fugacity) are concerned, these are well-established solid data sets. However, the
applicability of these data to Earth’s interior is limited to the depth of ~15 km. But most
of plastic deformation in Earth occurs below 20 km. In the past, these low-pressure
results were often extrapolated to high pressures using poorly constrained parameters
such as the activation volume (e.g., (Karato and Wu, 1993, Hirth and Kohlstedt, 1996,
Hirth and Kohlstedt, 2003)). A recent review by (Karato, 2010b) showed that the
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uncertainties in activation volume were so large (see Fig. 10 below) that conclusions in
these previous papers have weak basis.
To make further advance in our understanding of dynamics of Earth’s deep
interior, the influence of pressure and water on rheological properties needs to be wellcharacterized by high-pressure experimentation. In addition, most minerals undergo a
series of phase transformations. The influence of phase transformation must also be
evaluated. These are important issues (some of these factors can change the effective
viscosity by several orders of magnitude), but due mainly to the technical difficulties,
there is not much consensus as to the influence of these factors.
In the following, I will review some of the important observations and their
interpretations related to these issues, which is the frontier in the study of rheological
properties of Earth materials.

Effect of pressure
Pressure can have a large effect on rheological properties. This is seen from the
relationship (9): a positive activation volume reduces strain-rate exponentially with
pressure. The importance of activation volume is shown in Fig. 9. The values of
activation volume for typical oxides or minerals range from ~3 to ~20 cm3/mol, and this
range of V* makes a large difference in the estimated depth variation in viscosity.
However, the precise determination of pressure effects on rheological properties
is challenging. To appreciate this, take a look at Fig. 10 which shows that there was
nearly 10 orders of magnitude difference in the viscosity in the deep upper mantle
calculated from the results of different experimental studies (Fig. 10). Challenges here
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include (i) the precise measurements of pressure effects and (ii) the correction for other
effects such as water content and grain-size. As can be seen from relation (9), the
influence of pressure on viscosity (or creep strength) is exponential, so the pressure effect
is small at low pressures but increases exponential with pressure. Therefore although a
low-pressure apparatus such as the Paterson apparatus has high resolution in stress (and
strain-rate) measurements, pressure effect can be estimated better from high-pressure
measurements even though these methods have lower resolution in stress measurements.
For instance, if the activation volume is 10 cm3/mol, then if one changes the pressure by
0.3 GPa, one will see the change in strain-rate by ~25 % (at 1600 K) (if strain-rate is
fixed then a change in stress is ~7 %). To determine the activation volume with 10%
error, it will be necessary to measure the difference in strain-rate by ~2-3 % error (or
stress by ~0.7 % error). Measuring the change in strain-rate (or stress) with this resolution
is difficult particularly when grain-size affects the strength. In contrast, if pressure
difference of 10 GPa is used, then the change in strain-rate will be a factor of ~1800 (a
factor of ~9 change in stress)). Even with less precise mechanical measurements under
high-pressure environment, changes in properties by high-pressure are so large that much
more precise determination of pressure effects can be made if one uses a high-pressure
deformation apparatus.
Also critical is the influence of water. In many previous studies, substantial
amounts of water were dissolved in the samples particularly at high pressures, but water
contents were not well characterized. Because the water reduces the effective viscosity
(the creep strength) dramatically, dissolved water can lead to misleading interpretation of
the results. For more details on these issues, see (Karato, 2010b).
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Using a newly developed deformation apparatus, RDA (rotational Drickamer
apparatus) at the synchrotron X-ray facility, (Kawazoe et al., 2009) performed
deformation experiments on olivine aggregates to ~10 GPa (to ~1900 K) for nearly
water-free (dry) samples. The water content and microstructures (grain-size, dislocation
structures) were carefully examined and the evidence for power-law creep involving
dislocation recovery was found at high temperatures. Samples show low water contents
(below the detection limit) and the data represent the creep strength of dry olivine. The
data from (Kawazoe et al., 2009) corresponding to the power-law creep regime are
summarized in Fig. 11. These data were obtained under the conditions down to the depth
of ~300 km in the mantle, so there is no need for large extrapolation in terms of pressure
to estimate the creep strength in the deep upper mantle. Extrapolation in strain-rate is still
needed but the uncertainties in this extrapolation are small because the stress exponent is
well constrained (n=3-4). When the relationship (9) is used, we obtain V*=15-20
cm3/mol.
Diffusion coefficients are easier to measure at high pressures than creep strength.
Consequently, a relatively large number of data are available on diffusion coefficients
measured at high pressures than those on creep strength. For instance, the diffusion
coefficient of silicon (and oxygen) in MgSiO3 perovskite (Yamazaki et al., 2000) and the
diffusion coefficient of magnesium and oxygen in MgO (Van Orman et al., 2003) were
measured at lower mantle pressures. Similarly, (Shimojuku et al., 2004, Shimojuku et al.,
2009) measured the silicon and oxygen diffusion coefficient in wadsleyite and applied
these results to high-temperature creep in wadsleyite.
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In the relation (9), the activation volume V* is assumed to be independent of
pressure. This is a good approximation at low pressures ( P / K 0 < 0.1 , K 0 : zero-pressure
bulk modulus ( K 0 =120 GPa for olivine)). However at pressures comparable to or larger
than K 0 , such a linear approximation (i.e., H* = E * +PV * with a constant V*) is no
longer valid, and generally V* decreases with pressure (Poirier and Liebermann, 1984,
Karato, 2011a). Because of this non-linear effect, the effective viscosity at very highpressures will not be as high as one would expect from the relation (9) with a constant
V*.

Possible implications of this effect will be discussed later in relation to the

rheological properties of the deep interiors of planets such as super-Earths.

Effect of water
David Griggs and his coworkers discovered that the creep strength of silicates
such as quartz and olivine decreases strongly with water content (Griggs, 1967, Blacic,
1972). This early notion was confirmed by the later studies using improved experimental
techniques (Kronenberg and Tullis, 1984, Post et al., 1996, Chopra and Paterson, 1984,
Karato et al., 1986, Mei and Kohlstedt, 2000a, Karato and Jung, 2003). These studies
also showed that a finite amount of hydrogen is dissolved in these minerals and that the
degree to which materials weaken depends on the amount of dissolved hydrogen. Fig. 12
shows some examples of experimental observations on water weakening effects.
The precise atomistic mechanisms by which dissolved hydrogen may weaken
minerals are not well understood. Based on the theoretical models described in the
previous section, one can imagine a few possibilities. (1) Dissolved water may enhance
diffusion that in turn enhances diffusion-controlled creep (diffusion creep, dislocation
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creep controlled by dislocation climb). (2) Dissolved water may increase the
concentration of jogs along the dislocation that enhances dislocation climb and hence
deformation. (3) Dissolved water may increase the concentration of kinks (see Fig. 3b)
and hence enhances dislocation glide.
Using olivine for which the most detailed studies have been performed, I will
review some observations. (Costa and Chakraborty, 2008) reported that the addition of
water (hydrogen) to olivine enhances diffusion of silicon and oxygen ((Hier-Majumder et
al., 2005) reported the enhanced Mg-Fe diffusion by hydrogen). The magnitude of
enhancement is roughly same as the amount of enhancement in strain-rate. Therefore,
enhancement of diffusion is clearly a cause of weakening (e.g., (Kohlstedt, 2006)).
However, the enhancement of diffusion alone cannot explain the marked anisotropy of
water weakening effects reported by (Mackwell et al., 1985) because the diffusion
coefficient under water-rich conditions is nearly isotropic (Costa and Chakraborty, 2008).
(Katayama and Karato, 2008b) reported that plastic deformation of olivine in the Peierls
mechanism is enhanced by water and concluded that the Peierls stress is reduced by the
addition of water.
Based on these observations, I conclude that the enhanced deformation in olivine
is due at least to two factors: (i) enhanced diffusion and (ii) reduced dislocation energy
such as the Peierls potential. The reduction of the Peierls potential is likely anisotropic,
and it also increases the jog and kink density. Such a model explains the observed
anisotropic enhancement of creep and resultant fabric transitions in olivine (Karato et al.,
2008) and also predicts that the influence of water is stronger for dislocation creep than
for diffusion creep. In both cases, because the amount of hydrogen dissolved in minerals
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is proportional to some power of water fugacity, the strain-rate under hydrous conditions
can be written as (Karato, 1989a),

εwet ∝ f Hr 2O ( P,T ) ⋅ exp ⎛ −
⎝

*
*
Ewet
+ PVwet
RT

⎞
⎠

(17)

where f H 2O is the fugacity of water. It should be noted that both the water fugacity term,

(

f Hr 2O ( P,T ) , and the exponential term, exp −

*
*
Ewet
+ PVwet
RT

) , depend strongly on pressure

(and temperature) but changes with pressure differently. Consequently the determination
*
of two parameters, r and Vwet
, is a key to obtain a formula from which one can estimate

the influence of water under a broad range of conditions.
However, if one uses a high-resolution but low-pressure apparatus such as the
gas-medium apparatus, one cannot determine any of these parameters uniquely. The
reason is as follows. The contributions of these two terms (the fugacity term and the
exponential term) are similar in magnitude under low-pressure conditions (see Fig. 13).
But with a small pressure range, one cannot determine two parameters precisely enough.
Consequently, (Mei and Kohlstedt, 2000a, Mei and Kohlstedt, 2000b) tried to determine
only one parameter, r, for olivine (because the value of r provides a clue as to the
*
*
atomistic processes of deformation) assuming a range of Vwet
. But the influence of Vwet
*
on the inferred r for a plausible range of Vwet
(0-30 cm3/mol) is too large to make any

useful conclusions as to the microscopic mechanisms of deformation (an error in r is
*
± 0.3-0.4). Besides, with an unconstrained Vwet
, extrapolation of these results to the

depth deeper than ~20 km has large uncertainties, and the magnitude of influence of
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water under these conditions is essentially unconstrained by these low-pressure studies
(see Fig. 13). Because most of plastic deformation in Earth occurs below ~20 km, the
applicability of these studies is highly limited. A more complete analysis was made by
(Karato and Jung, 2003) based on the data from the pressure range spanning from 0.1 to
*
2.0 GPa by which the two key parameters (r and Vwet
) were well constrained (Fig. 13,

14).
So far, sufficiently detailed studies on the influence of water on plastic
deformation have been made only for olivine. But even from less detailed studies, one
can see a general trend that the water weakening effect is stronger for more SiO2-rich
minerals (Karato, 2008). For instance, r~1 for olivine but r~2 for garnet (Katayama and
Karato, 2008a) and r~3 for clinopyroxene (in the dislocation creep regime; (Chen et al.,
2006b)). Therefore the rheological contrast among these minerals changes with water
fugacity (water content).

Effect of crystal structure and bonding
In Earth and planetary interiors, nature of chemical bonding and crystal structures
undergo many changes due to the variation in pressure (and temperature). Therefore it is
important to understand how these changes may affect rheological properties. (Ashby and
Brown, 1982) and (Frost and Ashby, 1982) conducted extensive studies to classify plastic
properties of solids. In many cases, materials with the same crystal structure and bonding
form an isomechanical group where when plastic properties are compared at the same
normalized conditions, all the data converge to a well-defined master curve. For instance,
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when strain-rate is normalized by the Debye frequency5,6, ν D , temperature by melting
temperature, Tm, and stress by shear modulus, µ , then most of the data fall into a master
curve,

ε (T ,P,σ )
νD

=F

(

T
, σ
Tm ( P ) µ ( P )

)

(18)

Examples were shown for B1 (NaCl structure) (Ashby and Brown, 1982) and garnet
(Karato et al., 1995a) (see Fig. 15a,b). (Karato, 1989c) extended such a study to oxides
and silicates and noted that there is a large variation in plastic properties among oxides
and silicates even after the normalization ((Ashby and Brown, 1982) treated oxides as a
single group). In particular, this study showed that a transition to a dense structure does
not necessarily lead to a high resistance to plastic deformation. (Karato, 2011a) extended
such an analysis to include the influence of transition to the metallic state and the
influence of the B1  B2 transition (Fig. 15c).
Such an analysis shows that unlike elasticity where a phase transformation to a
denser structure leads to a higher elastic constant with a minor correction for the
influence of coordination (the Birch’s law; (Liebermann, 1982)), density does not play an
important role in high-temperature plasticity. The Birch’s law of correspondent state does

5

Normalization of strain-rate is not essential because Debye frequency changes only
modestly among different materials.
6

Ashby and Brown (1982) used D (Tm ) / b 2 ( D (Tm ) : diffusion coefficient at melting

temperature), but, this normalization is not practical for our purpose because D (Tm ) is
unknown for many materials.
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not work for plastic properties. In many cases, a change in crystal structure has only a
modest effect. An increase in melting temperature, therefore, will increase the effective
viscosity modestly. Also, if a transition to metallic state occurs in the deep mantle of
super-Earths (~1 TPa), then a substantial reduction in effective viscosity will occur.

Influence of partial melting
Fig. 16 summarizes the experimental observations on the influence of partial
melting on plastic deformation of olivine aggregates (Kohlstedt, 2002). Deformation
experiments were performed both for the diffusion creep and dislocation creep regimes.
The influence of partial melting is stronger in the diffusion creep regime than in the
dislocation creep regime. This is due to the fact that in the diffusion creep regime, fast
diffusion in the melt as well as stress concentration enhances deformation whereas in the
dislocation creep regime only stress concentration enhances deformation. They proposed
an empirical formula to explain these results,

ε (φ ) = ε ( 0 ) ⋅ exp (αφ )

(19)

where φ is the melt fraction and α is a non-dimensional constant (~20-30 ( α ≈ 25 for
diffusion creep and α ≈ 30 for dislocation creep))7. With 1 % of melt, strain-rate is
enhanced by ~30%.

7

This is an empirical formula without strong theoretical basis. The asymptotic behavior
for φ → 0 does not agree with a model of equilibrium melt geometry reviewed by
Kohlstedt (2002), and the another asymptotic formula for φ → 1 does not make sense
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Recently, new results on clean olivine aggregates were published showing
substantially different creep strength (Faul and Jackson, 2007). In these clean samples,
prepared by the sol-gel synthesis process from oxides, the rate of deformation by
diffusion creep is substantially lower than that in San Carlos olivine. It is possible that
this difference is caused by a small amount of melt that exists in nominally “melt-free”
San Carlos olivine aggregates as suggested by (Takei and Holtzman, 2009a). However,
other factors such as the impurity content may also be the cause for such a difference.
Markedly different results were published by (Jin et al., 1994) who reported that
the addition of a few % of basaltic melt reduces the creep strength by more than one
order of magnitude (this corresponds to the enhancement of strain-rate by more than three
orders of magnitude). The reason for this large discrepancy is not understood. (Jin et al.,
1994) proposed that the melt topology under their deformation experiments is different
from the equilibrium geometry. However, the cause for the different results is not well
understood.
Table 2 summarizes the flow laws of typical minerals. Nearly complete data set is
available for olivine including the influence of temperature, pressure, water and grainsize. The influence of partial melting may be included by applying a correction using the
relation (19). Although less complete, extensive data sets are available for quartz,
plagioclase and clinopyroxene (diopside). In contrast, experimental data on deep mantle
minerals are limited.

because, at that limit, the strain-rate must agree with that of a viscous fluid but this
formula does not have the viscosity of liquid (see Karato, 2008).
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THEORETICAL STUDIES
Due to the rapid progress in the computational science, a number of
computational studies have been published on the physical properties of minerals. For
instance, computational approach has played an important role in understanding elasticity
and phase relationships in minerals under the extremely high-pressure conditions (see a
chapter by Tsuchiya and Kawai). Similar studies have been made on plastic properties
(for a recent review see (Walker et al., 2010)). However, the contributions from
theoretical studies are limited in the area of plasticity compared to elasticity and phase
relationships. The main reasons are (1) defects involved in plastic deformation have low
symmetry and theoretical calculations of relevant properties are challenging, (2) defectrelated properties are sensitive to impurities such as hydrogen or oxygen (oxygen
fugacity) that are difficult to calculate, and (3) in many cases, plastic deformation
involves multiple aspects and in order to understand the whole picture, one needs a
comprehensive study in which the interactions of many steps are treated appropriately.
For example, (Durinck et al., 2005, Oganov et al., 2005) calculated the resistance
to homogeneous shear in olivine and post-perovskite respectively without the concept of
a dislocation and discussed the slip systems. (Carrez et al., 2007) calculated the Peierls
stress of lower mantle minerals based on the theory of crystal dislocations, and they
inferred the dominant slip systems directly from these results. These procedures are
incorrect. Firstly, one needs a concept of crystal dislocations to calculate the resistance
for deformation, and secondly, even if one uses a concept of a dislocation and calculated
some key parameter such as the Peierls stress, one needs to consider the role of such a
parameter (e.g., the Peierls stress) in high-temperature creep. For instance, if one uses a
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classic model of diffusion-controlled high-temperature creep (e.g., (Weertman, 1968,
Weertman, 1999)), then the creep rate at high-temperature has nothing to do with the
Peierls stress. In order to infer the dominant slip systems, one needs to evaluate the
strain-rate for each slip system that is controlled by the interplay of several processes
including dislocation glide and climb. (Cordier et al., 2012) presented a more
sophisticated analysis of deformation of MgO where they calculated the effective
viscosity at geological strain-rates under the lower mantle conditions from the dislocation
velocity using a model of dislocation glide over the Peierls barrier. However, in order to
calculate the creep strength from dislocation glide velocity, they used unconventional
models. For example, they argued that the effective viscosity cannot be defined for a
recovery-controlled regime (“athermal regime” in their terminology) because the flow
stress is independent of strain-rate. Such a notion is not supported by the experimental
observations nor by the theoretical models as discussed in this chapter (equation (9); see
also (Frost and Ashby, 1982, Weertman, 1999, Weertman, 1968, Karato, 2008, Poirier,
1985)). Consequently, the validity of their conclusions is highly questionable.
In these studies, it is essential to demonstrate the validity of the method one uses
by comparing the results on some materials for which detailed experimental studies are
available. For example, if one wants to predict the dominant slip system of postperovskite through computational studies, one should apply such a method to a material
for which the dominant slip systems are well known (e.g., olivine at low pressures).
Unfortunately, this important step is often ignored.
The more promising and important role of theory is to provide some guide to
interpret and extrapolate experimental data. For example, there is an important issue of
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the interpretation of X-ray diffraction to determine the stress. One needs a theory to apply
this technique to determine stress acting on a sample (e.g., (Karato, 2009)). Also, the
development of lattice-preferred orientation (LPO) during deformation is an important
topic but conducting deformation experiments with a broad range of deformation
geometry is difficult. Theoretical modeling of LPO development plays an important role
in this area (e.g., (Kaminski et al., 2004)). Shear localization is an important process to
control the strength of the lithosphere. However, experimental studies on shear
localization are limited partly by the limitation of a sample size. Theoretical
considerations will help guide experimental studies on shear localization.

SOME APPLICATIONS

In this section, I will illustrate how the knowledge on rheological properties of
minerals and rocks and the models of temperature, water distribution may be integrated to
understand rheological properties and dynamics of Earth’s interior.

Lower crust
Is the lower crust weak?
Deformation of the continental lower crust makes important contributions to the
tectonics of the continents including rifting and deformation associated with continental
collisions. An important question that has been asked is either the lower crust and the
upper mantle are well coupled or not. If the lower crust is significantly weaker than the
upper mantle, then the crust and mantle will be decoupled mechanically. The rheological
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properties of the continental lower crust can be estimated by the analyses of some
geophysical observations including post-seismic crustal deformation, topography and
gravity and the results suggest a large regional variation (e.g., (Bürgmann and Dresen,
2008)).
The dominant minerals of the continental lower crust include ortho- and
clinopyroxenes, plagioclase and garnet (these minerals make a mafic rock such as
gabbro) and they have substantially higher FeO and SiO2 content than the upper mantle
(Rudnick and Fountain, 1995). Experimental data on these minerals or rocks are limited
but the results on diabase (basaltic rock), plagioclase and clinopyroxene show that under
truly dry conditions, the lower continental crust will have the strength that is not too
different from that of the (dry) upper mantle (Mackwell et al., 1998, Rybacki and Dresen,
2004, Bystricky and Mackwell, 2001). However, the influence of water is stronger for
SiO2-rich minerals (or rocks) (e.g., (Chen et al., 2006b, Katayama and Karato, 2008a,
Post et al., 1996)) and therefore when the continental lower crust has some water, its
creep strength will be lowered substantially. I conclude that the strength contrast at the
crust-upper mantle boundary will vary from one region to another particularly due to the
heterogeneity in the water content.

Upper mantle
How strong is the lithosphere? Or why does plate tectonics operate on Earth?
Viscosity of minerals and rocks depends strongly on temperature and therefore
viscosity is high in regions near the surface. Brittle fractures reduces the strength in the
shallow regions, but if one uses a simple model of strength profile using the friction law
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for the shallow region and the ductile flow law (corresponding to power-law creep of dry
olivine), then one will have a strong oceanic lithosphere with a peak strength exceeding
500 MPa ((Kohlstedt et al., 1995) Fig. 17).
In order for plate tectonics to occur, the strength of the lithosphere must be
smaller than ~100 MPa on average (e.g., (Richards et al., 2001, Tackley, 2000)). For a
strong oceanic lithosphere such as shown in Fig. 17, the style of convection should be
“stagnant lid convection” where a near surface strong layer remains stagnant and
convection occurs only in the deep interior of planets (e.g., (Solomatov and Moresi,
1997)) (such a style of convection occurs in most of other terrestrial planets such as the
Moon, Venus, Mars and Mercury (Schubert et al., 2001)).
Because plate tectonics occurs on Earth, there must be some mechanisms by
which the strength of the oceanic lithosphere becomes less than the model shown in Fig.
17. Indeed, the magnitude of deviatoric stress in the lithosphere inferred from
recrystallized grain-size seldom exceeds ~100 MPa (e.g., (Nicolas, 1978, Avé Lallemant
et al., 1980)). One obvious way to reduce the strength is to include a high-stress
deformation mechanism such as the Peierls mechanisms as first suggested by (Goetze and
Evans, 1979), but its effect is only modest. Grain-size sensitive mechanism is another
option but the majority of the lithosphere has coarse grain-size (e.g., (Avé Lallemant et
al., 1980)) and deforms by dislocation creep judging from the presence of seismic
anisotropy. Therefore this mechanism cannot reduce the strength of the major portion of
the lithosphere homogeneously.
How about the contributions from minerals other than olivine? The lithosphere is
made of ~40-60 % of olivine, but other phases such as orthopyroxene (~20-30%) also
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exist. Orthopyroxene (with some orientations) is much weaker than olivine particularly at
low temperatures (Ohuchi et al., 2011). However, with the assumption of homogeneous
deformation, the presence of a small fraction of a weak phase does not affect the strength
so much (e.g., (Handy, 1994)).
However,

deformation

may

occur

heterogeneously.

Indeed,

geological

observations of deformation of the lithosphere strongly suggest that most of the
lithosphere deformation occurs in the narrow shear zones (e.g., (Handy, 1989, Drury et
al., 1991)). And theory suggests that plastic deformation at relatively low temperatures is
often localized as discussed before.
Several mechanisms of shear localization have been discussed, but the best
documented mechanism is shear localization associated with grain-size reduction (e.g.,
(Handy, 1989, Jin et al., 1998)). However, there are two issues in this model of shear
localization. First, dynamic recrystallization occurs only after certain finite strain, so if a
material is too strong then initiation of shear instability will be difficult. Second, even if
fine olivine grains are formed, grain-growth will terminate the instability quickly if graingrowth is fast. (Karato, 2008) showed that for pure olivine grain-growth kinetics is too
fast to realize shear localization. The effect of secondary phases to slow down the graingrowth kinetics may be needed as suggested by (Warren and Hirth, 2006). It is possible
that the secondary mineral, orthopyroxene, solves these problems simultaneously.
Orthopyroxne with certain orientations are much softer than olivine under lithospheric
conditions (Ohuchi et al., 2011). Therefore these orhtopyroxene grains will be deformed
and recrystallized. The recrystallized grains of orthopyroxene are much smaller than
those of olivine (e.g., (Skemer and Karato, 2008)) and hence mobile, and they might
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penetrate into regions of recrystallized olivine grain to stabilize small grain-size and
hence promote shear localization (e.g., (Farla et al., 2011)). Further experimental studies
are needed to clarify these processes.
The remaining issue is to develop a theoretical framework to include the influence
of shear localization in large-scale modeling. In most of modeling studies, the influence
of grain-size reduction is investigated through the analysis of competition between grain
refinement and grain growth. In evaluating the grain refinement by deformation, it is
often assumed that the effective viscosity is sensitive to grain-size (e.g., (Kameyama et
al., 1997, Landuyt and Bercovici, 2009)). However such a formulation is physically
unsound because grain-size sensitive creep such as diffusion creep does not cause
dynamic recrystallization. Simultaneous operation of dynamic recrystallization and
weakening by grain-size sensitive creep is a key to shear localization. Co-existence of
dynamic recrystallization and diffusion creep is a natural consequence of heterogeneous
microstructure as depicted in Fig. 5a. Geodynamic modeling on shear localization must
include this aspect of physics if the variation in the degree of shear localization among
different planets were to be investigated through such modeling.
Also, if the Earth’s lithosphere is weak enough to allow the operation of plate
tectonics, one should ask why plate tectonics does not operate on other planets such as
Venus. Nearly complete absence of water on Venus and the presence of some water on
Earth (the lithosphere is “dry” but has some water particularly in pyroxenes) might be an
explanation. Alternatively, the higher near surface temperatures in Venus than Earth
could be the reason because shear localization is favored at low temperatures.
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How has the continental lithosphere survived against convectional erosion?
The continental roots have survived for ~ 3 Gyrs against convective erosion. This
is demonstrated by the age distribution of xenoliths from the continents showing nearly
the same age throughout the sampling depth interval (to ~ 200km) (e.g., (Carlson et al.,
2005)). In order for continental roots to have survived for ~3 Gyrs, they must have a high
resistance for plastic deformation. (Shapiro et al., 1999, Lenardic and Moresi, 1999)
showed that in order for the deep continental roots to survive, their viscosity must be
higher than surrounding mantle by a factor of ~103. In a model of the strength of the
continental lithosphere by (Kohlstedt et al., 1995), the deep continental mantle is
assumed to be “wet” (water-saturated). In these cases, the deep continental roots will be
softer than or have similar viscosity as the surrounding mantle, and the continental roots
would not have survived.
(Karato, 2010b) revisited a hypothesis originally proposed by (Pollack, 1986) that
the long-term stability of the continental roots might be due to the removal of water by
deep partial melting. A key to evaluate this model is to calculate the viscosity ratio,

ηdry ( P,T )

ξ = η ( P,T ) =
wet

εwet ( P,T )
εdry ( P,T )

(20)

under the deep upper mantle conditions (P~10 GPa, T~1700 K) where ηdry,wet ( P,T ) is
the effective viscosity at dry (wet) conditions (at pressure P and temperature T)
( εdry,wet ( P,T ) is corresponding strain-rate) (wet viscosity is for the surrounding mantle
and dry viscosity for the continental roots). Such a calculation is now possible due to the
laboratory studies on the influence of water and pressure on deformation of olivine as
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discussed before. Fig. 18 shows that indeed, if a large degree of water depletion occurs as
suggested by geochemical observations (e.g., (Carlson et al., 2005)), then the
experimental results on rheological properties of olivine explain the stability of the
continents.
Continental lithosphere (at least many of them) have survived for ~3 Gyrs. At the
same time, many continental lithosphere have rifted. For rifting to occur, the lithosphere
cannot be so strong (e.g., (Huismans et al., 2005)). How can we explain both the longterm stability of the continental lithosphere against convective erosion and the frequent
occurrence of rifting? There are several possibilities. First, the stress magnitude is
different between convective erosion and rifting. Convective erosion is due to convection
in the asthenosphere and therefore stress is low (~0.1-1 MPa). In contrast, the stress
levels associated with rifting is larger, ~10-50 MPa. Rheological properties are often
highly non-linear and the effective viscosity is lower at higher stress than at lower stress.
This provides an explanation. Second, at lower temperatures, deformation is often
localized. As a result the resistance for deformation is smaller. Rifting involves
deformation in the cold lithosphere and would involve localized deformation (e.g.,
(Huismans and Beamont, 2003)). Third, rifting is often associated with magmatism (e.g.,
(Sengör and Burke, 1978)). Magmatism will provide heat and volatiles to the lithosphere
and will weaken it locally. Such a weakened region may help rifting to initiate.

Why is the asthenosphere weak and chemically homogeneous?
Below the lithosphere is a weak layer called the asthenosphere (Barrell, 1914).
The presence of such a weak layer is in large part due to high temperature. If temperature
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increases from 900 K to 1600 K, then the viscosity will decrease by ~ five orders of
magnitude. Even if the influence of high pressure is included, still temperature effects
dominate at relatively shallow regions and viscosity decreases with depth (Fig. 19).
In addition to the influence of temperature and pressure, a variation in other
factors such as water content will affect the viscosity-depth profile. A case of oceanic
lithosphere is shown in Fig. 19 where the influence of a sharp change in water content at
~70 km is included as proposed by (Karato, 1986) and (Hirth and Kohlstedt, 1996).
(Karato, 2012, Karato and Jung, 1998) proposed that the layered water content can also
explain a sharp and large velocity reduction at ~70 km. The influence of grain-size is
small because the dominant deformation mechanism in most of the upper mantle is likely
dislocation creep judged from the presence of seismic anisotropy.
Partial melting is frequently invoked to explain a weak (a low seismic wave
velocity, and low viscosity) layer in Earth (e.g., (Lambert and Wyllie, 1970, Kawakatsu
et al., 2009)). However, the influence of partial melting on rheological properties is rather
modest particularly when deformation occurs by dislocation creep. Laboratory studies
showing this point are reviewed by (Kohlstedt, 2002, Kohlstedt and Zimmerman, 1996).
Recently (Takei and Holtzman, 2009a, Takei and Holtzman, 2009b, Takei and Holtzman,
2009c) presented a new analysis of deformation of a partially molten material and
suggested that partial melting reduces viscosity by an order of magnitude in the diffusion
creep regime. The predicted amount of enhanced deformation is larger than the results
reported by (Kohlstedt, 2002, Kohlstedt and Zimmerman, 1996) and the reason for this
discrepancy is not well understood. Takei-Holtzman’s analysis includes more detailed
treatment of the stress distribution in a deforming partially molten material and the
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diffusion path and the stress distribution are different from a simpler model by
(Kohlstedt, 2002) (see a Chapter by Takei). In any case, the enhancement of strain-rate in
their model is only modest for diffusion creep (a factor of ~5-10), and in case of
dislocation creep, enhancement of deformation will be less. The presence of strong
seismic anisotropy suggests that dislocation creep dominates in the asthenosphere, and
therefore partial melting unlikely has a large direct effect on rheological properties.
Rather, the main role of partial melting is its indirect effect through the redistribution of
water (Karato, 1986).
The asthenosphere is also characterized by the homogeneous and modestly
depleted chemical composition. In a model of chemical evolution proposed by (Hofmann,
1988), he assumed that highly depleted components and undepleted components have
been well mixed to explain the homogeneous and modestly depleted nature of the
asthenosphere. However, mixing is difficult if two components have largely different
viscosity (Manga, 1996). Depleted and undepleted components have largely different
water contents and hence different viscosity in the upper mantle (Karato, 2010b).
Therefore mixing is likely to be inefficient at least in the upper mantle. Other
mechanisms of homogenization need to be considered. Mixing of materials with different
composition is often studied assuming the homogeneous viscosity (e.g., (Christensen and
Hofmann, 1994, van Keken et al., 2002)). Influence of viscosity contrasts needs to be
included in more realistic studies. (Karato, 2012) proposed that the asthenosphere is made
of the residual of partial melting at 410-km and homogeneous and modestly depleted
composition is due to partial melting.
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Transition zone
Is the 410-km and/or 660-km discontinuity a rheological barrier for mantle convection?
Some geodynamic observations strongly suggest that mantle viscosity increases
substantially at around the transition zone. Viscosity below that depth is higher than that
above (the depth at which viscosity increases is not well constrained). Seismological
observations show the presence of seismic anisotropy in the transition zone (Trampert
and van Heijst, 2002, Visser et al., 2008) suggesting that dislocation creep dominates in
this region. However, currently available mineral physics observations do not provide
robust explanation for this rheological layering. This is due mostly to the very limited
quantitative experimental data on minerals in these regions.
However, some new experimental observations are becoming available.
According to (Nishihara et al., 2008, Kawazoe et al., 2010), the creep strength of
wadsleyite in the power-law creep regime is comparable to that of olivine compared at
the similar pressure and temperature (and water content). Water content in the transition
zone is generally higher than that of the upper mantle and varies significantly from one
region to another (Karato, 2011b). It is likely that the 410-km is not a strong rheological
barrier for convection but the viscosity contrast at the 410-km discontinuity will depend
on the water content.
Not much can be said about the rheological contrast at the 660-km discontinuity.
Firstly, there is strong evidence that a majority of the lower mantle except for the D”
layer deforms by diffusion creep (see the later section on the lower mantle). If so the
viscosity depends on the grain-size that is not well constrained. Secondly, currently there
is no experimental data on the water effects on rheological properties on lower mantle
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minerals. In addition there are no observational constraints on the water distribution in
the lower mantle (Karato, 2011b). The inferred large viscosity increase at around 660-km
from the geodynamic studies (e.g., (Hager, 1984, Nakada and Lambeck, 1989)) could be
due to the variation in water content, grain-size and/or diffusion coefficients.

Why do cold slabs deform in the transition zone?
According to the high-resolution seismic tomography, subducted slabs are highly
deformed in the western Pacific (e.g., (Fukao et al., 1992, Fukao et al., 2009)), but not
much in the eastern Pacific (Kárason and van der Hilst, 2000, Grand et al., 1997). This is
a puzzling observation because slabs in the western Pacific are colder than those in the
eastern Pacific. Not only this apparent paradoxical correlation, but also the deformation
of a slab in the deep mantle itself is a puzzle in the first place because a cold slab in the
deep mantle (high pressure) should have a high viscosity. These observations suggest that
there must be some mechanisms by which a cold slab becomes weaker than a warm slab
in the transition zone. In order to address these questions, one needs to understand the
rheological properties of minerals under the transition zone conditions.
Direct measurements of rheological properties of transition zone minerals
(wadsleyite, ringwoodite and majorite) have been made only recently. Early
measurements used stress relaxation tests (Chen et al., 1998, Xu et al., 2003, Karato et
al., 1998) and powder samples were used in some of them (Chen et al., 1998, Xu et al.,
2003). In stress relaxation tests, there is no guarantee if the results correspond to steadystate flow law. Furthermore, when powder samples are used, crushing and resultant
creation of high density of dislocations affect the mechanical properties and stress
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measurements. Consequently, the usefulness of these results is questionable. Betterdefined results have been obtained for wadsleyite and ringwoodite under constant strainrate (to ~ 23 GPa and ~2100 K) using RDA operated at the synchrotron facility
(Nishihara et al., 2008, Kawazoe et al., 2010, Hustoft et al., 2011). Also semiquantitative results were obtained on ringwoodite by (Karato et al., 1998).
These results showed that, in the dislocation creep regime, transition zone
minerals are stronger than olivine (at a similar water content), but grain-size sensitive
mechanisms become important when grain-size is less than ~1 µ m at laboratory
conditions (~10-4-10-5 s-1, T=1500-2000 K, P=14-20 GPa). When extrapolated, these
results suggest that diffusion creep would become important at geological strain-rates for
the grain-size less than ~1 mm that is consistent with the estimate from the diffusion
coefficients (Shimojuku et al., 2009) (Fig. 20). Because the grain-size in the shallow
lithosphere is several mm (Avé Lallemant et al., 1980), and the subducted lithosphere are
at high pressures, low temperatures and dry (e.g., (Kubo et al., 2009)), these results imply
that the subducted slabs will have much higher viscosity than the surrounding mantle (at
least by several orders of magnitude) and hence will not deform if grain-size remains the
same.
Due to the poor constraints on the influence of water on deformation and
diffusion of wadsleyire, a robust estimate of the strength difference between olivine and
wadsleyite (or ringwoodite) cannot be made at this time. However, a conservative
estimate of a viscosity of the cold slab is possible based on the similarity in the creep
strength in the power-law creep regime between olivine and wadsleyite. Because the
pressure is high (~20 GPa) and temperature is low in the central portions of a cold slab
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(T~1000 K), the viscosity there will exceed ~1030 Pa s if the rheological properties of dry
wadsleyite (or ringwoodite) in the power-law creep regime is used. Consequently,
without any weakening effects, a cold slab will not deform appreciably. In contrast to this
expectation, subducted cold slabs in the western Pacific are deformed in the transition
zone. A possible explanation of this puzzling observation is the weakening caused by the
grain-size reduction after a phase transformation in a slab. When a subducted slab
penetrates into the transition zone, a series of phase transitions will occur that will modify
the grain-size. (Riedel and Karato, 1997) studied the influence of temperature on the size
of newly formed grains in a slab. They found that the grain-size after a phase
transformation depends strongly on the temperature and the grain-size is small when the
transformation occurs at low temperatures (Fig. 21). When a cold slab subducts, then the
grain-size reduction is significant and the small grain-size will persists (because of slow
grain-growth), leading to substantial weakening (Riedel and Karato, 1997, Karato et al.,
2001). For instance, the grain-size after the phase transformation in a cold slab is
estimated to be on the order of 1 µ m. Using the critical grain-size for the transition to
diffusion creep of ~1 mm and the initial grain-size of several mm, I conclude that the
viscosity reduction will be ~6-9 orders of magnitude ( η / ηo = ( L / Lo ) , ( L / Lo ) =1062

3

109, η : viscosity, L: grain-size). In contrast, a warm slab will not weaken because the
grain-size after a phase transformation will be large. This causes a regional variation in
the slab strength, and provides a possible explanation for the observed paradoxical
correlation between the slab deformation and slab temperatures (Karato et al., 2001) (Fig.
22).
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The lower mantle
What is the deformation mechanism in the lower mantle, and how does viscosity change
with depth in the lower mantle?
Very little experimental data are available for the rheological properties of the
lower mantle minerals. Quantitative deformation experiments under lower mantle
conditions have not been performed at the time of this writing (September, 2011). Lowtemperature deformation experiments at unknown strain-rate were performed at lower
mantle pressures (e.g., (Merkel et al., 2003, Cordier et al., 2004, Merkel et al., 2006,
Merkel et al., 2007, Miyagi et al., 2011)). But, the relevance of these results to
deformation in the lower mantle is questionable, because deformation mechanisms are
likely high-stress mechanism such as the Peierls mechanism that is irrelevant for most of
the hot mantle.
Based on the absence of seismic anisotropy, (Karato et al., 1995b) proposed that
the majority of the lower mantle deforms by grain-size sensitive creep such as diffusion
creep although dislocation creep dominates in some regions of the D” layer. Given this
notion, some useful conclusions can be obtained on the rheological properties from the
measurements of diffusion coefficients. (Yamazaki and Karato, 2001) conducted such a
study and concluded that the depth variation in viscosity is modest because both
activation energy and volume of lower mantle minerals (perovskite and (Mg,Fe)O) are
small. This provided a simple explanation of the inferred modest variation in viscosity in
the lower mantle (Fig. 23). They also noted that (Mg,Fe)O is likely weaker than
perovskite, and consequently, strain softening and resultant shear localization likely occur
in the lower mantle. If shear localization occurs, then much of deformation in the lower
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mantle is in narrow regions and a large portion of the lower mantle is isolated from the
large-scale material circulation. Recently, (Xu et al., 2011) determined the diffusion
coefficients of Si and Mg in MgSiO3 perovskite. They used theoretical models of
diffusion creep and dislocation creep to discuss the deformation mechanisms. They found
that the contribution from diffusion creep is comparable to that of dislocation creep in the
lower mantle. However, a model of dislocation creep is not well established and the
conclusions based on a model has large uncertainties.
A possible role of spin transition on diffusion and rheological properties was
discussed by (Wentzcovitch et al., 2009). Using the elastic strain energy model of
activation energy (Keyes, 1963), they suggest that the spin transition may enhance plastic
deformation. However, such a conclusion is highly speculative because the elastic strain
energy model is a crude model for the activation energy for diffusion and the appropriate
elastic constants to be used in this model is not well known.
When deformation occurs by diffusion creep, then viscosity depends strongly on
grain-size. However, the grain-size in the lower mantle is poorly constrained. There is no
sample from the lower mantle except for small inclusions in diamond (e.g., (Harte,
2010)). (Yamazaki and Karato, 2001) estimated the average grain-size from the
comparison of the diffusion coefficients with geodynamically inferred viscosity.
(Yamazaki et al., 1996) showed slow grain-growth kinetics. (Solomatov et al., 2002)
investigated the grain growth kinetics through numerical modeling and concluded
substantially faster grain-growth kinetics. Much remains to be investigated on the grainsize evolution and rheological properties on the lower mantle minerals and their
assemblages.
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Is the D” layer weak?
(Ammann et al., 2010) calculated the point defect mobility in lower mantle
minerals including post-perovskite. They found large anisotropy in point defect mobility
in post-perovskite, and assuming that the diffusion coefficient along the fastest direction
controls the creep rate by dislocation creep they concluded that post-perovskite is weaker
than co-existing minerals when deformed by diffusion-controlled dislocation creep.
However, their conclusion is not valid because (i) no constraints are available for defect
concentration and (ii) the averaging scheme of anisotropic diffusion used by (Ammann et
al., 2010) is incorrect (Karato, 2010a). Currently no experimental studies are available on
plastic deformation of post-perovskite that can be applied to deformation in the D” layer.
There are a number of papers reporting deformation of post-perovskite as cited above, but
none of these results are applicable to D” layer because all of these experiments were
conducted at low temperatures at unknown strain rates (and stress in most cases). (Hunt
et al., 2009) conducted deformation experiments on post-perovskite analogue (CaIrO3)
and concluded that there is weakening associated with transformation from perovskite to
post-perovskite phase and suggested that this is evidence for a weak post-perovskite
phase. However, the validity of their conclusion is questionable because weakening
during a phase transformation is observed in many materials caused by the internal stress
(or strain) (e.g., (Zamora and Poirier, 1983)) and such an observation does not necessarily
mean that a new phase is weak.
Even though the notion of weak post-perovskite is questionable, the D” layer is
likely to be weak compared to the regions above. This is simply because of high
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temperature (the D” layer is a thermal boundary layer where temperature increases by
~1000 K, (Lay et al., 2008)). Geodynamic evidence for a weak D” layer is presented by
(Cadek and Fleitout, 2006, Nakada and Karato, 2011).

SOME SPECULATIONS ON THE RHEOLOGICAL PROPERTIES OF OTHER
PLANETS
Physical conditions in the planets such as the Moon, Venus, Mars and Mercury
are largely the same as those in Earth with somewhat lower pressures than Earth. Also the
major element compositions are also similar (except for modest difference in iron
content). Therefore inferring rheological properties in these planets does not require any
new experimental data.
Most critical is the knowledge of water distribution in these planets (or satellites).
Although observations relevant to the rheological properties in these planets are scarce,
some observations such as tidal energy dissipation provide some constraints. For
example, tidal Q of the Moon is ~40-50 (Williams et al., 2001), and that of Mars is ~80
(Lainey et al., 2007, Bills et al., 2005). Because tidal dissipation occurs mostly in the
deep mantle (e.g., (Peale and Cassen, 1978)), these observations imply that deep mantles
of these planets have relatively low viscosity (tidal Q of Earth due to solid Earth is ~280
(Ray et al., 2001)). Q and viscosity scale as Q / Qo = (η / ηo ) with α ≈ 0.3 (Karato,
α

2008) (see also a Chapter by Takei). If such a relation is used, then the viscosity of the
deep mantle of the Moon is estimated to be ~1019 Pa s and that of Mars is ~1020 Pa s. A
plausible cause for these low viscosities is a large amount of water (hydrogen) in the deep
mantles of these planets (or satellites) (for water in the Moon see (Hauri et al., 2011)).
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Electrical conductivity measurements by remote sensing (electromagnetic induction) on
these planets will provide additional data to estimate the water contents (see a Chapter by
Karato and Wang).
Some of the near surface tectonics on a planet depends on the lithosphere
thickness. One major factor controlling the lithosphere thickness is the temperature-depth
profile that depends critically on the mode of heat transfer (plate tectonics versus stagnant
lid convection, e.g., (Breuer and Moore, 2009)). The lithosphere thickness is also
controlled by the depth at which dehydration hardening occurs (Karato, 1986, Hirth and
Kohlstedt, 1996). The depth at which dehydration hardening occurs is determined by the
depth at which the adiabat (during the process of crust formation) cuts the dry solidus.
This depth is inversely proportional to the gravity, and is large for a small planet. The
inferred thick lithosphere on Mars (Phillips et al., 2008) may be partly due to the role of
dehydration hardening.
Recently a large number of planets have been discovered outside of the solar
system (see a Chapter by Valencia). These exoplanets include Earth-like planets but some
of their mass exceeds that of Earth (to ~10 M ⊕ ). Given a broad range of planets with a
similar composition but different total mass, plausible evolution and dynamics of these
planets have been studied as a function of mass (e.g., (Tachinami et al., 2011, Valencia
and O'Connell, 2009, Papuc and Davies, 2008, Kite et al., 2009)). Because the convective
heat transfer controls the evolution of planets, rheological properties of these planets are
the key to understand their evolution. However, because the pressures in these planets
reach ~1 TPa, it is difficult to make reliable estimates of their rheological properties.
(Papuc and Davies, 2008) and (Tachinami et al., 2011) used a model of a constant V*,
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whereas (Karato, 2011a) discussed that at pressures around ~1 TPa, several processes
will make materials weaker and that a model of constant V* is not valid under these
conditions. At such a pressure range, deviations from the conventional formulation such
as equation (9) occurs including (i) transition in diffusion mechanisms, (ii) transition to a
weaker phase (B1  B2), (iii) dissociation of a post-perovskite phase and (iv) transition
to metallic state. All of these processes reduce viscosity. Therefore viscosity in the deep
interior of a super-Earth is likely lower than that of the lower mantle of Earth (Fig. 24).
In modeling the dynamics of super-Earths, pressure dependence of viscosity
needs to be included in addition to the temperature dependence. This means that one
needs to use at least three parameters to characterize the rheological structure of superEarths: mean viscosity, temperature dependence of viscosity (viscosity near the surface),
and pressure dependence of viscosity (deep mantle viscosity). In addition, when one
evaluates whether plate tectonics occurs on these planets or not, one should also consider
the dependence of lithosphere thickness on planetary size.

SUMMARY AND CONCLUSIONS

Plastic deformation (rheological properties) of minerals and rocks plays a crucial
role in controlling the dynamics and evolution of terrestrial planets. However because of
the presence of multiple mechanisms of deformation, sensitivity to many parameters and
also because of non-linear rheological behavior (in most cases), reliable quantitative
studies of rheological properties is difficult. I summarized some basics of rheological
properties that will guide a reader to make a good judgment when he/she applies
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laboratory data or results of computational studies to understand the dynamics of Earth
and planets.
High-resolution mechanical data obtained at low pressures (<0.5 GPa) contributed
to understand the microscopic processes of deformation. However, the applicability of
these results is limited to less than ~20km depth in Earth. Robust experimental results
applicable to Earth’s interiors below ~20 km, where most of plastic deformation occurs,
can be obtained only from experiments at pressures above ~1 GPa or higher. The existing
experimental data and seismological observations strongly suggest that power-law
dislocation creep and diffusion creep are the dominant mechanisms of deformation in
most regions of Earth’s (and planetary) interior. Rheological properties of minerals and
rocks are highly sensitive to temperature, pressure, water (hydrogen) content and grainsize. Characterizing the influence of these parameters on rheological properties is
challenging but new methods have been developed (or being developed) by which these
properties can be constrained under deep Earth (planet) conditions. When the influence of
these factors are well characterized by experiments, then one can develop models of
rheological properties by combining these results with models of temperature, hydrogen
and grain-size distribution in Earth and planets.
Well-established flow laws are now available for some of the crustal and upper
mantle minerals based on the experimental studies at high pressures (see Table 2).
Quantitative results on deep mantle minerals are currently limited, but using new
methods of high-pressure rheological studies, important results on the rheological
properties of deep mantle minerals are expected to come soon. The use of analogue
materials will be still valuable in some cases. Important topics to be studied using
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analogue materials include deformation and deformation fabrics (LPO) in post-perovskite
and deformation of materials with the B2 (CsCl) structure. The results of carefully
conducted studies on analogue materials at low pressures will be more useful than lowtemperature deformation experiments under high-pressures at unknown strain-rates.
In the theoretical side, more efforts must be directed to establish a theoretical
framework for interpreting experimental data rather than calculating the creep strength.
An important case is a theory for shear localization. Currently a very crude
phenomenological approach is used in this area (e.g., (Landuyt and Bercovici, 2009)).
Such a model does not capture some essence of shear localization including the
microscopic processes of load transfer leading to the runaway instability.
In many cases, modeling rheological structures in Earth and planets involves
feedbacks: a temperature-depth profile depends strongly on the temperature and pressure
dependence of rheological properties. These studies are crucial in developing our
understanding of the dynamics and evolution of Earth and other terrestrial planets.
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Fig. 1 Rheological properties (effective viscosities) depend on various parameters
(a) stress dependence of viscosity behavior
Power-law regime in the low stress region and the Peierls mechanism in the high stress
region are shown. If lab experiments are done in the same regime as Earth (lab-I), the
results can be extrapolated to Earth, but if lab experiments are made in the different
regime (lab-II), extrapolation cannot be justified.
(b) temperature dependence (low T versus high T mechanisms)
Similar to (1), lab data can be extrapolated only when experiments are made in the same
regime as in Earth (lab-I).
(c) grain-size dependence
A change in the deformation mechanisms with grain-size occurs at different grain-size
between geological deformation and laboratory experiments. To simulate, in the lab, how
grain-size may affect rheological properties, one should use smaller grain-size than grainsize in Earth.
(d) water content dependence
Water content affects the viscosity of a rock, but the manner in which water affects the
viscosity depends on the mechanisms of deformation.
Fig. 2 Cartoons illustrating physical processes of plastic deformation
(a) Diffusion creep
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When grain-boundaries are weak, grain-boundary sliding occurs upon applying a
stress. This leads to the variation in the normal stress at grain-boundaries with different
orientation, which in turn causes the concentration gradient in vacancies. Diffusive mass
transport occurs due to this concentration gradient in vacancies that leads to plastic
deformation. Diffusional mass transport relaxes stress concentration, and steady-state
creep occurs corresponding to the steady-state relaxed stress distribution. Diffusional
mass transport occurs both inside of grains and along grain-boundaries.
(b) dislocation creep ( ⊥ indicates a dislocation)
Crystal dislocations are generated in a crystal and the propagation of crystal
dislocations results in finite strain of a crystal. The rate of deformation by this mechanism
is proportional to dislocation density and its mobility and hence in general a non-linear
function of stress. Dislocations move only along certain crystallographic orientations.
Therefore plastic deformation by dislocation motion is anisotropic.

Fig. 3

Schematic diagram showing the thermally activated processes in

dislocation creep
(a) diffusion-controlled dislocation climb and in (b) dislocation glide over the Peierls
potential
Dislocation climb requires diffusion of atoms from or to a jog of the dislocation
line. When the density of jog is high, all portions of a dislocation line act as
sources or sinks for diffusion, whereas when the density of jog is small, then
dislocation climb requires the creation of jogs. The rate of diffusion by thermal
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Dislocation glide over the Peierls potential involves the formation and migration
of a pair of kinks. This figure shows a saddle point configuration for the
formation of a pair of kinks. ΔA is the area swept by a dislocation to form the
saddle point configuration. Because the force per unit length of a dislocation by
the external stress is σ b , the extra work done by the stress is - ΔA (σ ) ⋅ b ⋅ σ . This
term (

ΔA(σ )⋅b⋅σ
RT

) is large at high stress, and should be included explicitly leading

to the high sensitivity of strain-rate on stress.
Fig. 4

A deformation mechanism map for olivine (after (Karato, 2010b))

P=7 GPa and T=1700 K (~300 km depth), dry condition
Dominant deformation mechanisms in the hot mantle are either diffusion or
power-law (dislocation) creep although in the laboratory conditions many mechanisms
may compete depending on the precise conditions. A similar conclusion is obtained for
other minerals (see (Karato, 1998b)).
Fig. 5

A schematic diagram showing a possible mechanism of shear localization

by grain-size reduction due to dynamic recrystallization
(a) A schematic drawing of a microstructure of dynamically deforming rock after a
stress pulse
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Upon a stress pulse, small dynamically recrystallized grains are formed along preexisting grain-boundaries
(b) Deformation mechanism map (on a grain-size versus stress) showing the
dominant mechanisms of deformation together with the grain-size versus stress
relationship for dynamically recrystallized grains
Upon a stress pulse, small grains are formed (A: initial stress and grain-size, B:
grain-size after dynamic recrystallization). If the size of new grains is smaller than the
mechanism boundary between diffusion and dislocation creep, then that region is weak
and promotes shear localization. At relatively low temperatures, the mechanism boundary
moves to high stress, coarse-grain region and shear localization is likely.
Fig. 6

Typical apparatus used for the experimental studies of plastic deformation

(a) A solid-medium, high-pressure deformation apparatus designed by Griggs in 1960s
This apparatus can be operated to P<3 GPa and T<1600K. Stress (load) is measured by
an external load cell and a correction for friction is needed to determine the stress.
(b) A gas-medium, low-pressure deformation apparatus designed by Paterson in 1970s
This apparatus can be operated to P<0.5 GPa and T<1600 K. Stress (load) is measured by
an internal load cell and stress can be determined by high precision.
(c) A solid-medium apparatus where hydrostatic compression and uni-axial compression
can be separated (D-DIA)
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This apparatus can be operated to P~10 GPa (or higher) and T~1600 K. Stress and strain
are measured by X-ray diffraction and imaging respectively.
(c) A solid-medium apparatus designed in our lab (RDA) where torsion tests can be
performed at high P and T
This apparatus has been operated to P~23 GPa and T~2000 K. Stress and strain are
measured by X-ray diffraction and imaging respectively.
Fig. 7

The pressure-temperature range of operation of various deformation

apparatus
Fig. 8 (a) Dependence of strain-rate on temperature (CaTiO3 perovskite data from (Li et
al., 1996))
(b) Dependence of strain-rate on stress (lherzolite (dry), data from (Zimmerman
and Kohlstedt, 2004))
At small stresses, strain-rate is linearly proportional to stress, whereas at high
stresses, strain-rate is proportional to some power of stress (in this case

ε ∝ σ 4 ).
(c) Dependence of strain-rate on grain-size (CaTiO3 perovskite, data from (Li et
al., 1996))
m is the grain-size sensitivity (see equation (14)). m~2 (and stress dependence
is linear) suggesting diffusion creep due to volume diffusion.
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(d) Dependence of creep strength on temperature (olivine (dry), data from
(Goetze, 1978)) showing two regimes of deformation: creep strength is highly
sensitive to temperature at high temperature but only weakly sensitive to
temperature at low temperatures. Deformation mechanism in the low
temperature regime is likely the Peierls mechanism. (Numbers in the figure

( )

correspond to log10 ε s −1 )

Fig. 9

Influence of pressure on effective viscosity for various values of activation

volume

η / η0 = exp
Fig. 10

( ) is used. T=2000 K.
PV *
RT

Viscosity-depth relationships calculated using various experimental results

on high-pressure rheological properties of olivine (Karato, 2010b)
Thick curves correspond to results by (Kawazoe et al., 2009) (1) (dry) and
(Karato and Jung, 2003) (7,8) ((7): 1,000 ppm H/Si, (8): 10,000 ppm H/Si) where water
content was controlled, deformation mechanisms are identified and appropriate
thermodynamic formula was used. Other results ((2), (3), (4), (5), (6)) are from studies
where unreasonable extrapolations are made or the influence of water content was not
examined. For the detailed discussions on these results, see (Karato, 2010b).
Fig. 11
al., 2009))

Influence of pressure on the creep strength of olivine (from (Kawazoe et
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Different stresses at the same pressure correspond to the stress estimate using different
diffracting lattice planes. V* is activation volume (in cm3/mol)
Fig. 12

Influence of water fugacity on the creep strength of (a) quartz (Post et al.,

1996) and (b) olivine (Mei and Kohlstedt, 2000b)
Stress needed for deformation (creep strength) decreases with water fugacity. In these
experiments, water fugacity was changed by changing the confining pressure
Fig. 13

Pressure versus creep strength relationship in a water-saturated system

(modified from (Karato, 2010b))
Creep strength (stress) under water-saturated conditions initially decreases with
pressure because of the increase in the water content in olivine, but eventually increases
with pressure at higher pressures. In the pressure range used by (Mei and Kohlstedt,
2000a, Mei and Kohlstedt, 2000b) the latter effect is not visible and the extrapolation of
such data to higher pressures cannot be done with any confidence (errors in the creep
strength (viscosity) at ~400 km is a factor of ~106). The pressure range used by (Karato
and Jung, 2003) covers both regions and the key parameters were well constrained and
the results can be extrapolated to higher pressures.
Fig. 14

Analysis of the influence of water on creep strength in olivine under

water-saturated conditions (after (Karato and Jung, 2003))
(a) the determination of the water content exponent r
*
(b) the determination of the activation volume Vwet
(shown as Vw* )
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Fig. 15

Crystal structure-creep strength systematics (normalization of strain-rate is

not made in these studies, but the Debye frequency varies only modestly among different
materials)
(a) A comparison of creep strength of various garnets as a function of temperature
(Karato et al., 1995a)
(b) A comparison of creep strength of garnet after normalization (Karato et al., 1995a)
(c) crystal structure-plasticity systematics (modified from (Karato, 2011a))
Fig. 16

Influence of partial melt on deformation of olivine aggregates (after

(Kohlstedt, 2002))
The empirical relation ε (φ ) = ε ( 0 ) ⋅ exp (αφ ) is used to fit the data ( φ : volume fraction of
melt).
Fig. 17

The strength profile of the lithosphere (after (Kohlstedt et al., 1995))

(a) oceanic lithosphere (b) continental lithosphere
In the shallow region, brittle failure controls the strength, whereas in the deep
region, plastic flow controls the strength. Kohlstedt et al. assumed dry (waterfree) oceanic lithosphere and wet (water-saturated) continental lithosphere.
Fig. 18

Effect of removal of water on the change in viscosity under the deep upper

mantle (~300 km) conditions (after (Karato, 2010b))
Removal of water from initially water-rich condition (~0.01 wt%) to nearly dry
conditions increases viscosity. The degree to which viscosity changes depends on the
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viscosity of dry olivine which depends on the activation volume, V*. The viscosity
increases more than 103 if the activation volume for dry olivine is larger than 10 cm3/mol.
Fig. 19

The depth variation in the effective viscosity in the upper mantle

(modified after (Karato and Jung, 2003))
A thick grey curve corresponds to a likely viscosity-depth variation. Thin curves
show the viscosity-depth variation for a range of fixed water content. Viscosity changes
with depth due to the depth variation in temperature and pressure, and in water content.
In this model, the water content changes from nearly “dry” (zero water content) to ~1000
ppm H/Si at ~70 km.
Fig. 20

Deformation mechanism map for ringwoodite (after (Karato et al., 1998))

T: temperature, Tm: melting temperature, L: grain-size, b: the length of the Burgers
vector, σ : stress, µ : shear modulus
The experiments were conducted at σ / µ ≈ 10 −2 . In Earth’s interior, σ / µ ≈ 10 −5 − 10 −3
and the grain-size for the mechanism change will scale as L / Lo = (σ / σ o )

− nm−1

where n

is the stress exponent and m is the grain-size exponent. Therefore at lower stresses in
Earth, the transition grain-size will be larger. Results similar to these were obtained by
(Kawazoe et al., 2010).
Fig. 21

Influence of temperature on the grain-size of wadsleyite (ringwoodite)

formed by transformation from olivine in a slab (after (Riedel and Karato, 1997))
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Fig. 22

Rheological properties of subducted lithosphere in the upper mantle and

the transition zone (after (Karato et al., 2001))
(a) A schematic diagram showing a subducted slab (F is the force causing bending)
(b) Viscosity distribution in subducted slabs (top: a warm slab, bottom: a cold slab)
(c) The slab strength (measured by the flexural viscosity) versus slab temperature
relationship (flexural viscosity is defined by 4h 3 ∫

1/ 2

−1/ 2

η ( x ) ⋅ x 2 ⋅ dx where h is the

thickness of a slab and η is effective viscosity)
The resistance for slab bending is characterized by the flexural viscosity (Karato
et al., 2001). The slab strength increases with decreasing temperature in the hightemperature regime, whereas it decreases with decreasing temperature in the lowtemperature regime. The former is caused by normal temperature sensitivity of
viscosity while the latter is caused by the anomalous temperature sensitivity of
viscosity caused by the strong temperature sensitivity of grain-size after a phase
transformation (see Fig. 21).
Note that the central portion of a cold slab is weakened by grain-size reduction
(Fig. 22b) that makes slab deformation possible. However, even after weakening,
the flexural viscosity is still high (higher than that at trenches (~1037 Nms))
suggesting that the energy dissipation by deep slab deformation may control the
rate of mantle convection.
Fig. 23

The viscosity-depth profiles for the lower mantle calculated from diffusion

coefficients (from (Yamazaki and Karato, 2001))
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(a) dT/dz=0.3 K/km and (b) dT/dz=0.6 K/km
In both cases, the pressure dependence of viscosity was calculated by the elastic strain
energy model where the activation free energy is assumed to be proportional to the
strain energy. The experimental results on the activation volume are consistent with
the strain energy model.
Fig. 24

A schematic diagram showing the depth variation of viscosity in the

mantle of super-Earth where the maximum pressure reaches ~ 1 TPa (from (Karato,
2011a))
Under these high-pressure conditions, a commonly held view of higher viscosity at
higher pressure will not work. Several processes including (i) a change in diffusion
mechanism, (ii) a change to a more compact crystal structure (B1  B2, decomposition
of post-perovskite) and (iii) transition to metals will weaken the material.

Table 1
Constitutive relationship for several deformation mechanisms
(a) Power-law constitutive relation
This type of flow law works at low stresses ( σ / µ < 10 −3 , µ : shear modulus)
ε = A

( )()
σ
µ

n

L −m
b

( )
*

exp − HRT

mechanism
Diffusion creep (volume diffusion)
Diffusion creep (grain-boundary diffusion)
Diffusion creep (reaction controlled)
Dislocation creep (power-law creep)
Grain-boundary sliding + dislocation creep

n
１
1
1
3-5
2
2
2

m
2
3
1
0
2
1
3

(b) Exponential constitutive relation
This type of flow law works at high stresses ( σ / µ > 10 −3 , µ : shear modulus)
ε = B

()
σ
µ

2

⎡
⎧
exp ⎢ − HRT* ⎨1 −
⎩
⎢⎣

( ) ⎫⎬⎭ ⎥⎥⎦ ,
σ
σ0

q s⎤

mechanism
Discrete obstacle
Peierls barrier (low stress)
Peierls barrier (high stress)

0 ≤ q ≤ 1, 1 ≤ s ≤ 2

q
１
1/2
1

s
1
1
2

Table 2

Flow laws for power-law creep (including diffusion creep)

(

)

The flow law ε = A ⋅ f Hr 2O ⋅ σ n ⋅ L− m ⋅ exp − E*+RTPV * is assumed.
units: A ( s −1 ( MPa )
log10A

−r −n

r

( µ m )m ), E* (kJ/mol), V* (cm3/mol)
n

m

E*

V*

P

T

L

apparatus

Melt, water

ref.

quartz1
quartz1
feldspar2
feldspar2
feldspar2
feldspar2
diopside3
diopside3
4
diopside
diopside5
enstatite6
7
enstatite
8
garnet
garnet9
garnet10
olivine11
olivine11
olivine11
olivine11
olivine11
olivine11
diabase12
diabase12
eclogite13
peridotite14
peridotite15
peridotite16
peridotite17
peridotite17

-4.0
2.6
13
1.7
2.6
9.8
15
0.09
6.7
-2.2
8.8
13
7.1
5.1
3.218
4.718
6.8
5.8
5.0
2.9
-1.2
0.92
3.3
7.6
6.1
8.8
9.1
4.8

1
219
1.4
3.0
118
118
1.2
-

4
3
3
1
1
4.7
1
1
2.7
2.8
2.9
3.2
2.7
1.1
3
1.1
1
3
3.5
3
3.1
4.7
3.4
3.5
2.2
1.7
1
4.3

3
3
3
3
2.5
3
3
3
3
-

223
356
648
170
467
760
560
340
670
270
600
270
530
347
470
295
315
510
530
470
276
485
480
600
338
538
370
550

14
2018
2018
15-20
24
-

1.5
0.71-1.72
0.3
0.3
0.3
0.3
0.3-0.43
0.3-0.43
0.1-0.3
0.15-0.30
1
0.45
4.3-6.8
0.0001
0.0001
0.1-0.45
0.1-0.45
0.3
0.3
4.9-9.6
0.1-2.0
0.35-0.45
0.4-0.5
3
0.45
0.6
0.0001
0.3
0.3

1173-1373
1173
1270-1480
1370-1480
1180-1480
1370-1480
1373-1523
1373-1523
1321-1421
1373-1473
1273-1673
1473-1523
1113-1573
1370-1430
1373-1543
1393-1573
1473-1573
1473-1523
1473-1573
1300-1870
1473
1073-1273
1213-1345
1450-1600
1473-1523
1173-1275
1473-1558
1373-1573
1373-1573

100
100
2.7-3.4
2.7-3.4
2.7-3.4
2.7-3.4
5.2-330
5.2-330
6.6-10.5
~500
~1000
~10
2-10
2-6
12-17
12-17
10-14
14-18
~10
12-40
~50
~50
30-100
~10
1-2
8-25
8-34
8-34

liquid-Griggs20
liquid-Griggs
Paterson
Paterson
Paterson
Paterson
Paterson
Paterson
Paterson
Paterson
solid-Griggs
Paterson
D-DIA21
MTS22
dead weight
Paterson
Paterson
Paterson
Paterson
RDA23
solid-Griggs
gas apparatus
Paterson
liquid-Griggs
Paterson
gas-apparatus
dead weight
Paterson
Paterson

Melt free
“wet” (~11500 ppm H/Si)
“dry” (~640 ppm H/Si)
“wet” (~11500 ppm H/Si)
“dry” (~640 ppm H/Si)
“dry” (<10 ppm H/Si)
“dry” (<10 ppm H/Si)
“wet” (98-216 ppm H/Si)
“wet” (saturated)
“wet” (water from talc)
“dry” (see note 10)
“dry” (<5 ppm H/Si)
dry
“dry” (~100 ppm H/Si)
“wet” (water-saturated)
“wet” (water-saturated)
“dry” (<50 ppm H/Si)
“dry” (<50 ppm H/Si)
“dry” (<100 ppm H/Si)
“wet” (water-saturated)
“wet” (saturated)
“dry” (<10 ppm H/Si)
~1000 ppm H/Si
“dry”
“wet” (~0.5 wt%)
dry
“dry” (<30 ppm H/Si)
“dry” (<30 ppm H/Si)

(1)
(2)
(3)
(3)
(3)
(3)
(4)
(4)
(5)
(6)
(7)
(8)
(9)
(10)
(11)
(18)
(12)
(13)
(14)
(15)
(16)
(17)
(18)
(19)
(8)
(20)
(21)
(22)
(22)

(1): (GLEASON and TULLIS, 1995), (2): (POST et al., 1996), (3): (RYBACKI and DRESEN, 2000), (4): (BYSTRICKY and MACKWELL, 2001), (5): (HIER-MAJUMDER et
al., 2005), (6): (Chen et al., 2006), (7): (ROSS and NIELSEN, 1978), (8): (LAWLIS, 1998), (9): (LI et al., 2006), (10): (Karato et al., 1995)), (11): (WANG and JI,
2000), (12): (MEI and KOHLSTEDT, 2000b) , (13): (MEI and KOHLSTEDT, 2000a), (14): (HIRTH and KOHLSTEDT, 1995), (15): (Kawazoe et al., 2009) ,(16):
(KARATO and JUNG, 2003), (17): (CARISTAN, 1982), (18): (MACKWELL et al., 1998), (19): (JIN et al., 2001), (20): (MCDONNELL et al., 2000), (21): (JI et al.,
2001), (22): (ZIMMERMAN and KOHLSTEDT, 2004)
1

: Black Hills quartzite, β-quartz
: synthetic specimens (CaAl2Si2O8)
3
: synthetic specimens (Ca(Mg0.8Fe0.2) Si2O6)
4
: synthetic specimens (Ca0.97(Mg0.8Fe0.2) Si1.99O6)
5
: Ca0.98Mg0.79Fe0.256Al0.017Na0.012Si2O6
6
: (Mg0.89Fe0.8Ca0.3)SiO3
7
: synthetic specimens ((Mg0.94Fe0.04Ca0.02)2Si2O6, (Mg0.906Fe0.091Ni0.003)2Si2O6). Water content was not measured.
8
: synthetic specimens (Py, Py70Alm16Gr14)
9
: A universal flow law based on the results on different garnets
10
: synthetic specimens (Py88Alm10Gr2)
11
: synthetic specimens
12
: Maryland diabase
13
: synthetic specimens (~50% garnet, ~40% omphasite, ~10% quartz)
14
: synthetic specimens San Carlos olivine + orthopyroxene mixture (60:40), no report on water content.
15
: synthetic specimens forsterite and Mg-enstatite (97:03 to 80:20).
16
: synthetic specimens forsterite + Mg-enstatite (60:40).
17
: lherzolite (62% olivine, 26% orthopyroxene, 10% clinopyroxene, 2% spinel)
18
: A, r , V* are not determined separately. Assuming V*=20 cm3/mol, A and r were calculated.
19
: r/n=0.5 was constrained by the experiments.If n=4 then r=2.
20
: Influence of friction is reduced using a liquid pressure confining mediuO.
21
: One type of high-pressure deformation apparatus operated to ~10 GPa.
22
: A room pressure deformation apparatus controlled by a servo system.
23
: One type of high-pressure deformation apparatus operated to ~23 GPa.
2
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