Author's personal copy
Earth and Planetary Science Letters 321-322 (2012) 95–103

Contents lists available at SciVerse ScienceDirect

Earth and Planetary Science Letters
journal homepage: www.elsevier.com/locate/epsl

On the origin of the asthenosphere
Shun-ichiro Karato
Yale University, Department of Geology & Geophysics, New Haven, CT, USA

a r t i c l e

i n f o

Article history:
Received 29 October 2011
Received in revised form 19 December 2011
Accepted 3 January 2012
Available online xxxx
Editor: Y. Ricard
Keywords:
asthenosphere
lithosphere
partial melting
water
anelastic relaxation

a b s t r a c t
Various models of the origin of the asthenosphere are reviewed based on the latest observations on mineral
physics of mechanical properties, melting relationships and the thermal models of the upper mantle. Partial
melting likely occurs throughout the upper mantle except for the lithosphere. However, in order to explain
the inferred shallow lithosphere–asthenosphere boundary (LAB) with a large and sharp velocity reduction
in the old oceanic mantle by partial melting, a high end of the geotherm and some mechanisms of melt
accumulation are required. Purely thermal sub-solidus model of the asthenosphere is inconsistent with the
sharp LAB. A sub-solidus model invoking a role of hydrogen content stratiﬁcation explains the shallow and
sharp LAB but it fails to explain a large velocity drop if the absorption band model of anelasticity is assumed.
A review of recent literatures shows that grain-size sensitive anelastic relaxation inevitably has two successive processes, high-frequency elastically accommodated grain-boundary sliding followed by low-frequency
diffusion-accommodated anelasticity. Anelastic relaxation caused by elastically accommodated grainboundary sliding leads to a large velocity reduction (~ 5% or more). Assuming a plausible temperature and
water content dependence of the peak frequency of this relaxation, it is shown that a substantial velocity
reduction occurs at a nearly constant depth (~70 km) in the old oceanic region but at the age-dependent
depth corresponding to the ~ 1300 K isotherm in the young oceans. This model also provides an explanation
for the seismological observations on the cratonic upper mantle including the observed large velocity drop at
the mid-lithosphere discontinuity and a small velocity change at the LAB. Implications for seismic anisotropy
and for the geochemical characteristics of the asthenosphere are also discussed.
© 2012 Elsevier B.V. All rights reserved.

1. Introduction
The asthenosphere is a mechanically weak layer below the lithosphere (Barrell, 1914) characterized by low seismic wave velocities
and high attenuation (e.g., Forsyth, 1975; Gutenberg, 1926; Shankland
et al., 1981). The asthenosphere is considered to be the source region
of mid-ocean ridge basalt, MORB (e.g., Hofmann, 1997; Stolper, 1980),
and the production of MORB by partial melting is the largest volcanic
activity on Earth. Consequently, there must be a close connection
between mechanical weakness and partial melting, and the most popular model of the asthenosphere is to identify it with a layer where partial
melting occurs (e.g., Anderson and Spetzler, 1970; Hirschmann, 2010;
Lambert and Wyllie, 1970; Mierdel et al., 2007).
However, the connection between partial melting and mechanical
weakness may not be direct. For instance, Stocker and Gordon (1975)
pointed out that if the melt does not completely wet the grainboundaries, then the inﬂuence of incipient melting on mechanical properties will be small. In fact, experimental studies on melting showed
that most of the melts do not completely wet grain-boundaries of minerals under the shallow mantle conditions (Kohlstedt, 2002; Toramaru
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and Fujii, 1986; Waff and Blau, 1979) and that the degree of partial
melting in the asthenosphere away from mid-ocean ridges is small
(~0.1% or less) (e.g., Hirschmann, 2010; Plank and Langmuir, 1992).
Consequently, it is not clear if the onset of partial melting explains the
seismological observations on the lithosphere–asthenosphere boundary (LAB).
Recent seismological observations amplify this point. Using highresolution body wave techniques, some of the recent studies showed
that the transition from the lithosphere to the asthenosphere (the
lithosphere–asthenosphere boundary (LAB)) occurs at a shallow
depth in the old oceanic mantle (~60 km in some regions) and the
boundary is sharp and is associated with a large (5–10%) velocity drop
(e.g., Gaherty et al., 1996; Kawakatsu et al., 2009; Kumar and
Kawakatsu, 2011; Rychert and Shearer, 2009, 2011; Rychert et al.,
2005; Schmerr, in press). It is not straightforward to explain such a
large velocity drop at the relatively shallow depth in the old oceanic
upper mantle. Similarly enigmatic is the frequently observed large
velocity drop in the cratonic mantle at the depth of ~100–150 km
much shallower than the expected depth of the LAB (Abt et al., 2010;
Kumar et al., in press; Rychert and Shearer, 2009; Thybo, 2006; Thybo
and Perchuc, 1997). There has been no widely accepted model for this
mid-lithosphere discontinuity.
The purpose of this paper is to present a model that can explain most
of these characteristics of the asthenosphere including geophysical and
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geochemical characteristics based on the latest knowledge of physical
properties of mantle materials. I will ﬁrst review key observations and
evaluate the previous models including models invoking partial melting
and those where sub-solidus processes are considered. I will show that
both partial melting model and the previously proposed sub-solidus
model have serious difﬁculties in reconciling with the known material
properties and the geothermal structures of the upper mantle. Then I
will propose a new model in which the role of high-frequency grainboundary sliding is emphasized. Finally, I will discuss the implications
of the present model for a broad range of geophysical and geochemical
observations.
2. Seismological observations on the asthenosphere
The asthenosphere is characterized by low seismic wave velocities
and high attenuation, and by high electrical conductivity (Shankland
et al., 1981). Explanation of high electrical conductivity was discussed
in detail in the previous papers (Dai and Karato, 2009; Wang et al.,
2006) and will not be repeated here. In this paper, I will focus on seismological aspects. Early surface wave studies showed that (i) there is
a low velocity zone in the oceanic upper mantle at the depth range of
~50–200 km (depending on the age of the ocean ﬂoor) where the
velocity drop from the lithosphere is ~5% (Forsyth, 1975; Montagner
and Tanimoto, 1991; Nishimura and Forsyth, 1989), (ii) seismic wave
attenuation is relatively high (Q ~ 80) compared to the lithosphere
(Q > 600) (Dziewonski and Anderson, 1981; Yang et al., 2007), and
(iii) there is signiﬁcant seismic anisotropy in the upper mantle
(Beghein and Trampert, 2004; Dziewonski and Anderson, 1981;
Montagner and Tanimoto, 1991; Nettles and Dziewonski, 2008).
However, surface wave studies have only limited spatial resolution,
and ﬁne-scale structures have to be investigated using body waves with
shorter wavelengths (Fischer et al., 2010; Kawakatsu et al., 2009;
Kumar and Kawakatsu, 2011; Rychert and Shearer, 2009, 2011;
Schmerr, in press). These studies showed that the lithosphere–asthenosphere boundary (the LAB) in the oceanic regions is sharp (less than
~10–15 km interval) at a depth of ~70 km (with some age dependence,
e.g., Rychert and Shearer, 2011, as I will discuss later) and associated
with a large velocity drop (5–10%).
Also, there is signiﬁcant seismic anisotropy in the upper mantle.
Global studies of seismic anisotropy using surface waves showed
that the majority of the upper mantle has modest radial anisotropy
characterized by (VSH − VSV)/〈VS〉 > 0 (VSH: velocity of horizontally
polarized shear wave, VSV: velocity of vertically polarized shear
wave, 〈VS〉: average shear wave velocity) and the strength of radial
anisotropy generally decreases with depth (Dziewonski and
Anderson, 1981; Montagner and Tanimoto, 1991; Visser et al., 2008).
Also there is azimuthal anisotropy, the fast direction being subparallel to the direction of material motion in most regions
(Montagner and Tanimoto, 1991; Nishimura and Forsyth, 1989). However, a few important exceptions have also been noted. In some regions
near subduction zone, the polarization direction of fast seismic waves is
sub-parallel to trenches and nearly normal to the direction of ﬂow
inferred for a two dimensional trench subduction-induced ﬂow (Long
and Silver, 2009; Russo and Silver, 1994). Also there is exceptionally
strong radial anisotropy in the asthenosphere of the central Paciﬁc
(Ekström and Dziewonski, 1998; Karato, 2008b), that affects the global
model of radial anisotropy (Nettles and Dziewonski, 2008).
The situation is somewhat different for the continental upper mantle. In the continental upper mantle, seismological signature of a possible LAB (at ~200 km depth in the old continents) is weak (e.g., Abt et al.,
2010; Eaton et al., 2009). Instead, there is a distinct velocity drop (from
the shallow to the deep region) at around 100–150 km (Abt et al., 2010;
Rychert and Shearer, 2009; Thybo, 2006; Thybo and Perchuc, 1997).
Rychert and Shearer (2009) interpreted this as the LAB in the continents, but Abt et al. (2010), Thybo (2006), and Thybo and Perchuc
(1997) considered that this is a mid-lithosphere discontinuity (MLD)

rather than the LAB. However, the origin and the signiﬁcance of the
MLD have not been well understood.
The essential features of the oceanic lithosphere–asthenosphere
system are summarized in Fig. 1a and those of the continental
upper mantle are shown in Fig. 1b. The seismological features that
should be explained include (i) a sharp and large (5–10%) velocity
drop at the oceanic LAB at ~70 km in the old oceanic regions,
(ii) the orientation of seismic anisotropy that is sub-parallel to the
plate motion with an exception in some subduction zones, (iii) the
magnitude of anisotropy in the oceanic asthenosphere is less than a
few % with some regional variations (Ekström and Dziewonski, 1998;
Montagner and Tanimoto, 1991; Nettles and Dziewonski, 2008), (iv) a
large velocity discontinuity at 100–150 km in the old continents, (v) a
small velocity change at the continental LAB in the old continents, and
(vi) trench parallel shear wave splitting below some subducting slabs
(Long and Silver, 2009; Russo and Silver, 1994).
3. Materials science observations relevant to the asthenosphere
3.1. Partial melting
A popular model for the asthenosphere is to identify it with a layer
of partial melting (e.g., Anderson and Spetzler, 1970; Hirschmann,
2010; Lambert and Wyllie, 1970; Mierdel et al., 2007). Melting relationship of upper mantle rocks has been studied in detail (e.g.,
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Fig. 1. Basic seismological observations of the upper mantle of Earth. (a) Oceanic upper
mantle. At the LAB (lithosphere–asthenosphere boundary), there is a sharp and large
drop in seismic wave velocity. The quality factor, Q, of the lithosphere is large (600
or higher), but the Q of the asthenosphere is smaller, ~80 (Dziewonski and Anderson,
1981). There is substantial anisotropy, both radial and azimuthal anisotropy, up to a
few % with large regional variations (Dziewonski and Anderson, 1981; Ekström and
Dziewonski, 1998; Montagner and Tanimoto, 1991; Nettles and Dziewonski, 2008).
(b) Cratonic upper mantle. In the cratonic upper mantle, there is a distinct velocity
drop at ~100–150 km and at the depth of ~200–250 km where the LAB is likely located,
the seismic velocity changes only slightly (based on Abt et al., 2010; Nettles and
Dziewonski, 2008).
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Dasgupta and Hirschmann, 2007; Green et al., 2010; Hirschmann et
al., 2009; Kushiro, 2001; Mierdel et al., 2007; Plank and Langmuir,
1992), and the following picture is well established (for a review
see Hirschmann, 2010): below the mid-ocean ridges, hot materials
ascend and the reduction of pressure leads to melting. Melting starts
at ~ 100–150 km depth initially assisted by volatiles (water and/or
carbon dioxide). The amount of melt produced in this stage is controlled by the amount of volatiles and is limited (less than ~ 0.1%).
When materials reach ~70 km, melting occurs without the help of
volatiles and the degree of melting increases substantially leading to
the dehydration of residual minerals deﬁning the chemically depleted
lithosphere (e.g., Hirth and Kohlstedt, 1996; Karato, 1986; Karato and
Jung, 1998).
Such a model implies that the degree of melting in the asthenosphere (~70 km or deeper) in regions away from mid-ocean ridges
is small, and if melt migration is easy, the fraction of melt will also
be small (e.g., Spiegelman and Elliott, 1993). The conditions for
volatile-induced melting in these regions are largely controlled by
the solubility contrast of volatiles between the melts and minerals,
and recent experimental studies showed that an incipient melting
(b0.1%) can occur at T ~ 1300 K and P ~ 2–3 GPa (e.g., Dasgupta and
Hirschmann, 2007; Green et al., 2010; Mierdel and Keppler, 2004;
Mierdel et al., 2007). Similarly, incipient melting also likely occurs
in the upwelling materials at ~410-km if the water content in the
transition zone exceeds ~0.05 wt.% ((Hirschmann et al., 2009;
Karato et al., 2007). Hirschmann (2006) estimated this to be ~ 0.4%,
but later Hirschmann et al. (2009) corrected this to ~0.05%). Once
partial melting occurs at ~ 410-km, the rest of the upwelling mantle
materials will always be partially molten until they reach the bottom
of the lithosphere (Karato, 2011). If the down-going ﬂux is concentrated near subduction zones and the slow distributed upwelling currents occur in most of the mantle as proposed by Bercovici and Karato
(2003), then most of the upper mantle materials are the residuals of a
small degree of partial melting at ~ 410-km and hence is nearly homogenous and modestly depleted (Karato et al., 2006).
In summary, most of the upper mantle likely contains a small
amount of melt except for the lithosphere where temperature is lower
than the solidus, ~1300 K. However, the amount of melt expected
from the melt generation rate and the velocity of melt migration is
small (b0.1%) (e.g., Hirschmann, 2010; Spiegelman and Elliott, 1993),
that leads to very small reduction in seismic wave velocities when
melt does not completely wet grain-boundaries. Therefore, even if the
presence of partial melting is assumed, it is necessary to invoke some
mechanisms of melt accumulation in order to explain a large velocity
reduction by partial melting. I will discuss this point later.
3.2. Mechanical properties
Mechanical properties such as the seismic wave velocities and
seismic wave attenuation depend on temperature, pressure and composition. Among the compositional effects, the most important is the
inﬂuence of water when we discuss the structure of the LAB. Temperature reduces seismic wave velocities and pressure increases the
velocities. In the shallow part where the temperature gradient is
high, temperature effect dominates and the velocities decrease with
depth. In the deeper regions, temperature gradient becomes smaller
and the pressure effect starts to dominate, leading to a minimum in
seismic wave velocities.
The temperature and pressure dependence of seismic wave velocities has two components: anharmonic and anelastic effects (e.g.,
Karato, 1993). Water has only a weak effect on the anharmonic component (e.g., Jacobsen et al., 2008), whereas it likely has a large effect on
the anelastic component (e.g., Aizawa et al., 2008; Karato, 2003;
McCarthy et al., in press). The best-documented mechanism of anelastic
relaxation is grain-boundary sliding accommodated by diffusional mass
transport (Cooper, 2002; Jackson, 2009; Jackson et al., 2002). Both
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experimental and theoretical studies have been conducted on this
mechanism of anelastic relaxation. Theoretical studies on deformation
of a polycrystalline material showed that the anelastic relaxation and
long-term creep in a polycrystalline material occur as a successive process of elastically accommodated grain-boundary sliding followed by
the accommodation due to diffusional mass transport (Ghahremani,
1980; Morris and Jackson, 2009; Raj and Ashby, 1971). Upon the application of an external stress, grain-boundary sliding occurs accommodated by elastic deformation that creates stress heterogeneity at
grain-boundaries. The stress heterogeneity thus generated provides a
driving force for diffusional mass transport. Diffusional mass transport,
in turn, modiﬁes the stress distribution and hence deformation by diffusional mass transport occurs initially as transient creep followed by
steady state creep. Consequently, viewed in the frequency domain, anelastic behavior of a polycrystalline material contains a high-frequency
peak of attenuation corresponding to the elastically accommodated
−1
ωτ
: seismic wave attenuation,
grain-boundary sliding (Q −1 ∝ 1þω
2 τ2 , Q
ω: frequency, τ: relaxation time) followed by a distributed anelastic relaxation leading to power-law attenuation (Q− 1 ∝ ω− α with α = 0.1–
0.3) and ﬁnally the Maxwell body behavior (Q− 1 ∝ ω− 1) (Fig. 2).
Note that the amplitude of relaxation by elastically accommodated
grain-boundary sliding can be large. Kê (1947) reported ~36% reduction
in modulus in aluminum (~18% reduction in velocity), although later
models (Ghahremani, 1980; Morris and Jackson, 2009) predict a small
relaxation (~10% reduction in velocity or less).
Jackson and Faul (2010) and Sundberg and Cooper (2010)
reported experimental observations on peridotites showing the
above-mentioned behavior. Because most of seismological observations and high temperature anelasticity experiments show powerlaw behavior, the absorption band model is often used to characterize anelastic behavior of Earth's mantle (e.g., Karato (1993)). However, the model summarized above shows that in addition to the
absorption band behavior, there must be a high frequency peak
that causes a substantial velocity reduction. The characteristic frequency of grain-boundary relaxation increases with temperature
(and likely with water content). If the characteristic frequency is
higher than the seismic frequency band in the lithosphere but
lower than the seismic frequency in the asthenosphere, then a substantial velocity drop occurs at the LAB. I will explore this possibility
in the later part of this paper.

4. Models of the LAB
Mechanical strength of minerals is reduced at high temperatures
including both elastic and plastic properties (e.g., Karato, 2008a).
Consequently, several studies examined the effects of high temperature
on the mechanical properties (particularly seismic wave velocities and
attenuation) (e.g., Faul and Jackson, 2005; Schubert et al., 1976;
Stixrude and Lithgow-Bertelloni, 2005). However, a purely thermal
model predicts only a diffuse LAB that is inconsistent with the recent
seismological studies showing a sharp transition. Therefore, one needs
something else to explain the sharp and large change in seismic wave
velocity at the LAB.
4.1. Partial melt models
A classic model for the asthenosphere is to identify it with a layer
where incipient partial melting occurs (Anderson and Spetzler, 1970;
Lambert and Wyllie, 1970). If partial melting occurs at the LAB and if
partial melting reduces the seismic wave velocities substantially, then
such a model would explain a sharp and a large velocity drop at the
LAB.
However, such a model has two difﬁculties in view of the recent
studies on materials properties and seismological observations. First,
although recent petrological studies showed that some partial
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Fig. 2. A schematic diagram showing the variation of seismic wave velocity and attenuation with frequency (based on Morris and Jackson, 2009). At high frequency, anelastic relaxation occurs by elastically accommodated grain-boundary sliding. Anelasticity
by this mechanism is characterized by a sharp peak at ωgbs followed by (in the lower
frequencies) diffuse absorption band due to diffusional accommodation. Finally, material behavior changes to the Maxwell body behavior. ωgbs increases with water content
and temperature. In the lithosphere ωseismic > ωgbs (ωseismic: seismic frequency) and the
velocity is unrelaxed velocity (high asymptotic velocity), whereas in the asthenosphere, ωseismic b ωgbs and the velocity is relaxed velocity.

melting can occur in the asthenosphere away from the ridge caused by
the presence of water and/or carbon dioxide (e.g., Green et al., 2010;
Hirschmann, 2010; Mierdel et al., 2007), this occurs only when temperature exceeds ~1300 K (at the pressure of ~2–3 GPa). Recent bodywave seismological studies showed that the depth of the LAB in the
old (~120 Myrs) oceanic upper mantle is at ~60 km in some regions
(e.g., Kumar and Kawakatsu, 2011; Schmerr, in press). Using a standard
geothermal model of the oceanic upper mantle, the temperature at the
depth of 60 km will be 900–1200 K for the age of 120 Myrs (e.g., Davies,
1988; McKenzie et al., 2005; Ritzwoller et al., 2004). Because ~1300 K is
needed for partial melting, one needs to choose an exceptionally hot
model such as the one by Stein and Stein (1992) to explain partial melting at ~60 km in the old oceans. However, Stein and Stein (1992) assumes the potential temperature of ~1680 K that is too high to be
consistent with the thickness of the oceanic crust (McKenzie and
Bickle, 1988). McKenzie et al. (2005) presented a modiﬁed model consistent with the crustal thickness, heat ﬂow and the bathymetry in
which the temperature at 60 km in the old oceanic mantle is ~1000 K
far below the solidus. So I conclude that partial melting at ~60 km in
the old oceanic mantle is difﬁcult, if not impossible, to reconcile with
geothermal models of the oceanic mantle.
Also, even if there is partial melting, the amount of melt in the old
asthenosphere is limited by the available volatile components and is
less than ~ 0.1% if there is no melt accumulation (e.g., Hirschmann,
2010; Plank and Langmuir, 1992). Because melts do not completely
wet grain-boundaries under the shallow asthenosphere conditions,
the inﬂuence of a small amount of partial melting on mechanical
properties is only modest and cannot explain a large velocity drop
(Kohlstedt, 2002; Takei, 2002) (see also Jackson et al., 2004;
McCarthy et al., in press). Therefore in order to explain the observed
large velocity drop at the oceanic LAB, one needs to invoke some
speciﬁc mechanisms to increase the melt fraction.
Kawakatsu et al. (2009) presented one of such models motivated
by the experimental study by Holtzman et al. (2003) who showed
that a layered structure is developed in a partially molten material
by shear deformation including the layers of high melt fraction. In
Kawakatsu et al.'s (2009) model, the net melt fraction is small
(b1%) but seismic wave velocity in the melt-rich layer is assumed to
be very low (by several 10s of %) that results in a reduced SV (vertically

polarized S wave) velocity. However, the stability of such a structure is
questionable from the geodynamic point of view. First, according to
Holtzman et al. (2003), the melt-rich layers formed by deformation is
tilted by ~20 o from the shear plane. If the melt-rich layer is tilted,
then gravity will drain the melt and it is difﬁcult to maintain such a
melt-rich layer for a geological time due to efﬁcient compaction (e.g.,
Ribe, 1985). Furthermore, Hernlund et al. (2008a, 2008b) showed that
if such a melt-rich layer is present there will be gravitational instability
to destroy it. In addition, in the model by Kawakatsu et al. (2009), the
velocity drop is attributed to SH/SV shear wave anisotropy. Consequently, the magnitude of velocity drop must be equal to the magnitude
of radial anisotropy ((VSH − VSV)/〈VS〉 = 5–10%). Although relatively
large radial anisotropy is reported in the central Paciﬁc (Ekström and
Dziewonski, 1998; Nettles and Dziewonski, 2008), the magnitude of radial anisotropy is in most cases less than a few % (Beghein et al., 2006;
Montagner and Tanimoto, 1990, 1991; Nishimura and Forsyth, 1989)
that is smaller than the velocity drop at the oceanic LAB (5–10%,
Kawakatsu et al., 2009; Rychert and Shearer, 2009, 2011; Rychert
et al., 2005). Furthermore, if one uses the model by Holtzman et al.
(2003) on the structure of sheared partially molten peridotite, the
direction of azimuthal anisotropy caused by olivine lattice-preferred
orientation is orthogonal to the direction of ﬂow, that is inconsistent
with most of the seismological observations (e.g., Montagner and
Tanimoto, 1990, 1991; Nishimura and Forsyth, 1989). I conclude that
the explanation of the sharp and large velocity drop at the LAB by the
presence of a layered structure in the asthenosphere is difﬁcult to be
consistent with seismological observations and the presence of such a
structure is questionable from the geodynamic point of view.
An alternative model is to assume that the LAB may correspond to
the depth at which melt accumulates due to the permeability barrier
(e.g., Hirschmann, 2010; Parmentier, personal communication in
2011). The permeability barrier corresponds to the depth at which
geotherm coincides with the solidus. The solidus temperatures corresponding to water and/or carbon dioxide assisted melting is ~ 1300 K,
and such a high temperature at ~ 60 km in the old oceanic mantle is
difﬁcult as discussed before. Furthermore, the structure of such a
layer depends on the melt supply rate and the compaction length
(that depends on the permeability, solid and melt viscosity) and it
is not clear if such a layer can explain the observed seismic velocity
(I will come back to this point when I discuss the possible role of
such a layer to lubricate the lithosphere–asthenosphere boundary).
Therefore, I will explore sub-solidus models to explain the observed
seismological structure of the LAB.
4.2. Sub-solidus models
In order to explain sharp velocity drop by a sub-solidus model,
factors other than temperature need to be invoked. Faul and Jackson
(2005) emphasized the role of grain-size. In their formulation, unrelaxed velocity is grain-size dependent (their equation (7)). Consequently, if there is a large reduction in grain-size across the LAB
(larger in the lithosphere), one might explain a sharp and large velocity drop even if Q ~ 80 or so. However, not only there are no physically
plausible mechanisms to cause such a change in grain-size (only a
small grain-size variation is observed in the typical upper mantle;
Avé Lallemant et al., 1980; Karato, 1984) but also the formula (their
equation (7)) that they used has a weak physical basis. Unrelaxed
velocity in their model corresponds to the velocity affected by a
high-frequency relaxation, and the theoretical models reviewed in
the previous section (see also Supplemental Materials I) show that
the unrelaxed velocity is independent of grain-size although the characteristic frequency of grain-boundary sliding is grain-size dependent. If physically appropriate formula is used and geologically
observed range of grain-size in the upper mantle is used, then the
velocity would change only by ~0.2% or less. Therefore, I conclude
that this model is not viable.
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Karato and Jung (1998) proposed a model in which a sharp drop in
velocity occurs by a sharp increase in the water content below ~70
(±10) km. Due to partial melting at mid-ocean ridges, the hydrogen
content in the oceanic upper mantle changes drastically at ~70 km
and therefore the LAB depth is relatively insensitive to the age
of the ocean ﬂoor, which is consistent with the latest observations
(Kumar and Kawakatsu, 2011; Rychert and Shearer, 2009). However, Karato and Jung (1998) assumed an absorption band model
where the velocity drop and the seismic attenuation are directly
connected (Anderson and Given, 1982) and therefore with Q ~ 80 in
the asthenosphere, that model predicts only a small velocity drop
(b1%). Yang et al. (2007) noted, however, that the amount of velocity
reduction in the asthenosphere (~5–10%) is much higher than expected
from attenuation (Q ~ 50–100) assuming the absorption band model
(see also Karato, 1977). This suggests that there is an absorption peak
(or peaks) at the frequency higher than seismic frequency that causes
velocity reduction but does not contribute to attenuation in the
asthenosphere.
The physical models for the presence of a high-frequency peak were
discussed in the previous section (Section 3.2). In order to calculate the
variation in the relaxation peak, I use the results reported by Jackson
and Faul (2010) that showed the high-frequency peak. Sundberg and
Cooper (2010) found a tail of the high-frequency peak but the peak
was not clearly identiﬁed, although their results are similar to those
by Jackson and Faul (2010). Jackson and Faul (2010) found a relaxation
peak (at 1 Hz) at T ~ 1300 K for 1 mm grain-size (for nearly water-free
samples). This implies that if temperature is less than ~1200 K and no
water is present, materials should have unrelaxed velocities, whereas
if temperature is higher or with a higher water content, materials
should show relaxed velocities (addition of water enhances all the
known transport properties of olivine and other silicates (e.g., Karato,
2008a) and I assume that grain-boundary sliding is enhanced by
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water; see Supplemental Materials I for details). At the LAB
(60–80 km) in the old oceanic mantle, temperature is ~900–1200 K.
Also below ~70 km, both temperature and water content are higher
(Hirth and Kohlstedt, 1996; Karato and Jung, 1998), and therefore, the
seismic wave velocity in a layer below ~70 km should be low by several
%. This can be seen from Fig. 3 where I plot the characteristic frequency
of the high-frequency peak for the range of activation enthalpy and
water content sensitivity (for details see Supplemental Materials I).
For most of water-sensitive models, the transition from unrelaxed to
relaxed state occurs sharply (with a width less than 10 km) at around
~70 km, although the transition is diffuse if water effect is not included.
Corresponding velocity-depth proﬁles for the oceanic upper mantle for
this model are shown in Fig. 4. This model also predicts anisotropic
structures that are consistent with seismological observations (Karato
et al., 2008).
Note that this model predicts age-dependent LAB in the young
ocean where the LAB is shallower than ~70 km. In the young ocean,
the temperature of ~1300 K will occur at a depth shallower than
~70 km where materials are water-poor. Consequently, the LAB depth
in the young oceanic regions is age-dependent until this depth becomes
~70 km (at the age of 40–80 Myrs dependent on the model of
geotherm). The age dependence of the oceanic LAB predicted from
this model is shown in Fig. 5. Note that the shallow LAB in the young
ocean predicted by this model occurs due to the temperature-induced
high frequency relaxation, and therefore the boundary should be relatively diffuse (the transition from the lithosphere to the asthenosphere
will occur for ~10–20 km depth range dependent on the geothermal
gradient).
This model also predicts seismic velocity structure of the continental
upper mantle that can be compared with the available observations
(Fig. 1b). According to the present model, a substantial velocity drop
occurs at temperatures of ~1300 K (under dry conditions). Temperature
of ~1300 K would correspond to a depth of ~100–150 km in the typical
old continental upper mantle (e.g., Artemieva, 2009). Therefore it is
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teristic frequency of grain-boundary sliding, T: temperature, To: reference temperature
(= 1300 K), CW: water content (water content in the deep asthenosphere is assume to
o
: reference water content (= 10− 4 wt.%), r: a non-dimensional
be ~10− 2 wt.%), CW
* : activation enthalpy for grain-boundary sliding (the reference frequency,
constant, Hgbs
0
), is 1 Hz; Jackson and Faul, 2010) (for details see Supplemental Materials I).
ωgbs(To, CW
* =200, 300, and 400 kJ/mol and r = 0, 1 and 2 are used (from the experimental studies
Hgbs
on grain-boundary properties, it is expected that r > 1 (r= 0 corresponds to a case of no
water effect). The geotherm corresponding to the 100 Myrs old oceanic mantle and the
water content versus depth curve calculated by Karato and Jung (1998) are used. The
shaded region indicates the frequency of typical body waves (~1 Hz). The increase in
the characteristic frequency with depth is gradual if there is no inﬂuence of water
(r = 0). However, if there is substantial effect of water (r > 1), then the characteristic
frequency changes rapidly at ~70 km where a large change in water content occurs.
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Fig. 5. The age dependence of the oceanic LAB predicted by the present model. In the
young ocean (say less than ~50 Myrs), the LAB is relatively diffuse and agedependent following roughly the isotherm of T ~ 1300 K. When this isotherm becomes
~70 km depth, then the LAB will be age independent and remains at ~70 km. In this
regime, the LAB is controlled by the contrast in the water content and will be sharper.

than the average strain and is ~0.1 for the viscosity contrast of ~103.
Indeed, the survival of the deep continental roots for a few billions of
years is considered to be the result of a large viscosity contrast
(Karato, 2010). Therefore this model unlikely explains the nearly homogeneous composition of the asthenosphere.
An alternative, and physically more plausible model for the generation of the homogeneous, modestly depleted asthenosphere, is that the
asthenosphere is a residue of a small degree of melting at 410 km
(Bercovici and Karato, 2003; Karato et al., 2006). Evidence of melting
near 410 km has been obtained by seismological studies (Tauzin et al.,
2010) showing low velocity regions above 410 km (see also the inference of 410-km melting from electrical conductivity observations,
Karato, 2011). The composition of the residual materials after partial
melting is controlled by the chemical composition along the solidus,
and remains nearly homogeneous even though the composition of the
materials before melting may vary. The degree of depletion by the
melting at 410 km is modest because the degree of melting at 410 km
is expected to be small (Karato et al., 2006) (~0.1–1%). The water
content of the asthenosphere in this model is estimated to be
~0.01 wt.% (Karato et al., 2006) that is consistent with other estimates
(Dai and Karato, 2009; Hirschmann, 2010). All of these predictions of
the model agree with the chemical characteristics of the asthenosphere.
5.2. Possible interpretation of trench parallel ﬂow below the slabs

tempting to suggest that the mid-lithosphere discontinuity observed in
many continental upper mantle at this depth range may be caused by
grain-boundary relaxation. In this model, the regional variation in the
depth of MLD would correspond to the regional variation in the
geotherm. Another implication is the seismic signal from the continental LAB. The LAB in the cratonic regions is likely a rheological boundary
at a depth ~200 km or deeper across which viscosity changes signiﬁcantly (e.g., Karato, 2010; Lenardic and Moresi, 1999). Most likely
cause for the viscosity contrast is the contrast in the water content
(Karato, 2010). However, the change in the water content at the continental LAB will not cause a large velocity reduction, because the
temperature at the continental LAB likely exceeds the characteristic
temperature of grain-boundary relaxation and hence materials there
will follow the absorption band model behavior where the velocity
reduction is limited by the Q value (less than 1%).
5. Discussions
5.1. Geochemical implications
Let us now discuss models to explain the geochemical characteristics of the asthenosphere. The cause of depletion in incompatible
elements is often attributed to partial melting associated with the continental crust formation in the Archean (~3 Gyrs ago) (Hofmann, 1988)
(for a more recent review see Hofmann, 2004). Indeed, the abundance
pattern of trace elements of MORB is complementary to that of the continental crust that formed the basis of this model. However, this model
has a difﬁculty from the geodynamic point of view. The residue of
partial melting associated with the continental crust formation is highly
depleted peridotites similar to those of the continental lithosphere
(Carlson et al., 2005). In order to explain only modest depletion of the
source region of MORB (the asthenosphere), highly depleted materials
need to be mixed well with less-depleted (unprocessed) materials in
the upper mantle to make modestly depleted and homogeneous
asthenosphere (Hofmann, 1988). However, efﬁcient mixing of highly
depleted and undepleted materials in the upper mantle is difﬁcult
because these two components have a large viscosity contrast (Karato,
2010; Manga, 1996) (a factor of ~10 3). For good mixing, several components in a mixture must deform to large strains (>10) (Ottino, 1989).
For a typical strain-rate of 10− 15 s − 1, strain of ~10 2 can be accumulated
for the age of Earth. However, strain in the depleted component is less

The melt produced at 410 km will go down to the 410-km discontinuity in the deep region where the melt density is larger than the
density of minerals (Karato et al., 2006). However, at a shallow
depth, the melt density must be lower than those of co-existing minerals. Consequently, some melt must rise in the shallow upper mantle.
If extensional stress exists, such a melt may rise to form “petit-spots”
(Hirano et al., 2007). When these melts reach the bottom of the lithosphere, they will be frozen to form a thin water-rich gabbroic layer
(Fig. 6). The thickness of this layer depends on the melt production
rate and the age of the lithosphere, and is estimated to be ~0.1–1 km
for ~0.1–1% partial melting at the age of ~100 Myrs (Supplemental
Materials II). Because water-rich gabbro has much lower creep resistance than peridotites (e.g., Caristan, 1982; Chen et al., 2006), this
layer has signiﬁcantly smaller viscosity than the layers below and
above and hence will act to decouple the lithosphere motion from
the asthenospheric motion. Consequently, if there is substantial trench
migration, then trench parallel ﬂow may develop and this provides a
mechanism to explain trench parallel ﬂow beneath subducted lithosphere inferred from seismic anisotropy (Long and Silver, 2009).
6. Summary and concluding remarks
In the previous studies, the sharp LAB was attributed either to the
presence of partial melt (Hirschmann, 2010; Kawakatsu et al., 2009)
or to the weakening by water (hydrogen) assuming the absorption
band model (Karato and Jung, 1998). Both models have difﬁculties
in explaining a range of seismological observations including the magnitude of velocity drop and the nature of anisotropy simultaneously. A
modiﬁed version of sub-solidus model is presented in which the role
of water (hydrogen) to weaken the grain-boundaries is proposed to
cause a sharp and large velocity reduction, although the cause for the
transition from unrelaxed to relaxed velocity at the LAB in the young
oceanic mantle is due to temperature. A large velocity reduction in the
mid-lithospheric depth in the old continents is likely due to the same
mechanism. This sub-solidus model also provides a natural explanation
for the nature of seismic anisotropy in the asthenosphere including the
plate parallel anisotropy in most of the asthenosphere and the trench
parallel shear wave splitting observed below some slabs.
A classic model to explain homogeneous and modestly depleted
asthenosphere is to presume well mixing of highly depleted residue
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Fig. 6. A schematic diagram showing the structure and processes affecting the nature of the asthenosphere (the water content-depth proﬁle is based on Karato (2011) and is only
schematic). A low degree of partial melting occurs at ~410 km due to high water content in the transition zone. The asthenosphere is a residual of this partial melting and contains
~0.01 wt.% (depending on the depth) of water that is enough to make it soft. Beneath the ridge, extensive partial melting occurs at ~ 70 km (Hirth and Kohlstedt, 1996) that forms
highly depleted lithosphere deﬁning the lithosphere–asthenosphere boundary at ~70 km. In the deep upper mantle (~ 300 km or deeper), a small amount of melt completely wets
olivine grain-boundaries (Yoshino et al., 2007) causing a thick low velocity regions above 410 km (Tauzin et al., 2010). Near the 410-km discontinuity, melt is likely denser than the
surrounding minerals (Karato et al., 2006), and stays at 410 km or in the deep mantle (Bercovici and Karato, 2003). However, melt becomes buoyant at a shallower depth, and will
rise to the bottom of the lithosphere, providing an explanation for “petit spots” (Hirano et al., 2007) and the lubrication needed to explain the trench parallel anisotropy (Long and
Silver, 2009) (Supplemental Materials II).

of continental crust formation and less depleted primitive materials
(Hofmann, 1988). Recognizing the geodynamical difﬁculty, an alternative model is proposed in which the modestly depleted and homogeneous composition of the asthenosphere is attributed to a small
degree of partial melting at 410 km. This model implies that most
part of the upper mantle (except for the lithosphere) is partially molten.
However, in most of the shallow asthenosphere, partial melting does
not result in large changes in seismic wave velocities because the
melt fraction is low and melt wets only a small fraction of grainboundaries. In contrast, partial melting results in a large velocity drop
in the deep upper mantle where melt likely wets olivine grain boundaries completely (Yoshino et al., 2007). This provides an explanation
for a thick low velocity layer above 410 km (Tauzin et al., 2010).
In the present model of the asthenosphere, water plays an essential
role. Partial melting contributes to deﬁne the asthenosphere by redistributing water but it does not directly affect the properties so much.
Water-induced melting at 410 km results in modestly depleted
asthenosphere that still contains ~0.01 wt.% of water that is enough to
weaken these materials. Below mid-ocean ridges, a high degree of
partial melting occurs and most of water is removed to deﬁne a sharp
LAB at ~70 km depth. The remaining uncertainties in this model include
the degree of grain-boundary weakening by water (hydrogen) and the
precise depth at which complete wetting of grain-boundaries by melt
occurs. Further experimental studies on these issues are needed to
understand the nature of the asthenosphere. Also improved seismological studies on the sharpness (its age dependence) of the LAB will be
helpful to discriminate several competing models.
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Supplemental Materials I: Influence of anelasticity on seismic wave velocities

In most of high-temperature anelasticity measurement, a power law relationship
between Q ( Q −1 represents the fraction of elastic energy that is dissipated as heat) and
frequency is observed, viz.,

Q ∝ ωα

(SI-1)

where Q is the quality factor and ω is frequency, and α is a non-dimensional parameter
(~0.3). Such a behavior can be explained by an absorption band model where the
characteristic frequencies of anelastic relaxation is distributed in a certain frequency
range. When anelasticity occurs, then seismic wave velocity is reduced. If seismic
frequency is in this frequency range, then the velocity reduction and Q are related as,

ΔV
V

= 12 cot απ
⋅ Q −1 .
2

With a commonly observed value of α ≈ 0.3 we have

(SI-2)

ΔV
V

≈ Q −1 . Thus if Q=80,

≈ 1% .
then ΔV
V
A quite different situation will arise when there is a high frequency peak outside
of the absorption band. When seismic frequency is within the absorption band, then the
high-frequency peak has little contribution to seismic wave attenuation but it does
contribute to velocity reduction. Consequently, the velocity reduction observed at the

seismic frequency can be larger than that expected from the observed Q assuming the
absorption band model (Fig. 2). Recently, (JACKSON and FAUL, 2010) reported evidence
for a high frequency peak in olivine aggregates to cause a large velocity reduction, ~4 %.
The absorption peak for 1 mm (1 cm) grain-size “dry” olivine occurs at T~1300 K
(~1450 K). This means that in the lithosphere shallower than 60-80 km where
temperature is less than 1300-1400 K, seismic wave velocity is the unrelaxed velocity,
whereas in the deep asthenosphere where temperature is higher than 1500 K, velocity will
be the relaxed velocity, the difference being ~4 % (the amplitude of velocity reduction
depends on the grain geometry and grain-size distribution, see (LEE et al., 2011)). The
depth and the magnitude of velocity drop predicted from this model roughly agree with
the seismological observations (KAWAKATSU et al., 2009).
However, a purely thermal model is difficult to explain the sharpness of the LAB.
According to (JACKSON and FAUL, 2010), a variation in temperature of ~200 K is needed
to go from the unrelaxed to relaxed regime. At 60-80 km depth in the old oceanic
lithosphere, the temperature gradient is ~5-10 K/km (KARATO and JUNG, 1998).
Therefore the width of the LAB with a purely thermal model will be 20-40 km that is
wider than the seismological constraints (less than 10-15 km (KAWAKATSU et al., 2009))
(see Fig. 3, 4).
The high-frequency peak observed by (JACKSON and FAUL, 2010) is likely due to
elastically accommodated grain-boundary sliding. For this mechanism, the peak
frequency is given by (KÊ, 1947)

ω gbs (T ,CW ) = η

M

gbs

δ

(T ,CW ) L

(SI-3)

where ω gbs is the characteristic frequency of anelastic relaxation due to grain-boundary
sliding, T is temperature, CW is water content, M is elastic modulus, ηgbs is grainboundary viscosity, δ is the thickness of grain-boundary, and L is grain-size. However,
the relaxation strength, i.e., the magnitude of velocity reduction, is independent of grainsize as far as the geometry of grain-boundaries does not change with grain-size. The
depth variation of the characteristic frequency comes mainly from the depth variation in
grain-boundary viscosity. (JACKSON and FAUL, 2010) considered temperature effect, but
like all other transport properties, grain-boundary viscosity also likely depends on the
water content. Following the experimental results on other properties, I assume that
grain-boundary viscosity depends on water content as ηgbs ∝ CWr ( CW : water content, r:
a constant r=1-2 (KARATO, 2006)). Under this assumption,

ω gbs (T ,CW )

(

o
ω gbs To ,CW

)

r

*
⎡ H gbs
C
= ⎛ Wo ⎞ exp ⎢ − RT
⎝ CW ⎠
o
⎣

(

To
T

)

⎤
−1 ⎥
⎦

(SI-4)

where ω gbs (T ,CW ) is the characteristic frequency at temperature T and water content

CW , To , CWo are the reference temperature and reference water content respectively,
*
H gbs
is the activation enthalpy for grain-boundary sliding. Based on the study by
*
(JACKSON and FAUL, 2010), I assume H gbs
=300 ± 100 kJ/mol. There is no direct

experimental studies on the influence of water on grain-boundary sliding, but based on
experimental studies on other properties (KARATO, 2006), I assume r=0, 1, and 2 (r=0

corresponds to a case of no water effect). The water content versus depth relation is based
on (KARATO and JUNG, 1998).
Fig. 3 shows the results of calculated depth variation of characteristic frequency
where I chose the reference temperature of To = 1300 K and reference the water content
of CW0 = 10-4 wt% (below this water content, the characteristic frequency becomes

(

)

insensitive to the water content) at which ω gbs To ,CWo = 1 Hz (JACKSON and FAUL,
2010). It is seen that the characteristic frequency moves from lower than seismic
frequency in the shallow part (the lithosphere) to higher than seismic frequency in the
deeper part (the asthenosphere). The transition depth is ~ 70 km (for the old oceanic
mantle) but the sharpness and the exact depth depend on the sensitivity to water content,
i.e., r. If there is no effect of water (r=0), the transition starts at ~80 km (this depth will
depend on the age of the lithosphere) but the transition is too diffuse compared to the
seismological constraints (KAWAKATSU et al., 2009). However, if the influence of water
is assumed with r=1-2, the transition occurs at ~70 km and is sharp, consistent with the
seismological observations. Although there are no direct experimental studies on the role
of water on grain-boundary sliding nor grain-boundary diffusion, several related
observations strongly suggest that transport properties of silicates are enhanced by water
(COSTA and CHAKRABORTY, 2008; JUNG and KARATO, 2001; KARATO, 1989; NISHIHARA
et al., 2006). (MCCARTHY et al., 2011) presented a model to support this hypothesis.
Direct experimental study will be important to test this model.

Supplemental Materials II: slab-asthenosphere interaction in the subduction zone
Formation of a layer of accumulated melt (gabbro)
Melt is continuously produced in the upwelling current in the upper mantle. When
melt reach the place where temperature is equal to the solidus, then melt freezes.
Therefore there will be a layer of frozen melt at the bottom of the lithosphere. As the
lithosphere moves from the ridge, the thickness of this layer will increase.
Let w be the upwelling velocity, f be the average degree of melting (above the
depth at which melt becomes buoyant), uP the plate velocity and h ( x ) be the thickness
of such a layer at the place whose distance from the ridge is x. Then the mass balance
requires

dh
dx

=

w
uP

f

(SII-1)

and hence

h=

w
uP

fx = wft

(SII-2)

where t is the age of the plate ( x = uP t ). If we use the following values, w= 1 mm/y
(BERCOVICI and KARATO, 2003) and f=0.1-1 %, then for the age of 100 Myrs, I get
h~0.1-1 km. This layer is too thin to cause a significant signal in the receiver function
with a typical wavelength, but could be thick enough to lubricate the LAB as I will show
in the next section. However, if the influence of small-scale convection is included, then

the thickness of the melt-rich layer will increase and it might become visible in the
receiver function records (Parmentier, personal communication, 2011).

Decoupling caused by a thin weak layer at the bottom of the lithosphere
If we assume that the asthenospheric flow is driven mainly by the slab motion,
then the asthenospheric flow below subducting slabs is strongly controlled by the nature
of slab motion and the mechanical coupling between the slab and the asthenosphere. Let
us consider that the slab sinks into the mantle with a velocity U but it also migrates
normal to the trench with a velocity V (Fig. SI) (V<<U in most cases), and let us
examine which component controls the flow in the asthenosphere.
When trench migration occurs, the trench parallel flow will occur in the
asthenosphere due to the coupling via normal stress and its velocity can be calculated
from the consideration of mass conservation as

HV ≈ υ L

(SII-3)

where L is the length scale from the trench where the trench parallel flow occurs, H is
the length of a trench (Fig. SI).
The flow in the asthenosphere also occurs due to coupling via shear stress. For
homogeneous viscosity, the trench normal flow velocity caused by the slab with velocity
U at a distance x from the slab caused by the shear stress by slab subduction is given by

u
U

= 1−

x
L

.

(SII-4)

So near the trench, u ≈ U . Therefore the ratio of trench parallel to trench normal flow
velocities in the asthenosphere are given by

υ
u

≈ UV

≈ UV  1

H
L

(SII-5)

where I use values of V= 1 cm/y, U=10 cm/y, L=5,000 km and H=5,000 km for
representative values.
Therefore if viscosity is homogeneous and subduction velocity is larger than
trench migration velocity, then subduction velocity determines the velocity of
asthenosphere motion below it. In order for trench parallel flow to dominate for a relative
small trench migration velocity, the assumption of homogenous viscosity needs to be
modified. If we introduce a thin low viscosity layer with a thickness δ and viscosity ηo ,
the degree of slab-asthenosphere coupling is reduced, and the equation (SII-4) for the
flow outside of a weak zone will be modified to

u
U

ξ

(

= 1+ ξ 1 −

x
L

)

(SII-6)

where u is the velocity at a distance δ from the trench and

ξ=

L ηo
δ η

(SII-7)

where η is the viscosity of the asthenosphere away from the LAB. For the infinite
viscosity at the boundary (or the zero width of the boundary) (i.e., ξ → ∞ ), this relation
goes back to (SII-4) whereas for a very low viscosity at the boundary (i.e., ξ  1 ), it
leads to u ~ ξU and the flow field caused by shear coupling is much weaker. Given
L / δ ≈ (0.5-1) × 104, (L~5,000-10,000 km, δ ≈ 1 km), one needs ηo / η < (1-2) × 10-5

to bring u/U<0.1.
Let us examine how small ηo / η could be for a physically reasonable process.
(LONG and SILVER, 2009) invoked shear heating to reduce the viscosity near the LAB,
but shear heating is highly unlikely to be efficient at the condition near the LAB because
energy dissipation rate is so small there due to low viscosity (KARATO, 2008). An
alternative mechanism to reduce the viscosity near the LAB is to assume the presence of
frozen water-rich basaltic melt (wet gabbro). If partial melting occurs at 410-km, then
upwelling materials continuously produce (a small amount of) melt. These melts have
basaltic composition with a large amount of water (on the order of ~10 wt%). Once they
reach the LAB, they will be frozen to form water-saturated gabbro. There are no detailed
rheological studies on gabbro, and I use the result on the dislocation creep of
clinopyroxene by (CHEN et al., 2006) as a first-order approximation. By comparing their
results with the flow law of water-bearing olivine by (KARATO and JUNG, 2003), I find
that the viscosity ratio at a constant stress at 1200-1300 K is 10-5-10-6 for the water
fugacity of 1-10 GPa (~10% of saturation limit). If a melt-rich layer is present at the
interface between the lithosphere and the asthenosphere, the viscosity contrast will be
even smaller. Therefore the presence of a thin layer of (wet) gabbro (or a melt-rich layer)
is a possible mechanism for decoupling.
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Fig. SI
A schematic drawing showing the geometry of subduction zone

Due to the presence of a thin weak layer (with a thickness δ ), the motion in the
asthenosphere below the subducting slab can be decoupled with plate subduction
(velocity U), and could be controlled by trench migration (velocity V), if the viscosity
there is much smaller than the viscosity in the general part of the asthenosphere. L: the
length scale of convection (~ plate size), H: the length of trench, δ : thickness of a weak
layer
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