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Abstract
Magnesiowüstite [(Mg,Fe)O] is an important constituent of the lower mantle, probably occupying about 20–25% of its volume.
Laboratory and theoretical studies have shown this mineral to be highly elastically anisotropic at lower mantle pressures and
temperatures. Thus, strain-induced formation of lattice preferred orientation (LPO) in magnesiowüstite is a candidate mechanism
for the origin of anisotropic structure in D . Although observations of seismic anisotropy within D are robust, both the occurrence and
the style of that anisotropy are spatially variable. Two hypotheses have been offered to explain the observations of D anisotropy: LPO
of intrinsically anisotropic minerals, or shape preferred orientation (SPO), perhaps in the form of horizontal layering or oriented
inclusions. To investigate the first hypothesis, we performed confined simple shear deformation experiments in the dislocation
creep regime using a gas-medium deformation apparatus over a range of compositions: the MgO and FeO endmembers and three
intermediate compositions. Samples were deformed at 1273–1473 K, at a confining pressure of 300 MPa, to large shear strains
(γ = 3.5–4.5) using deformation pistons cut at 45◦ . After deformation, the LPO was measured by electron backscatter diffraction
(EBSD). The LPO produced varied for differing compositions, indicating the activity on individual slip systems and/or the nature
of grain boundary migration in (Mg,Fe)O are affected by composition and/or homologous temperature. We predicted seismic
anisotropy from the measured LPOs and theoretically determined single-crystal elastic constants. Anisotropic behavior predicted
from LPO agrees well with observations of D anisotropy, so the LPO hypothesis appears to satisfy the seismological constraints.
Our calculated anisotropy patterns suggest that if D anisotropy is due to LPO of (Mg,Fe)O, then azimuthal variations in anisotropy
in the horizontal plane should be present. Such azimuthal variations are not generally predicted for SPO-type hypotheses, and this
may provide a means for distinguishing the cause of D anisotropy.
© 2006 Elsevier B.V. All rights reserved.
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The D layer comprises the bottom 150–300 km of the
Earth’s mantle and is characterized by unusually small
vertical gradients in seismic velocity, laterally heterogeneous velocity structure, and probably by significant
thermal and/or chemical heterogeneities (see Wysession
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et al., 1998, for a review). An understanding of the
properties and dynamical processes associated with the
core–mantle boundary (CMB) is essential to unravel the
nature of mantle convection and coupling between the
mantle and the core. To date, seismological observations
have provided the strongest constraints on the nature of
D , and among the most important of these have been
observations of seismic anisotropy. Although most of the
lower mantle appears to be isotropic, at least on the scale
of seismic wavelengths (e.g. Meade et al., 1995), several studies have suggested various styles of anisotropy
in D , beginning with Mitchell and Helmberger (1973),
Doornbos et al. (1986), and Cormier (1986). Because
anisotropic structures in the Earth’s mantle are thought
to result from permanent strain, observations of seismic
anisotropy in D can provide useful insights into deformation geometry.
Although there is ample seismological evidence for
anisotropy in D , it appears that neither the style of
anisotropy nor its spatial distribution is uniform. In studies of D anisotropy using core-diffracted shear waves
(Sdiff ), Vinnik et al. (1989, 1995, 1998) have noted splitting of Sdiff and anomalously high SVdiff amplitudes
and suggested that elastic anisotropy was responsible.
Observations of splitting in pre-diffracted S phases turning in the lowermost mantle have been interpreted in
terms of transverse isotropy (that is, hexagonal symmetry with a vertical symmetry axis). Beneath the northern
Pacific and Alaska (Lay and Young, 1991; Matzel et
al., 1996; Garnero and Lay, 1997; Fouch et al., 2001),
North America and the Caribbean (Kendall and Silver,
1996; Garnero and Lay, 2003), and the Indian Ocean
(Ritsema, 2000), there is evidence for anisotropy in D ,
apparently with a vertical axis of symmetry. Beneath the
southern Pacific, it appears that the lowermost mantle
is isotropic, while beneath the central Pacific there is
evidence for highly spatially variable anisotropy, possibly with a horizontal axis of symmetry (that is, azimuthal
anisotropy) (Lay et al., 1998). These spatial distributions
of anisotropy have led to speculation that the mechanisms of anisotropy generation differ in regions associated with mantle upwelling and downwelling (Kendall,
2000).
In the upper mantle, it is generally accepted that
seismic anisotropy results from lattice preferred orientation (LPO) produced by dislocation creep of olivine,
the major upper mantle constituent (e.g. Zhang and
Karato, 1995). Two different mechanisms for generation of anisotropy in D have been proposed. First, LPO
of anisotropic lower mantle minerals could result in D
anisotropy (Karato, 1998a,b), provided that deformation
occurs by dislocation creep, rather than diffusion creep

(see, for example, Karato, 1989). The observation that
the lower mantle is largely isotropic has been interpreted
as evidence that the dominant deformation mechanism is
diffusion creep or superplasticity (Karato et al., 1995).
However, recent geodynamical models (McNamara et
al., 2001, 2002) have shown that dislocation creep may
occur in the lowermost mantle, due to high stresses associated with the collision of subducted slabs with the
CMB.
A second hypothesis suggests that anisotropy in D
might result from shape preferred orientation (SPO) of
inclusions within a matrix of differing elastic properties.
For example, Kendall and Silver (1998) considered models consisting of oriented cigar-shaped or disk-shaped
inclusions, due to the infiltration of core material or
partial melting, and of horizontal layering, due to the
presence of a subducted slab “graveyard.” These workers concluded that SPO could explain the seismological
data well. The SPO mechanism has also been considered by Russell et al. (1998), Garnero and Lay (2003),
and Moore et al. (2004). Consensus on which model for
anisotropy best explains the seismic data and available
dynamical constraints, however, has not been forthcoming, partly because little experimental work has been
done to address the formation of LPO in lower mantle
materials.
Based on a bulk chemical composition model for
the upper mantle (the pyrolite model), the lower mantle should consist of approximately 70% Mg-perovskite
(Mg,Fe)SiO3 , approximately 20–25% magnesiowüstite
(Mg,Fe)O, and less than 10% Ca-perovskite, CaSiO3
(Ringwood, 1991). New experimental evidence suggests that Mg-perovskite undergoes a phase change to
a post-perovskite phase at approximately 115–125 GPa
(Murakami et al., 2004; Oganov and Ono, 2004; Shim
et al., 2004). Thus, the dominant phase in the D layer
may well be post-perovskite instead of perovskite. The
question of which phase(s) are most likely to contribute
to LPO-induced anisotropy becomes important. Karato
(1998a) argued that (Mg,Fe)O is likely to be more elastically anisotropic at D conditions than perovskite (see
also Wentzcovitch et al., 1998), although both magnesiowüstite and perovskite are probably anisotropic at
these conditions (Isaak et al., 1989; Karki et al., 1997a,b).
Additionally, the creep strength of magnesiowüstite in
the lower mantle is probably much smaller than that
of perovskite (Yamazaki and Karato, 2001) and lower
mantle deformation may tend to be partitioned into
(Mg,Fe)O, the weaker phase. Therefore, the development of LPO in (Mg,Fe)O during simple shear deformation, probably the dominant geometry at the base of
the mantle, could be very important for generating seis-
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mic anisotropy in D . However, it is important to keep
in mind that LPO in post-perovskite may also play a
role in generating D anisotropy, and new experimental
and theoretical results should shed light on the relative
importance of post-perovskite and magnesiowüstite.
The importance of LPO in magnesiowüstite as a possible mechanism for generating seismic anisotropy in
the lowermost mantle was first pointed out by Karato
(1998a,b), but at this time little experimental work
had addressed the development of fabric in (Mg,Fe)O.
Stretton et al. (2001) investigated the mechanical behavior and resulting LPO of (Mg0.8 ,Fe0.2 )O using uniaxial
compression tests, and found that significant LPO develops. Simple shear deformation experiments were first
performed by Yamazaki and Karato (2002), who carried
out a preliminary investigation of LPO development in
(Mg0.75 ,Fe0.25 )O and FeO aggregates deformed in the
dislocation creep regime. The deformation of the MgO
endmember was investigated by Merkel et al. (2002) at
pressures of the lower mantle, although their experiments
were carried out at ambient temperature. Shear deformation experiments on (Mg0.8 ,Fe0.2 )O using a torsional
configuration to very high strains (as large as γ = 15.5)
were carried out by Heidelbach et al. (2003). Although
several studies in the past few years have addressed the
development of LPO in magnesiowüstite of various compositions, the effect of iron content on LPO has not yet
been investigated systematically. In the work reported
here, an extension of that of Yamazaki and Karato (2002),
we performed simple shear deformation experiments
of MgO, FeO, and three intermediate compositions at
several homologous temperatures (T/Tmelting ). The goal
of this study is to investigate the effects of composition and homologous temperature on LPO development
and to apply the experimental results to the problem of
anisotropic structure in the lowermost mantle.
2. Experimental procedure
2.1. Sample preparation
Samples were synthesized from powders of oxide
reagents. MgO and Fe2 O3 powders were mechanically mixed and ground in molar ratios yielding the
desired compositions (MgO, (Mg0.75 ,Fe0.25 )O, (Mg0.50 ,
Fe0.50 )O, (Mg0.25 ,Fe0.75 )O, and FeO). For all compositions except the MgO endmember, powders were then
put into a furnace in an alumina crucible at 1273 K for
∼8–2 h with a CO2 /H2 gas mixture to buffer oxygen
fugacity within the wüstite stability field. After heating,
the powders were re-mixed and re-heated at least once to
achieve nearly complete reaction. The MgO powder and
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Fig. 1. Optical micrographs of undeformed (Mg0.50 ,Fe0.50 )O starting
material (a) and FeO sample after deformation at 1273 K (b).

the conditioned (Mg,Fe)O and FeO powders were then
cold-pressed using a split die into an iron jacket with a
uniaxial pressure of ∼20 MPa. The cold-pressed samples
were isostatically hot-pressed in a gas-medium (Paterson) apparatus at 1473 K and 300 MPa for 200 min. During hot-pressing, the oxygen fugacity was buffered by the
iron jacket. An optical micrograph of (Mg0.50 ,Fe0.50 )O
starting material is shown in Fig. 1. Because grain growth
is slower in MgO than FeO, starting grain sizes for pure
MgO (∼3–5 m) were much smaller than that for the
intermediate compositions (∼30–70 m). Although the
starting grain size for FeO was not observed due to a
pressure vessel leak early in the initial hot-press, we suppose it to be large, as the grain size of FeO deformed at
1473 K approached 300–400 m. Except for FeO, the
compositions of all starting materials were analyzed on
a microprobe to ensure that an (Mg,Fe)O solid solution
had been formed, that the correct molar ratios had been
achieved, and that no contamination from the alumina
crucibles occurred.
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Table 1
Experimental conditions and LPO measurement results for six deformation experiments
Sample number

Composition

Temperature (K)

Shear strain (γ)

No. of grains measured

Starting grain size (m)

MDL02
MDL03
MDL05
MDL07
MDL08a
MDL08b

MgO
(Mg.50,Fe.50)O
(Mg.75,Fe.25)O
(Mg.25,Fe.75)O
FeO
FeO

1473
1473
1473
1473
1473
1273

4.2
4.5
3.5
3.7
3.8
4.1

1953
518
1757
2055
155
827

5
30
45
70
∼150
80

2.2. Deformation experiments
Slices ∼1 mm thick were cut at an angle of 45◦ to the
long axis from each of the cylindrical hot-pressed mixtures. For two of the experiments, the slices were then cut
in half parallel to their thinnest dimension, and a strain
marker of 0.1 mm-thick molybdenum foil was inserted.
The sample was then sandwiched between two thoriated
tungsten deformation pistons, cut at 45◦ . The surfaces of
the deformation pistons had 40 m deep grooves, spaced
∼100–200 m apart, to prevent slip at the sample–piston
interface. The pistons and sample were put into an iron
jacket and shear deformation was achieved by the uniaxial compression of alumina and zirconia pistons. A
summary of the conditions for each deformation experiment is shown in Table 1, and a schematic diagram of
the setup for the deformation experiments is shown in
Fig. 2.
Deformation experiments were carried out on all
compositions in a gas-medium Paterson apparatus at
1473 K and confining pressure of 300 MPa. One additional experiment was carried out on a FeO sample at
1273 K. For each experiment, the pressure was raised to
∼220–235 MPa, and then the temperature was raised at a
rate of 1.5 K/s, resulting in a final pressure of 300 MPa.
After the desired pressure and temperature conditions
were reached, the sample was annealed for one hour
to obtain good contact between the sample and pistons.
All experiments were carried out at a constant axial displacement rate of 0.0118 mm/min, and all experiments
achieved a total strain of γ = 3.5–4.5 (corresponding to
3.5–4.5 mm of shear displacement for a 1 mm thick sample). We compared our experimental conditions (starting
grain size, temperature, strain rate, and shear stress) with
the deformation mechanism maps in Frost and Ashby
(1982) and Karato (1998b), and all experimental conditions should fall within the dislocation creep regime. The
large amount of total shear strain should ensure that the
LPO pattern has reached a nearly steady state; although
Heidelbach et al. (2003) showed that larger strains are
needed to obtain truly steady-state fabrics in (Mg,Fe)O,

Yamazaki and Karato (2002) showed that fabrics and
the resulting anisotropy change very little after strains of
γ = 4–5.
2.3. Microstructural observations
After deformation, the samples and pistons were cut
into two halves parallel to the shear direction and perpendicular to the shear plane. Samples were polished
with progressively smaller grit sizes, ending with 0.1 m
diamond paste and Syton colloidal silica solution. LPO

Fig. 2. Schematic diagram of sample assembly for deformation experiments.
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was measured using the electron backscatter diffraction
method (EBSD) (Dingley and Randle, 1992) on a scanning electron microscope (SEM). EBSD measurements
were made on a Phillips XL30 SEM at Yale University. For five of the six samples, crystal orientations were
determined in automatic beam scanning mode (Wright,
2000) with a step size slightly bigger than the average
grain size. For the FeO sample deformed at 1473 K, the
large grain size made automatic scanning impossible,
and the orientation of every grain in the sample was
measured and indexed manually. The deformed samples were also examined with an optical microscope
and rotation and elongation of grains consistent with the
sense of shear were observed. An optical micrograph of
a deformed FeO sample (deformed at 1273 K) is shown
in Fig. 1.
3. Results
3.1. Mechanical data
We converted the raw force and displacement data
into stress–strain curves and measured the steady-state
stress as a function of homologous temperature. It is
important to note that mechanical data from shear deformation experiments are subject to large uncertainties due
to the effects of heterogeneous deformation, change in
sample thickness, etc. The measured force was converted
into stress by dividing by the sample area and the change
in sample area with increasing strain was taken into
account in this calculation. The measured displacements
were converted into strain using the previously measured stiffness of the Paterson apparatus (61.5 kN/mm
in compression). Additionally, we apply a correction for
the stiffness of the iron jacket by estimating the crosssectional area of the iron jacket for each experiment and
using published data for the strength of metallic iron
(Frost and Ashby, 1982). A plot of log(σ) versus homologous temperature T/Tm is shown in Fig. 3.
A comparison of the stress/temperature curve in Fig. 3
with the deformation mechanism maps for MgO in Frost
and Ashby (1982) for various grain sizes (initial grain
sizes in our experiments ranged from ∼5 m to perhaps
150 m, see Table 1) confirms that our experimental conditions should lie in the dislocation or power-law creep
regime. Deformation in the dislocation creep regime
should be governed by the relation


dε
−Q
= Aσ n exp
,
dt
RT
where ε is the strain, σ the stress, n represents the stress
exponent, T the temperature, and A and β are the con-
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Fig. 3. Mechanical data from deformation experiments. We plot the
log of the steady-state stress in MPa vs. the homologous temperature
(T/Tmelting ). The line represents the best linear fit to this relation. Black
triangles represent deformation experiments at 1473 K; the white triangle represents the experiment on FeO at 1273 K.

stants (see Evans and Kohlstedt, 1995, for an overview
of the dislocation creep constitutive relations). All of
our experiments were done at a constant temperature
of 1473 K (with one exception) and at a constant strain
rate. However, because of the dramatically different
melting temperatures of the MgO and FeO endmembers, we covered a range of homologous temperatures
(T/Tmelting ). The above equation predicts a linear relationship between log(stress) and the homologous temperature, which is what we observe in Fig. 3. Because
the curve in Fig. 3 does not flatten, there is no indication
that there is a change in deformation mechanism at different homologous temperatures. Dislocation creep is,
of course, also indicated by our observations of strong
lattice preferred orientation during our experiments (see
below).
3.2. Microstructural observations
In Fig. 4, a dot map showing all measured crystal
orientations for the [0 0 1], [0 1 1], and [1 1 1] axes of
the MgO sample is shown, along with the corresponding pole figure plot of the calculated texture. The texture
is represented by smoothing the individual orientation
measurements with a Gaussian function with a 15◦ halfwidth. Pole figures for all six samples are shown in
Fig. 5. For MgO, the observed texture is quite distinctive, with the [0 0 1] directions concentrated roughly in
the direction of shear, in the shear plane perpendicular
to the direction of shear, and orthogonal to the shear
plane. However, the areas of [0 0 1] concentration paral-
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Fig. 4. Comparison of dot maps (a) and calculated pole figures (b) for the MgO sample. Dot maps show the lower-hemisphere projection of measured
Euler angles for each grain (for the [0 0 1], [0 1 1], and [1 1 1] orientations, respectively). The pole figure representation is obtained using a Gaussian
smoothing function with a 15◦ half-width. The shear plane corresponds to the E–W direction and is shown by the thick black lines on (b). The sense
of shear is top to right (dextral) and is shown by the arrows at upper right. Pole figure density is represented by the grayscale and the maximum
(black) corresponds to three multiples of uniform density (see scale bar at lower right). Projections are equal-area.

lel to the shear direction and orthogonal to the shear
plane are tilted by ∼15–20◦ , a feature that had also
been observed in other materials such as olivine (e.g.
Zhang and Karato, 1995). This tilt can be observed for
all samples except FeO. The pole figures for the [0 1 1]
and [1 1 1] crystallographic directions also show distinctive areas of high concentrations. The observed fabric
for (Mg0.75 ,Fe0.25 )O is quite similar to that of MgO,
although the alignment of the [0 1 1] and [1 1 1] directions in (Mg0.75 ,Fe0.25 )O is less strong than for MgO.
However, there is an interesting transition in fabric from
(Mg0.75 ,Fe0.25 )O to (Mg0.50 ,Fe0.50 )O. For the 50% Fe
composition, the concentration of the [0 0 1] axis appears
to be spread over larger areas. Additionally, there is
no longer a peak in [0 0 1] concentration in the shear
direction or contained in the shear plane, but perpendicular to the shear direction. Instead, these two orthogonal
directions of [0 0 1] axes appear to be shifted in their
plane by about 45◦ . For the (Mg0.25 ,Fe0.75 )O composition, a peak in the [0 0 1] axis concentration can still
be seen roughly orthogonal to the shear plane (tilted
∼15–20◦ ), but the concentrations in the shear plane
appear more spread out than for the other compositions. The [0 0 1] concentrations for the FeO endmember samples lack the distinctive 15–20◦ tilt that was
found for the other four compositions; for these sam-

ples, [0 0 1] concentrations lie either perpendicular to
the shear plane, or in the shear plane at two orthogonal directions 45◦ from the shear direction, as for the
(Mg0.50 ,Fe0.50 )O sample. (We note, however, that the
FeO (1473 K) sample has only 155 measured grains, far
fewer than the other five samples. This may be approaching the lower limit for number of grains needed to assure
that the texture has been adequately statistically sampled.)
3.3. Seismic anisotropy
In order to translate the LPOs measured in this study
into seismic anisotropy, several simplifying assumptions
must be made. In the following calculations, we use the
measured LPOs along with the single crystal elastic constants and density for MgO at 125 GPa (a typical pressure
for D ) calculated by Karki et al. (1997a). This study
and similar studies (Karki et al., 1997b, 1999; Karki
and Stixrude, 1999; Wentzcovitch et al., 1998) use a
first-principles calculation based on density functional
theory to obtain the equation of state and elastic constants
for MgO at pressures unattainable in the laboratory.
The use of MgO elastic constants calculated for a pressure of 125 GPa and ambient temperature (rather than
a temperature characteristic of D ) ignores the effects
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Fig. 5. Pole figures for the [0 0 1], [0 1 1], and [1 1 1] crystallographic orientations for six samples. Fe content increases from top (MgO) to bottom
(FeO). As in this figure, the E–W direction corresponds to the shear plane and the sense of shear is dextral. The grayscale is the same as in Fig. 4; it
is uniform for each sample, and the maximum value corresponds to three multiples of uniform density.

of temperature on elasticity; however, these effects are
much smaller than those due to pressure. According to
Yamazaki and Karato (2002), the effects of temperature
between 0 and 4000 K at 140 GPa should modify the
anisotropy by less than 10% (see also Stixrude, 2000,
and Liebermann and Li, 1998); the effects of temperature are therefore ignored in this calculation.
We also use the MgO elastic constants for all five compositions, as the elastic constants of (Mg,Fe)O and FeO
at lower mantle pressures have not been investigated. We

note that significant differences in elastic constants with
differing compositions have been observed for single
crystal (Mg,Fe)O at ambient conditions, especially for
Fe-rich compositions (Jacobsen et al., 2002); in fact, pure
wüstite is elastically isotropic at ambient pressures. It is
quite likely that the elasticity of Fe-rich magnesiowüstite
at lower mantle pressures is significantly different than
that of the MgO endmember, and we emphasize that our
use of elastic constants for MgO is a significant simplification. However, the details of pressure effects on
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is calculated, along with the direction of the fast shear
wave polarization.
The predicted pattern of anisotropy for single-crystal
MgO is shown in Fig. 6. As Fig. 6 demonstrates, MgO
is highly anisotropic at lower mantle pressures. Single
crystal MgO has a P velocity anisotropy of 19.9% and a
maximum S velocity anisotropy of 48.1%. The characteristics of shear wave anisotropy along with predicted
fast shear wave polarization calculated from the measured LPOs for all six samples are shown in Fig. 7.

C15

where Xi and Xj are the direction cosines for the direction of interest. This equation is most easily solved by
finding the eigenvalues of Tik ; this is the approach that
the program by Mainprice (1990) takes. We solve for
quasi-P, quasi-S1, and quasi-S2 velocities over a range
of propagation directions. Additionally, the strength of
the S wave anisotropy A, given by


|VS1 − VS2 |
A = max
× 100,
VS2

C14

Tik = cijkl Xj Xi ,

C13

where δik is the Kronecker delta function, V is one of
three seismic velocities, and Tik is the Christoffel stiffness matrix, given by

C12

det |Tik − δik V 2 | = 0,

C11

elasticity in magnesiowüstite are not well known. A transition in spin state in (Mg,Fe)O at lower mantle pressures
has been proposed (Badro et al., 2003; Sturhahn et al.,
2005); this would likely modify the elasticity, but it is not
known how. Given the large uncertainty in the effects of
Fe at lower mantle conditions, we believe that the best
approach is to use the better-known elastic constants for
pure MgO at 125 GPa for our calculations. Subsequent
work on the effects of Fe on elasticity at high pressures should allow for more accurate calculations in the
future.
Bulk elastic constants Cij from the measured LPOs
were calculated using an algorithm by Mainprice (1990).
(The notation Cij uses the convention of contracting the
fourth-rank elastic tensor cijkl into a 6 × 6 matrix Cij ,
taking advantage of the symmetry properties of cijkl .)
The Voigt–Reuss–Hill averaging scheme was used; this
approach takes the arithmetic mean of the Voigt (assumes
homogenous strain) and Reuss (assumes homogenous
stress) averaging schemes. Calculated bulk elastic constants, along with single-crystal MgO constants, are
shown in Table 2; all values are given in GPa. From
the calculated elastic constants (quasi-) P and S wave
velocities may be calculated by solving the Christoffel
equation. This equation if given by:
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Table 2
Calculated bulk elastic constants in GPa for six samples, based on measured LPOs and single-crystal MgO elastic constants at 125 GPa from Karki et al. (1997a)
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Fig. 6. Calculated anisotropy for single-crystal MgO at 125 GPa. Shown are contour plots of P wave velocity (a), S wave anisotropy (b), S1
polarization directions (c), S1 wave velocities (d), and S2 wave velocities (e). All plots are equal-area lower hemisphere projections.

The E–W direction for all plots in this figure represents the shear plane; for D , we assume that the shear
plane is horizontal. Fig. 7 demonstrates that composition
can have a significant effect on the resulting anisotropy
pattern, but also demonstrates that regardless of compo-

sition, the predicted patterns of anisotropy for (Mg,Fe)O
have several features in common (see Section 4, below).
The values of maximum calculated S anisotropy range
from 5.0% to 11.6%, compared to the single crystal S
anisotropy value of 48.1%.
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Fig. 7. Predicted shear wave splitting behavior based on the measured LPOs for six samples: MgO (a), Mg.75O (b), Mg.50O (c), Mg.25O (d),
FeO at 1473 K (e), and FeO at 1273 K (f). The grayscale indicates the strength of S-wave anisotropy; the bars indicate the orientation of the fast
splitting direction. Each scale bar is marked with the maximum (top) and minimum (bottom) value of S wave anisotropy, expressed as A = max
[|VS1 − VS2 |/VS2 ] × 100.

4. Discussion
4.1. Observed LPO
In this study, we observed changes in LPO pattern
with increasing Fe content for (Mg,Fe)O samples. All
experiments achieved a shear strain of γ = 3.5–4.5, which
should insure that LPO has reached a nearly steady
state. Because variables such as temperature, axial displacement rate, confining pressure, etc. were carefully
controlled, we can attribute the difference in observed
LPO for different samples to either: (1) effects of composition itself, or (2) effects of homologous temperature. All experiments in this study were performed at
1473 K (except for one additional FeO experiment at
1273 K), but because the melting temperatures of MgO
and FeO are different (3099 K as opposed to 1650 K),
this study covered a range of homologous temperatures (T/Tmelting = 0.48–0.89). Because LPO is generated
through dislocation creep, differences in fabric can be
attributed to differences in the dominant slip systems
for different materials, or to differences in the nature of
grain-boundary migration.
As reviewed by Karato (1998a) and discussed by
Stretton et al. (2001), Yamazaki and Karato (2002),
Merkel et al. (2002), and Heidelbach et al. (2003),
the Burgers vector, which represents the dominant slip
direction, is always 1 1 0 for cubic NaCl-type crystal
structures such as MgO. For NaCl, dislocation creep is

dominated by glide on the {1 1 0} plane. However, the
{1 0 0} and {1 1 1} glide planes could play an important
role in deformation for NaCl-type materials, especially
those with less ionic bonding than NaCl, such as MgO
(Yamazaki and Karato, 2002). Karato (1998a) noted that
temperature also affects the choice of glide planes, with
glide on the {1 0 0} plane enhanced at higher temperatures because of the higher activation energy for the
1 1 0 {0 0 1} slip system. Because the relative importance of glide planes is affected both by temperature and
by the degree of ionic bonding, further experiments (for
example, holding the homologous temperature constant
and varying the Fe content) may be needed to constrain
the reasons for the differences in LPO observed in this
study. However, the two experiments performed on FeO
at different homologous temperatures (T = 1473 K and
T/Tm = 0.89 versus T = 1273 K and T/Tm = 0.77) resulted
in nearly identical LPO, which suggests that changes
in observed LPO for (Mg,Fe)O may be primarily due
to changes in composition. A part of the difference in
fabrics among different compositions may be due to
the difference in the degree to which the sample fabric has evolved. We note that although the fabric is
nearly steady-state and there is little difference in seismic anisotropy beyond the shear strain of ∼4 as noted by
Yamazaki and Karato (2002), there is some subtle development in fabric up to strain of ∼15 or so (Heidelbach
et al., 2003). The fabrics of our more iron-rich samples resemble those at higher strains. It is possible that
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the compositional dependence of fabric partly reflects
the different degree of evolution of fabric among samples with different compositions. This is likely due to
the fact that all kinetic processes occur faster for ironrich samples than iron-poor counterparts compared at the
same temperature and pressure. Further work is needed
to separate the effects of composition and homologous
temperature on LPO in magnesiowüstite and to definitively identify the slip systems that are active under
different conditions, but we can use the range of LPOs
observed in this study to make some general predictions about the possible style of anisotropy in the D
layer.
We can compare our observed LPOs with those
observed by previous studies. Specifically, the shear
deformation experiments of Yamazaki and Karato
(2002) and Heidelbach et al. (2003) are the most comparable to the work presented here. Although these studies
examined a much narrower range of compositions than
this work, we can compare our observed texture for
(Mg0.75 ,Fe0.25 )O with observed LPOs for this composition from Yamazaki and Karato (2002) and with the
intermediate-strain experiments on (Mg0.8 ,Fe0.2 )O from
Heidelbach et al. (2003). While our observed textures
(Fig. 5, second row from top) are not dramatically different from those of Yamazaki and Karato (2002) and
Heidelbach et al. (2003), there are some differences in
the details. These studies both observed a peak in the
[1 1 0] crystallographic direction near the direction of
shear. In our sample, this peak is much less well defined
and it is shifted about 15–20◦ away from the shear direction, although we find that it is more prominent in the
more Fe-rich samples. We also compare our observed
LPOs for FeO (Fig. 5, bottom two rows) to the FeO
experiment in Yamazaki and Karato (2002), although
this earlier experiment was done at a lower temperature than ours (1073 K as opposed to 1273 and 1473 K).
The distribution of orientations of the [1 1 0] and [1 1 1]
crystallographic axes are quite similar to those observed
by Yamazaki and Karato (2002), but the distributions
of the [0 0 1] axes are somewhat different. However, the
lack of dramatic differences in LPO between our FeO
experiments and that of Yamazaki and Karato (2002)
provides additional support for our hypothesis that the
changes in LPO we observe in our different experiments
are due to compositional effects rather than temperature
effects.
4.2. Applications to anisotropy in D
Can we apply the results of this laboratory study to the
origin of D anisotropy? Before doing so, it is important
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to examine the assumptions that have been made. We
must extrapolate the results of a study done in a laboratory to D conditions. The confining pressure used
in these experiments was 300 MPa compared with ∼
125 GPa at the base of the mantle; the experimental temperature was 1273–1473 K compared to temperatures of
2500–4000 K (Jeanloz and Williams, 1998); the laboratory strain rate of ∼3 × 10−4 s−1 must be compared to
mantle strain rates on the order of ∼10−14 to 10−16 s−1 .
As discussed earlier, several assumptions were made
regarding the suitability of single crystal MgO elastic
constants at 125 GPa for the anisotropy calculations.
However, if we assume that the LPOs due to dislocation creep observed in this study are comparable to the
LPOs that would be generated due to dislocation creep
at the conditions of the lowermost mantle, then we can
compare the anisotropy patterns calculated in this study
to seismological observations. These comparisons will
allow us to assess the viability of the magnesiowüstite
LPO model for anisotropy in D . For the purpose of
this argument, we assume that in at least come parts of
D , a transition from the diffusion creep that dominates
the lower mantle to LPO-forming dislocation creep must
occur. Karato (1998a) predicted that both the strain rate
and the stresses should be higher at the boundary layers
of the mantle such as D , and that this effect should be
enhanced for regions such as the circum-Pacific, where
cold slab materials are possibly colliding with the CMB.
Higher strain rates and higher stresses tend to favor dislocation creep over diffusion creep. Geodynamical models
by McNamara et al. (2001, 2002) have demonstrated
that dislocation creep may indeed be concentrated in the
lowermost mantle for a downgoing slab model. We also
emphasize that the range of compositions considered in
this laboratory study may not all be directly applicable to
the D layer; the range of iron content in the (Mg,Fe)O
system at the base of the mantle is not well constrained
(e.g. Mao et al., 1997). However, the range of LPOs
observed in the (Mg,Fe)O system in this laboratory study
is likely to be representative of the range of LPOs potentially formed in the lowermost mantle due to dislocation
creep of magnesiowüstite. Finally, we point out that
newly discovered stable phase of MgSiO3 near the conditions of the D layer (Murakami et al., 2004) is probably
also elastically anisotropic (Tsuchiya et al., 2004). Consequently, a combined effect of anisotropic structure of
(Mg,Fe)O and post-perovskite may be responsible for
seismic anisotropy near the bottom of the lower mantle.
However, the nature of LPO in the post-perovskite phase
is not well known, which hampers a detailed assessment of the combined effect of both phases. Oganov et
al. (2005) presented a theoretical study of possible slip
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systems, but their results do not agree with the results
of an experimental study on analog material, CaIrO3
(Miyajima et al., 2005).
As summarized by Kendall (2000) and Lay et al.
(1998), the main features of D anisotropy that have
been observed are as follows. First, there is a general lack
of splitting, or total splitting of less than 0.3 s, of nearvertically propagating SKS-type phases. Second, in the
circum-Pacific region, core-diffracted or pre-diffracted
shear phases that traverse roughly horizontal paths
through D are significantly split (up to ∼10 s), with SH
arriving before SV, indicating VSH > VSV anisotropy with
a vertical symmetry axis (transverse isotropy). Third,
beneath the central Pacific, anisotropy is highly spatially
variable, with some evidence for VSV > VSH anisotropy
and azimuthal anisotropy. Are the predicted anisotropy
patterns found in this study consistent with these observations? We examine the plots in Fig. 7 of calculated
S anisotropy and fast shear wave polarizations. In these
figures, the E–W direction represents the shear plane,
which is considered to be horizontal for D . Most of the
predicted anisotropy patterns are consistent with a small
amount of splitting of vertically propagating SKS-type
phases. For the two most Mg-rich samples, no SKS splitting is predicted; however, the measured LPO for the FeO
samples does predict some splitting of vertically propagating phases. For the remaining two compositions, little
splitting is predicted for strictly vertical paths but some
splitting is predicted for phases that deviate more significantly from the vertical, such as SKKS. The predicted
anisotropy for horizontally propagating shear waves is
also consistent with the observation that shear wave splitting with VSH > VSV occurs in the circum-Pacific. For all
anisotropy patterns, S phases propagating in the shear
plane (that is, horizontally) should be significantly split
at certain azimuths. The pattern of azimuthal anisotropy
in the shear plane, however, is different for different compositions. While no VSV > VSH anisotropy is predicted
from the LPOs observed in this study, it may be that
VSV > VSH anisotropy in the central Pacific region of D
is generated through a mechanism other than the one
examined in this study. The central Pacific is presumably a site of mantle upwelling and the arguments for
the localization of dislocation creep may not hold in this
region.
Because the patterns of anisotropy calculated from the
measured LPOs in this study agree well with most seismological observations of D anisotropy, LPO of magnesiowüstite seems to be a viable mechanism for generating
anisotropic structure in D . However, the SPO hypothesis that D anisotropy is the result of horizontal layering
or oriented inclusions also agrees with the seismolog-

ical observations discussed above (Kendall and Silver,
1998a). Can the observations of LPO in this study be
used to distinguish between the LPO and the SPO models of D anisotropy? One testable difference between
the two models is the prediction from this study that
LPO-generated fabric will result in azimuthal anisotropy
in the horizontal plane, while most SPO configurations
will not. The splitting of horizontally propagating S
phases traversing D should depend on the direction of
propagation if the LPO hypothesis is correct. Azimuthal
anisotropy has not been well constrained due to the difficulty of finding suitable source/receiver combinations
for a variety of backazimuths, but a recent waveform
modeling study by Garnero et al. (2004) found evidence
for azimuthal anisotropy in the D region beneath the
Caribbean. Hall et al. (2004) pointed out that differential splitting of SKS and SKKS phases may be used
to constrain D anisotropy, and noted that LPO-based
mechanisms should generate azimuthal variations in
splitting, which is consistent with our results. Further
studies on azimuthal anisotropy in D using waveform
modeling, differential SKS/SKKS splitting, or innovative source/receiver geometries may help to differentiate
between the LPO and SPO models.
5. Conclusions
We have performed shear deformation experiments
in the dislocation creep regime on (Mg,Fe)O aggregates
over a range of compositions and homologous temperatures. We find that LPO develops at large strains for
all samples, but the style of LPO changes with increasing Fe content. Using the measured LPO patterns and
single crystal elastic constants for MgO at lowermost
mantle pressures, we calculate bulk elastic constants Cij
and resulting patterns of anisotropy for all samples. The
predicted patterns of anisotropy are generally consistent
with the main features of seismological observations of
D in the circum-Pacific region, including small amounts
of splitting of vertical SKS-type phases and splitting
of horizontally propagating S phases due to VSH > VSV
anisotropy. Measured LPOs in (Mg,Fe)O would predict azimuthal anisotropy in the horizontal (shear) plane,
however, while most SPO-based models do not. The
investigation of azimuthal anisotropy in D , which has
not been well constrained, should provide a means to distinguish between LPO- and SPO-generated anisotropy.
Additionally, if strain-induced LPO of (Mg,Fe)O is the
cause of anisotropy in D , the characterization of its
azimuthal anisotropy may provide constraints on the
composition and/or melting temperature of (Mg,Fe)O
in the lowermost mantle.
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