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Miocene evolution of atmospheric carbon dioxide
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Abstract. Changes in pCO; or ocean circulation are generally invoked to explain warm early Miocene climates and a
rapid East Antarctic ice sheet (EAIS) expansion in the middle Miocene. This study reconstructs late Oligocene to late
Miocene pCO; from ¢, values based on carbon isotopic analyses of diunsaturated alkenones and planktonic foraminifera
from Deep Sea Drilling Project sites 588 and 608 and Ocean Drilling Program site 730. Our results indicate that highest
pCO; occurred during the latest Oligocene (~350 ppmv) but decreased rapidly at ~25 Ma. The early and middle
Miocene was characterized by low pCO; (260-190 ppmv). Lower intervals of pCO, correspond to inferred organic carbon
burial events and glacial episodes with the lowest concentrations occurring during the middle Miocene. There is no
evidence for either high pCO, during the late early Miocene climatic optimum or a sharp pCO, decrease associated with
EAIS growth. Paradoxically, pCO, increased following EAIS growth and obtained preindustrial levels by ~10 Ma.
Although we emphasize an oceanographic control on Miocene climate, low pCO, could have primed the climate system
to respond sensitively to changes in heat and vapor transport.

1. Introduction

Long-term climate trends of the Cenozoic, inferred from de-
tailed benthic foraminiferal §'®0 records, exhibit a pattern of
high-latitude cooling and increased ice volume since the early
Eocene [Miller et al., 1987]. Importantly, global climates did
not change steadily through time. Rather, oxygen isotope rec-
ords record rapid, “step-like” cooling episodes at the base of
the Oligocene, the middle Miocene, and the middle Pliocene
[Miller et al., 1987], which account for a significant propor-
tion of overall change during the Cenozoic. These cooling
events could represent climatic adjustments triggered when
critical threshold levels of one or more parameters of the cli-
mate system were breached [Kennett, 1977, Crowley and
North, 1988; Zachos et al., 1993]. However, there is no con-
sensus concerning the parameter(s) responsible for short-term
(kyr) or long-term (m.y.) -scale climate change. Discussion
generally centers on two controlling factors: (1) alterations in
ocean circulation driven by tectonically induced changes in
basinal topography [Kennett, 1977, Woodruff and Savin,
1989; Wright et al., 1992] and (2) variation in carbon dioxide
concentrations [Vincent and Berger, 1985; Raymo, 1991].
Although these processes are often considered independently,
the role they played in creating climate change may not be mu-
tually exclusive.

This study evaluates the importance of pCO, variability as
an agent of climate change during the early to late Miocene.
Specifically, we develop pCO, estimates on the basis of iso-
topic compositions of individual organic compounds derived
from haptophyte algac and carbonates from surface-dwelling
foraminifers.
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1.1. Neogene Climate Change

Initially, researchers argued for minimal continental ice from
sometime in the Cretaceous to the Miocene, with the transition
to full “icehouse” conditions designated in the middle Mio-
cene [Shackleton and Kennett, 1975; Savin et al, 1975).
However, accumulative evidence now supports the develop-
ment of large-scale glacial conditions in the early Oligocene,
with the expansion and contraction of ice volumes throughout
the Oligocene and early Miocene [Miller et al., 1987; Bartek
et al, 1991; Zachos et al., 1992, 1996, 1997; Pekar and
Miller, 1996, Miller and Sugarman, 1995]. Trends in ben-
thic foraminiferal §'30 values provide evidence for at least
nine glacial intervals during the Miocene, four of which oc-
curred during the early Miocene [Miller et al., 1991] (Figure
1). Nonetheless, a period of global warming followed a major
glacial episode at the Oligocene/Miocene boundary [Zachos
et al, 1997], resulting in a reduced latitudinal temperature
gradient and higher average surface water and deep water tem-
peratures. At the height of the climatic optimum (~17 Ma),
deep water and high-latitude surface water temperatures were
as much as 6°C warmer than today [Shackleton and Kennett,
1975; Savin et al., 1975]. Termination of this episode of rela-
tive global warmth was dramatic. A permanent §'®0 shift of
~+1%o beginning at ~14.5 Ma (Figure 1) is interpreted to re-
flect rapid deep water cooling and East Antarctic ice sheet
(EAIS) expansion [Shackleton and Kennett, 1975; Savin,
1977; Miller et al., 1987; Wright et al., 1992; Flower and
Kennett, 1993]. High-latitude surface waters cooled while
low-latitude water temperatures warmed [Savin et al., 1985;
Flower and Kennett, 1993], leading to a stronger latitudinal
temperature gradient, increased vertical water mass stratifica-
tion, and inferred strengthened surface water circulation [e.g.,
Thunell and Belyea, 1992].

1.2. Inferred pCO; Variability

Climate change hypotheses involving Neogene pCO, vari-
ability have been generated by inference from a variety of data
including inorganic carbon 8'°C values [Vincent and Berger,
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Figure 1. Isotope profiles from Deep Sea Drilling Project (DSDP) site 588. Solid circles and triangles represent 8°C and §*0 of
benthic foraminifera, respectively. Data are from Kennett [1985]. Srisotope ratios are represented by solid squares from [Hodell et
al., 1991]. Carbon maxima (CM) events (CM-Oligocene/Miocene (O/M), CM1-CM?7) are interpreted to reflect episodic organic car-
bon burial events [Woodruff and Savin, 1991]. Mi events represent inferred glacial maximums [Miller et al., 1987, Wright et al., 1992].
Changes in the oxygen isotope composition of seawater (3w) were identified by Flower and Kennett [1993]. Cli. optimum is climatic op-

timum.

1985] and strontium isotopic records [Raymo, 1994]. These
arguments largely ignore changes in ocean circulation as a
mechanism for climate change and assume that significant car-
bon removal from the atmosphere-ocean system led to global
cooling during the middle Miocene and that elevated pCO,
was responsible for the global warmth of the late early Mio-
cene climatic optimum.

Evidence regarding a possible organic carbon burial con-
trol on pCO, can be found in carbonate 8"°C trends during the
middle Miocene. Associated with a +1%o shift recorded in the
83C of marine carbonates in the middle Miocene (Figure 1) is
the occurrence of organic carbon-rich, circum-Pacific deposits
such as the Monterey Formation of California [Vincent and
Berger, 1985] and the marine phosphorite deposits of the
southeastern United States coastal plain and shelf [Compton
et al., 1990]. The occurrence of a positive shift in carbonate
813C values coeval with the deposition of the Monterey For-
mation, followed by a positive shift in foraminiferal §"*0, sug-
gests a possible sequence of increased rates of organic carbon
burial, CO; removal, and consequent global cooling [Vincent
and Berger, 1985]. Closer inspection of carbon isotope
trends reveals shorter-term (~400 kyr) 8"C excursions during
the middle and late Miocene. The concentration of these
events in the middle Miocene composes the fabric and overall
character of the “Monterey excursion.” These excursions,
termed “carbon maxima” (CM) (Figure 1), are correlated with
increased benthic foraminiferal 8'®0 values and increased car-

bonate preservation, supporting a relationship between or-
ganic carbon burial, lower pCO,, and bottom water cooling
during this time [Woodruff and Savin, 1991].

Raymo [1994] challenged the claim that organic carbon
burial was the primary agent of decreasing pCO, during the
Miocene. On the basis of trends toward increasing ®’Sr/*°Sr
(Figure 1) as a proxy for relative changes in rates of continen-
tal chemical weathering she argued for increasing silicate
chemical weathering rates as the mechanism of CO, removal
[Raymo, 1994]. The greatest rate of change in *Sr/*°Sr, thus
the greatest rate of proposed pCO; decrease, occurs during the
early Miocene (~20-16 Ma) and is interpreted as reflecting
rapid erosion of the Himalayan-Tibetan Plateau [Hodell and _
Woodruff, 1994; Raymo, 1994]. Furthermore, increased rates
of chemical weathering would have resulted in increased nu-
trient influx, marine productivity, and organic carbon burial
[Raymo, 1994]. However, in Raymo’s model, decreasing
pCO; during the Miocene is primarily driven by silicate
weathering and not by organic carbon burial.

2. Site Descriptions, Sampling, and Strati-
graphy

Samples from Deep Sea Drilling Project (DSDP) sites 588
(26°06.7°S, 161°13.6’E; southwest Pacific)y and 608

(42°50.205°N, 23°05.252°W; North Atlantic) and Ocean
Drilling  Program (ODP) site 730 (17°43.885°N,
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57°41.519’E; Oman margin, northwest Arabian Sea) were
used to reconstruct pCO, for the late Oligocene to early late
Miocene (~25-9 Ma) (Figure 2).

Initial sampling was designed to produce atemporal reso-
lution of one sample per 100 kyr or less. However, recovery of
alkenones varied stratigraphically, producing a variable tem-
poral resolution at sites 588 and 608 and resulting in a highly
aliased record in portions of the early to middle Miocene.

Low sedimentation rates (~2 cm kyr™!) (Figure 3), character-
istic low organic carbon (Cey) contents (0.1-0.01%) [Pagani,
1998], and predominance of nannofossil-foraminiferal oozes
indicate that oligotrophic-type environments prevailed at
sites 588 and 608 throughout the Miocene, whereas site 730,
located on the Oman continental margin maintained compara-
tively higher rates of productivity. For example, middle Mio-
cene sediments at site 730 are primarily foraminifer-bearing
nannofossil chalk containing low Cqy (0.6-0.1%) [Pagani,
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1998] and low to no siliceous microfossil content [Shipboard
Scientific Party, 1989]. Age-depth plots indicate sedimenta-
tion rates ranged between 2.5 to 8.5 cm kyr™! (Figure 3). These
rates are 2-4 times higher than those found at sites 588 and
608. Although overall productivity was certainly higher on
the Oman margin relative to sites 588 and 608, higher sedi-
mentation rates are due, in part, to periodic emplacement of
foraminifer-bearing turbidites and higher siliciclastic input
[Shipboard Scientific Party, 1989]. The turbidites were
avoided during sampling on the basis of visual examination.

Age models used for comparisons were developed by line-
arly interpolating between magnetostratigraphic, stable iso-
topic, biostratigraphic datums and by fitting linear segments
to trends in Sr isotope analyses (Table 1). For this study, age
datums are calibrated to the most recent geomagnetic polarity
timescale (GPTS) [Cande and Kent, 1992; Berggren et al.,
1995]. Sites 588 and 608 have been extensively examined by
other workers, allowing for rather precise correlations
[Clement and Robinson, 1986; Barton and Bloemendal,
1986, Wright et al., 1992; Gartner, 1992; Hodell et al., 1991;
Hodell and Woodruff, 1994].

The age model for site 730 is less constrained because of a
lack of magnetostratigraphic data and few middle Miocene
biostratigraphic datums. In an effort to improve age assign-
ments, *’Sr/**Sr compositions of well-preserved planktonic
foraminifera were measured, and age estimates (Table 1) were ~
derived through comparison with strontium isotope-age
curves constructed from sites 289 and 588 [Hodell and Woo-
druff, 1994].

3. Analytical Methods

Samples from DSDP/ODP were dried and weighed. Sedi-
ments were hydrated with distilled, deionized, and di-
chloromethane/hexane-extracted H,O (5-10 mL), soaked in ex-
cess methanol for 10 min, and then subjected to Soxhlet extrac-
tion in a 2:1 azeotrope of dichloromethane and distilled
methanol for 24 hours. A 5% NaCl solution was added to the
total solvent extract to form two phases; and the neutral lipid
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Table 1. Age Model Parameters
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Site/Hole Datum Depth, m Age, Ma Reference ®
588 Chron C4r.21r/C4An 198.3 8.70 1
588 Chron C4An/C4Ar.1r 205.1 9.03 1
588 Chron C4Ar.11/C4Ar.1n 207.15 9.23 1
588 Chron C4Ar.1/C4Ar.2r 209.45 931 1
588 Chron C4Ar.21/C4Ar.2n 215.45 9.58 1
588 Chron C4Ar.20/C4Ar3r 217.55 9.64 1
588 Chron C4Ar.3r/C5n.1n 219.05 9.74 1
588 FAD Coccolithus coalitus 23391 10.90 23
588A Chron C5n.2n/CSr.1r 240.5 10.95 1
588A cMm7 244 1130 4.4
588A FAD Discoaster kugleri 250.1 11.80 23
588A Chron C5r.31/C5SAn.In 251.35 11.94 1
588A Chron C5An.1n/C5An.1r 253.6 12.08 1
588A Chron C5An.20/C5Ar.1r 259.35 12.40 1
588A Chron C5Ar.3r/CSAAn 268.6 12.99 1
588A Chron C5A An/CS AAr 270.6 13.14 1
588A LAD Sphenolithus heteromorphous 280.6 13.60 23
588A FAD Globorotalia peripheroacuta 290.5 14.90 23
588A FAD Orbulina suturalis 294.5 15.10 23
588A CcMm3 307.25 16.00 5,6
588A FAD Globigerinoides bisphaericus 310.6 17.15 23
588A FAD S. heteromorphous 315.6 18.20 23
588C CcMm3 316.1 16.00 4,6
588C Mi-1b 337.8 17.80 7,6
588C CM-OM (end) 368.9 22.60 44
588C Mi-1 388.8 23.90 7,6
588C CM-OM (beginning) 390 2430 44
608 top Chron C4A 188.87 8.70 8
608 FAD Discoaster loeblichii 190.26 8.70 9,3
608 LAD Discoaster bolli 202.77 9.10 9,3
608 LAD Discoaster hamatus 204.98 9.40 9.3
608 top Chron C5 211.87 9.74 8
608 LAD Coccolithus miopelagicus 238.26 10.80 9.3
608 LAD D. kugleri 249.36 11.50 9,3
608 FAD D. kugleri 252.52 11.80 9,3
608 Chron C5/C5A 263.70 11.94 8
608 Chron C5A/C5AA 285.63 12.99 8
608 FAD T. rugosus 287.76 13.20 9,3
608 LAD S. heteromorphous 299.12 13.60 9,3
608 Chron C5AD/C5B 317.78 14.80 8
608 LAD Helicosphaera ampliaperta 327.66 15.60 9.3
608 Mi-2 331.40 16.00 7,6
608 Chron C5B/C5C 33223 16.01 8
608 Chron C5C/C5D 344.69 17.28 8
608 Mi-1b 349.16 17.80 7,6
608 FAD S. heteromorphous 353.46 18.20 9.3
608 Chron C5D/C5E 353.94 18.28 8
608 LAD Sphenolithus belemnos 354.96 18.30 9.3
608 Chron CSE/C6 362.74 19.05 8
608 FAD S. belemnos 364.44 19.20 9,3
608 base Chron Cén 375.39 20.13 8
608 Chron C6/C6A 389.49 20.52 8
608 Chron C6A/C6AA 394.21 21.77 8
608 Chron C6AA/C6B 408.23 22.59 8
608 Mi-1 411.36 23.90 7,6
608 Chron C8/C9 449.64 27.03 8
608 LAD Sphenolithus distentus 455.08 27.50 9,3
730A FAD D. kugleri 222.75 11.80 10,3
730A 87Sr/86Sr: 0.7088044 252.88 12.00 11
730A 87S1/86Sr: 0.708793 307.55 12.80 11
730A 87Sr/86Sr: 0.7087567 356.56 15.30 11
730A 87Sr/86Sr: 0.7087182 383.96 15.70 11
730A 87Sr/86Sr: 0.7087133 394.86 16.00 11

FAD = first appearance datum; LAD = last appearance datum.

2 The first number of the reference column refers to the identification of the datum level, the
second number refers to the age assignment: (1) Barton and Bloemendal [1986], (2) Jenkins
and Srinivasan [1986], (3) Berggren et al. [1985], (4) Hodell and Woodruff [1994], (5)
Flower and Kennett [1993], (6) Oslick et al. [1994], (7) Wright et al. [1992], (8) Clement

and Robinson [1987], (9) Gartner [1992], (10) Spaulding [1991], and (11) This study.
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fraction in the dichloromethane phase was isolated by separa-
tory funnel. The remaining aqueous and methanol phase was
washed three more times with dichloromethane, and the result-
ing neutral lipid fractions were collected and combined. The
resulting total lipid extract was separated into compound
classes by silica gel column chromatography. Compound
abundances were determined using a Hewlett Packard 5890
Series II gas chromatograph fitted with an on-column injector
to a fused silica, DB-1 phase column (60 m x 032 mmID, 0.25
um film thickness). The temperature program was 60°-200°C at
20°C min’, then 200°-320°C at 5°C min" (isothermal for 35
min). Heptatriaconta-15E, 22E-dien-2-one (diunsaturated
alkenone) was identified by gas chromatography/mass spec-
trometry (GC/MS) and subsequently identified by comparison
of elution times.

In this study, most triunsaturated alkenones (Csz3) are be-
low limits of instrument detection. If unaltered, U% tempera-
ture estimates (using the calibration of Prahl and Wakeham
[1987]) are relatively invariant and significantly high (~30°C)
at all sites compared to those derived from 80 of planktonic
foraminifera. This implies either (1) the modem U% calibra-
tion is not applicable to the Miocene or (2) the triunsaturated
form has been preferentially degraded, which is consistent
with studies of alkenone diagenesis in Miocene and Pliocene
sediments [Hoefs et al., 1998].

The extracted sediment was washed under distilled and
deionized H>O, sonicated, and sieved into <60, 150-250, 250-
354, and 354-420 pm size fractions. Single species and/or
genera of planktonic foraminifera were picked from the 250-
354 and 354-420 um size fractions. Some samples contained
fine-fraction carbonate contaminants and required additional
treatment. These samples were treated with hot HO, (30-
20%), washed, and repeatedly sonicated in deionized H>O.

Compound-specific isotope. analyses were performed using
a GC combustion system connected to a Finnigan modern ana-
log technique (MAT) 252 mass spectrometer [Merritt et al.,
1995]. Compounds eluting from a gas chromatograph are com-
busted over nickel and platinum at 1000°C. Water is removed
through a refrigerated Nafion permeable membrane [Leckrone
and Hayes, 1997] and is externally flushed with helium; the
resulting purified CO; is introduced into the mass spectrome-
ter. Isotopic compositions are calculated relative to Peedee
belemnite (PDB) by comparison with a gas standard calibrated
to National Bureau of Standards (NBS) -19 and by assigning a
value of 1.95%o for 8°C [Ricci et al., 1994]. Analytical uncer-
tainty determined by multiple measurements of coinjected
standards is +0.67%.

Stable isotope compositions of planktonic foraminifera
were analyzed on a Finnigan MAT 252 mass spectrometer with
an automated common acid bath system. Each sample was re-
acted with 100% phosphoric acid at 90°C. Carbon and oxy-
gen isotopic values are reported in 3 notation as per mill (%o)
deviation from the Vienna Peedee belemnite (VPDB) standard.
NBS-19 was used as the calibration standard assigning a
value of 1.95 and -2.2%o for 8'>C and §'°0, respectively. Ana-
lytical uncertainty for 8"°C and 8'®0 values, determined by
analysis of carbonate standards, is 0.05%o and 0.13%o, respec-
tively.

Strontium isotope compositions were measured on a Finni-
gan MAT 262 mass spectrometer equipped with a scanning
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electron microscope and six faraday detectors by L. Derry at
Cornell University. All data were normalized to a constant
National Institute of Standards and Technology (NIST) stan-
dard NIST-987 = 0.710235 on the basis of the measured value
of NIST-987 determined for each series of analyses. Analytical
error determined by repeated analyses of NIST-987 is +4x107
(20).

4. Approach to Paleo-pCO;Reconstruction

Published attempts to quantify the relationship between
COxq and §"*Cyy, have resulted in an array of empirically de-
rived calibrations [McCabe, 1985; Rau et al., 1989, 1991;
Hollander and McKenzie, 1991; Jasper and Hayes, 1990;
Jasper et al, 1994; Freeman and Hayes, 1992; Hinga et al.,
1994]. Recent theoretical consideration [Rau et al., 1992,
1996; Francois et al., 1993; Goericke et al., 1994] and ex-
perimental work demonstrated that cellular growth rate [Laws
et al, 1995; Bidigare et al., 1997] and cell geometry [Popp et
al., 1998a] also exert considerable control on 8'*Ceyg insofar as
they influence the intracellular CO, concentration available
for carbon fixation. If one assumes that intracellular COzqq) is
supplied by diffusion, then the magnitude of carbon isotope
discrimination that occurs during photosynthesis (g,) can be
expressed as a function of the isotope fractionations associated
with carbon transport and fixation as well as the concentra-
tions of COyaq) external and internal to the cell [Farquhar et
al., 1982]. The slope of a line, generated by plotting €, versus
1/COxaqy can be empirically derived for specific organisms
[Laws et al., 1995; Bidigare et al., 1997]. Thus the expression
for ¢, can be simplified as

ep=t/-— 1
G ey

where € is the carbon isotope fractionation associated with
carbon fixation, C, is the concentration of COz(q) external to
the cell, and b is the sum of physiological factors affecting the
total carbon discrimination such as growth rate [Rau et al.,
1989; Francois et al., 1993; Laws et al., 1995; Bidigare et
al.,, 1997] and cell geometry [Rau et al., 1996; Popp et al.,
1998a]. There are additional physiological controls on car-
bon uptake and carbon isotope discrimination during algal
photosynthesis. These include differences in carbon substrate
and enzymes used during carbon fixation [see Goericke et al.,
1994] and CO; concentrating mechanisms [Sharkey and Berry,
1985; Falkowski, 1991; e.g., Raven and Johnston, 1991].

In summary, there is a potential to extract a history of sur-
face water [CO;(q)] from marine organic matter because the iso-
topic fractionation that occurs during photosynthesis is pri-
marily a function of [COzaq)] and growth rate. However, com-
plicating this approach are an array of isotopic signals from
terrestrial organic matter contamination and marine photosyn-
thesizers with varying carbon fixation pathways and cell
geometries that are integrated in bulk sedimentary organic
matter. One can be confident of analyzing carbon derived ex-
clusively from marine organic sources by utilizing certain or-
ganic molecules derived from known marine sources. When
these molecules or their derivatives (biomarkers) are unique to
a particular class of organisms, the range of metabolic path-
ways and cell geometries affecting the carbon isotopic charac-
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ter is narrowed. In this context, Cs;7 alkenones are excellent
biomarkers. Exclusive to some haptophyte algae [Volkman et
al., 1980; Marlowe et al., 1984, Conte et al., 1994], alkenones
are well known for their utility in the U temperature proxy
[e.g., Brassell et al., 1986] and can actas isotopic recorders of
surface water conditions. Furthermore, haptophytes have a
narrow range of cell geometries and diameters [see Bidigare et
al, 1997; Popp et al, 1998a], thereby minimizing this vari-
able as a significant control on isotopic compositions.

In accordance with the above discussion this study utilizes
the 8'>C compositions of diunsaturated alkenones (3"Cs72)
and carbonate from near-surface-dwelling foraminifera to calcu-
late €, and reconstruct paleo-pCO2 during the Miocene. This
methodology has been used effectively to evaluate pa-
leoceanographic dynamics and surface water [COjaqy] during
the Pleistocene [Jasper and Hayes, 1990; Jasper et al., 1994].
Recent experimental results for Emiliania huxleyi also have
shown ¢,, determined from diunsaturated alkenones (€p372), to
be correlated to growth rate and [COaaq)] [Bidigare et al.,
1997]. The same study, using empirical observations from five
environmentally diverse, low-latitude Pacific sites, calibrated
g2 as a function of surface water [PO4>] and [CO2(q] In
these open ocean settings, haptophyte growth rates are most
likely responding to changes in the availability of trace metal
micronutrients, which covary with [PO4>] [Bidigare et al.,
1997]. Accordingly, reconstruction of paleo-COxpq), requires
knowledge of ancient growth rates, for which there is no
proxy, or estimation of surface water [PO4>"] from which
growth rates may be inferred. Our approach is to develop €372
records from ostensibly low-productivity, stable oceano-
graphic settings. In this way, large-scale variations in growth
rates and surface-water [PO.*] are minimized, allowing
[CO2(aq)] to dominate records of €, In addition, these oceano-
graphic settings have low air-to-sea disequilibrium in respect
to CO2, allowing a more accurate estimation of Miocene pCO».

4.1. Calculation ofeg,

Calculation of €, requires knowledge of the carbon isotopic
composition of haptophyte biomass (8'°Cog) and CO2(aq)
(8"Ccozaq). Culture experiments have determined the iso-
topic difference between haptophyte biomass and Ci7.
alkenones (Eaikenone) t0 be ~4%o, with alkenones depleted rela-
tive to total organic biomass [e.g., Bidigare et al., 1997; Popp
et al, 1998b]. The 8 Ccozaq) value is reconstructed from the
carbon isotope composition of shallow-dwelling foraminifera.
This approach assumes isotopic and chemical equilibria pre-
vailed among all the carbon aqueous species and atmospheric
CO; as well as foraminiferal calcite. However, additional me-
tabolically related fractionations are known to occur in plank-
tonic foraminifera [Spero and DeNiro, 1987; Spero and Lea,
1993]. These effects, commonly ascribed to species hosting
algal symbionts, can cause foraminiferal 8"°C values to be
~0.5-1.5%o enriched in '>C relative to species unaffected by al-
gal symbiont photosynthesis [Spero and DeNiro, 1987, Bi-
Jima, 1990; Spero and Lea, 1993]. For this study, disequili-
brium carbon isotopic enrichments of 0.5-1.0%0 would simi-
larly increase values of €, and increase estimated pCO,. How-
ever, variations of this magnitude would have a minimal im-
pact on estimated pCO, and would not alter our interpreta-
tions.
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From the above discussion all necessary terms including
80,3, 5'3Cc02(8), 813Ccoz(aq), and €p37:2 Can be determined from the
following relationships:

Ealkenone = -4.2 = [(8372 + 1000)/(Sorg + 1000)-1]10° @)
Ealsite~CO2(g) = [(Beatcite + 1000)/(8co,(g) + 1000)-1]10°  (3)
€c0,a9)"CO2¢g) = [(8co,uq) + 1000)/(8co, @ + 1000)-1]10°  (4)
&p312 = [(Bco, @y + 1000)/(3erg + 1000)-1]10° (5)

where the temperature-dependent fractionation factors relating
foraminifera calcite to COx(), and COxaq) to COx) (determined
by Romanek et al., [1992] and Mook et al., [1974], respec-
tively) are

Eaateite-CO2¢g) = 11.98 - 0.12 x T(°C) (6)
€c0,(a"CO2¢g = -373/T(°K) + 0.19 @)

Because the carbon isotopic range of alkenones is much
greater than that measured from surface-dwelling planktonic
foraminifera, the character of €,37., is largely determined by rela-
tive variation in 8'*Cy7 values. The traits of these €37, trends
are very similar to those previously described for the §'">Cs7.
records.

4.2. Calculation of pCO;

Modern ocean €37, values have been calibrated to surface
water  [COzaq), [POs], and haptophyte growth rates
[Bidigare et al, 1997, 1999; B. N. Popp, unpublished data,
1999]. The results of measurements from locations in the Pa-
cific, Atlantic, and Indian Oceans (n=80) provide the follow-
ing relationship:

bz7:2) = 116.96[PO4>] + 81.42 (8)

(Note: derivation assumes & = 25%o; see below). Equation (8)
in combination with (1) allows the calculation of [COzaq)] if
[PO4*] is known or approximated. An additional considera-
tion in the evaluation of ancient CO, concentrations is the
value assigned to the maximum isotopic fractionation attrib-
uted to enzymatic fixation (g7). Maximum fractionation will be
obtained at high ambient concentrations of [COxuq)] and/or as
growth rate approaches zero. A value of 29%o for the in vitro
fractionation factor associated with the enzyme Rubisco
(ribulose-1,5-biphosphate  carboxylase/oxygenase) with re-
spect to aqueous CO, has broad agreement [Roeske and
O'’Leary, 1984; e.g., Raven and Johnston, 1991]. However,
this value is rarely attained for marine phytoplankton. The
relatively smaller in situ fractionation (~27%o for haptophytes)
[see Wong and Sackett, 1978, references therein] has been at-
tributed to a contribution of B-carboxylase, phos-
phoenolpyruvate-carboxylase (PEPC), to the total carbon fixa-
tion [Farquhar and Richards, 1984], and/or active carbon
transport to the site of fixation [Sharkey and Berry, 1985;
Falkowski, 1991; Raven and Johnston, 1991]. Goericke et al.
[1994] calculate a general range of 25.4-28.3%o for & in algae
with Cs-type metabolisms, considering a 2-10% contribution
of B-carboxylation to the total carboxylation.
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prediction bands that capture 95% of entire data.

Recent chemostat experiments performed on Phaeodactylum
tricornutum [Laws et al., 1995], Porosira glacialis [Popp et
al, 1998a], and two strains of E. huxleyi [Bidigare et al.,
1997] conclude that the in situ fractionation due to the com-
bined effects of Rubisco and B-carboxylase carboxylations is
~25%eo for these strains. The Bidigare et al. [1997] results are
shown in Figure 4a, with ¢, plotted against the ratio of growth
rate and [COzuq)]. The geometric mean regression is bracketed
by 95% confidence intervals, as well as more conservative
prediction bands (which capture 95% of the entire data). This
approach is admittedly conservative; however, it demonstrates
that a wider range for & (22.5-26.6%o) is statistically plausi-
ble. Therefore, because physiological characteristics of an-
cient organisms cannot be precisely known, consideration of
available data suggests a range of 25-27%o for € is appropriate
for the calculation of paleo-[CO2@uq). This range does not
greatly alter calculated pCO> since pCO> values are <15 ppmv
higher if a value of 27, rather than 25, is used for €.

A reevaluation of the term b is handled in a similar manner
(Figure 4b). Table 2 lists the equations derived for the geo-
metric mean regressions and the 95% confidence level curves
calculated using 25 and 27%o for €.

We selected a range of phosphate concentrations in order to
calculate Miocene [COaqug)). The majority of haptophyte pro-

Table 2. Equations Used to Calculate [COz(aq)]

ductivity likely occurred inthe upper 100 m ofthe photic zone at
site 588, wheretoday the [PO43] ranges fom 0.2 pM at 50 m to 0.3
MM at 100 m (http://ferret.wrc.noaa.gov/fbin/climate_server).
Site 608 has slightly higher [PO4’7 at 100 m (~0.35 pM).
Phosphate concentrations during the Miocene could have di-
verged both globally and regionally from modern distribu-
tions [Delaney, 1990]. This is particularly true for site 730,
which would have experienced dramatic alteration in the dis-
tribution of nutrients in the upper water column following the
development of monsoonal upwelling.  Conversely, the
lithologic and sediment accumulation record at site 588 can be
interpreted as reflecting oceanographic stability throughout
the Miocene. Export production appears uniformly low dur-
ing this time, supporting low nutrient availability. Conse-
quently, for site 588 the modern range of 0.2-0.3 uM is consid-
ered applicable during the Miocene.

Paleo-[PO,>] at sites 608 and 730 are more difficult to
evaluate. Site 608 likely experienced changes in water column
stability throughout the early to middle Miocene (see below),
and it is impossible to estimate how these changes affected the
relative concentrations of nutrients through time. Because the
overall sedimentological and oceanographic character of sites
588 and 608 are similar (i.e., sedimentation rates, Com, and
lithology), we assume that on average, [PO47] was similar.

GM Regression 95% Confidence Interval (upper) 95% Confidence Interval (lower)
=25 [(116.96[PO4]) + 81.42] [(4.17[P04]2) + (113.79[PO4]) + 88.63] [(-4.17[PO4T) + (120.14[PO4]) + 74.21]
(25 -¢) (25 -¢,) 25 -¢p)
g=27 [(128.96[PO4]) + 101.37] [(4.35[PO4]) + (125.65[PO4]) + 108.89] [(-4.35[POAT) + (132.27[POA4]) + 93.85]
27 - &) (27 -¢p) 27 -¢)

GM regresswn refers to geomctnc mean regression. Equations for GM regressions and the upper/lower 95% confidence mtervals for
&= 25 and 27%. are calculated using all available data of b versus [PO,] for the modern ocean.



280

For site 730, we assume a premonsoon range of 0.3-0.4 UM be-
cause inferred productivity levels were higher in the northern
Arabian Sea than in either the southwest Pacific Ocean or
North Atlantic sites.

We calculated paleo-[COxaqy] on the basis of the assump-
tions and estimates discussed above. These values were then
converted to atmospheric CO» concentrations by assuming air-
sea equilibrium and applying Henry's Law:

pCO2 = [CO2aq)V/Kn €]

where Ky is the temperature- and salinity-dependent CO2
solubility coefficient [Weiss, 1974]. Ky for each sample was
calculated assuming a salinity of 35 and applying surface wa-
ter temperatures derived from 8'20 of planktonic foraminifera.

4.3. Sources of Uncertainty in pCO; Calculations

4.3.1. Molecular diagenesis. Of significance to this study
is whether isotopic alteration occurs within a suite of mole-
cules such as Cj;; alkenones. In general, the degree of unsatu-
ration affects reactivity rates, with highly unsaturated com-
pounds appearing more labile [Cranwell et al, 1987]. How-
ever, this does not seem to apply to alkenone reactivity. The
relatively refractory nature of unsaturated alkenones is demon-
strated in its occurrence throughout sediments of Cenozoic
age [e.g., Brassell, 1993] and is attributed to their unusual
trans configuration, a molecular architecture that may inhibit
bacterial biodegradation [Rechka and Maxwell, 1988].

Although few studies have addressed the effects of diagene-
sis on the carbon isotopic composition of specific molecules,
it is generally assumed that alteration is negligible. Hayes et
al. [1990] discussed theoretical considerations and argued
that the similarity among isotope compositions of Cretaceous-
aged porphyrins with varying carbon numbers was evidence
for a lack of isotopic diagenesis. Further, a consistent isotopic
offset (averaging ~4.5%0) between porphyrins and isoprenoids
extracted from the Cretaceous Greenhorn Formation [Hayes et
al., 1990] is similar to the range observed in living organisms,
thus supporting isotopic preservation of both sets of com-
pounds. Huang et al. [1997] measured no change in the car-
bon isotope composition of individual r-alkanes from a 23
year decomposition experiment of Calluna vulgaris, although
over 90% of the original compounds were degraded. Freeman
et al. [1994] found no strong evidence for isotopic fractiona-
tion associated with diagenetic aromatization of polycyclic
aromatic hydrocarbons from the Eocene Messel Shale.

Given the available research, there is little reason to sus-
pect diagenetic alteration. Therefore the trends and absolute
8'3C37.2 values in this study are taken to represent the carbon
isotopic compositions of haptophyte lipids from which
biomass §'"°C values can be estimated.

4.3.2. Active carbon transport. Calculations of [COzqq)
and pCO; are predicated on the assumption of the diffusive
transport of inorganic carbon to the site of fixation. If the
dominant haptophyte population during the Miocene had the
ability to concentrate inorganic carbon, isotopic composi-
tions and the expression of €, would be affected. Some extant
haptophytes, such as Isochrysis galbana, appear to have the
ability to actively transport inorganic carbon [Burns and
Beardall, 1988; see Raven and Johnston, 1991]. Furthermore,
physiological differences have been detected between low-
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and high-calcifying strains of E. huxleyi [Nimer and Merrett,
1992; Nimer et al., 1992]. High-calcifying strains of E.
huxleyi contain carbonic anhydrase [Quiroga and Gonzalez,
1993; Nimer et al., 1994], an enzyme that catalyzes the re-
versible hydration of carbon dioxide [7Tsuzuki and Miyachu,
1989]. However, there is no evidence for a CO; concentrating
mechanism in either strain [Nimer and Merrett, 1992; Bidi-
gare et al., 1997). For E. huxleyi the Ko sicoz (i.e., the concen-
tration of ambient CO, required to achieve 50% of the maxi-
mum photosynthetic growth rate) is 15-20 pM at a pH of 8.0-
8.3 [Nimer and Merrett, 1992; Nimer et al., 1992]. Though
this implies that ambient carbon concentrations in natural set-
tings may limit growth, it does not preclude low, sustained
growth at lower [COaap]. The results of other chemostat
growth experiments [Bidigare et al., 1997] are consistent with
a model of diffusive transport of inorganic carbon under low
[CO2aq)] (<10 pM) for both high- and low-calcifying strains of
E. huxleyi. Significantly, €, values in these experiments were
indistinguishable between strains for a variety of growth rates
and [COz(aq)].

43.3. Carbonate diagenesis, temperature considera-
tions, and Sw. Calculations of both 8"*Ccoz(aq) and pCO> re-
quire an assumption of chemical and isotopic equilibrium and
accurate records of environmental temperatures. For this
study, surface water temperatures were calculated from the §'%0
compositions of shallow-dwelling planktonic foraminifera in
combination with a changing seawater §'®0 composition (w).
This approach requires the assumption that foraminiferal
growth and calcification occurred at the same water depth as
haptophyte production. Because CO» solubility increases
with decreasing temperatures, estimates of pCO; would be in
error on the high side if alkenone production occurred deeper
relative to foraminifera growth. Although only well-preserved
foraminifera tests were measured, the possibility exists that di-
agenetic processes caused relatively minor alteration of pri-
mary isotopic compositions. These processes, including dif-
ferential dissolution, reprecipitation, and carbonate infilling,
would actually tend to enrich foraminiferal §'30 compositions
[Schrag et al., 1992], thus registering lower 8'®0-based tem-
perature estimates and leading us to underestimate pCO,. The
potential effect of carbonate diagenesis on our final pCO; rec-
ord is discussed in section 6.1 but is considered minimal.

Accurate calculation of ancient surface water temperatures
requires an estimation of temporal changes in dw. Shackleton
and Kennett [1975] calculated a value of -1% (SMOW) for 8w
assuming little to no glacial ice. Although a large Antarctic
ice sheet has not been demonstrated for the pre-middle Mio-
cene, significant expansion and contraction of ice volumes has
been documented for the early Miocene [Miller et al., 1987,
Miller and Sugarman, 1995; Zachos et al., 1997]. Proposed
changes in dw during these glacial episodes are estimated to
range between 0.5 and 1.0%. (SMOW) [Miller et al., 1987,
Zachos et al., 1997] and are considered in our final calcula-
tions of pCO,.

The character of the middle Miocene 8'0 shift has been
analyzed in detail from high-resolution, stable isotope records
at site 588 [Flower and Kennett, 1993]. Interpreting the co-
variance between benthic (Cibicidoides spp.), surface-
dwelling (Globigerinoides quadrilobatus), and deep-
dwelling planktonic (Globoquadratus dehiscens) foraminif-
eral 80, Flower and Kennett [1993] conclude that the mid-
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Figure 5. Total isotope data from site 588. Diunsaturated alkenones (solid diamonds), surface-dwelling planktonic foraminifera 8"c;
vertical solid triangles; 8'*0; horizontal solid triangles), and benthic foraminifera (5'>C; inverted open triangles; and 5'*0O; open

squares). Data for benthic foraminifera are from Kennett [1985].

dle Miocene +8"0 shift occurred in several steps: a +0.2%o
shift between ~14.6 and 14.0 Ma, a +0.5%o shift from ~13.6 to
13.55 Ma, and a +0.3%o shift from 12.5 to 12.1 Ma (Figure 1).
Applying their conclusions and assuming an invariant seawa-
ter relative salinity of 35, and a value of -1%0 (SMOW) for the
dw prior to EAIS growth [Shackleton and Kennett, 1975], we
calculate records of mixed layer temperatures at all three sites.
These température estimates are then applied in the calculation
of pCO> (discussed below). It is important to note that the ap-
plication of a +1%o shift in seawater +8"°0 causes calculated
surface water temperatures to rapidly increase, which subse-
quently drives an increase in calculated pCO; across these in-
tervals.

4.3.4. Miocene €, versus COauq) calibration. It is possi-
ble, though difficult to prove or quantify, that the relationship
between £p72 and surface water COagq during the Miocene
was different than the modern calibration discussed above.
Differences can be potentially attributed to factors such as a
decoupling between growth rate-limiting micronutrients and
[PO4*] and differences in the average cell volume to surface
area ratio in alkenone-producing haptophytes during the
Miocene. The potential errors attributable to these effects are
evaluated in the final discussion.

5. Results

Isotopic trends for diunsaturated alkenones, shallow-
dwelling planktonic foraminifera, and benthic foraminifera are
shown in Figures 5-7. Using 8'®0 values of shallow-
dwelling planktonic foraminifera, mixed layer temperatures are
calculated (Figure 8) and records of €p37.2 are reconstructed
(Figure 9). Importantly, the range of 837, variation is far
greater than that recorded in foraminiferal 8"3C. Thus the over-
all trends of €p37 at these sites are predominantly controlled
by 8372.

In general, the long-term trends and average values of €372
between sites 588, 608, and 730 are similar (Figure 9), al-
though distinctive differences exist. At site 588, low €372
values and CM events are closely associated. The lowest €p37:2
values occur across the Monterey excursion corresponding to
events CM3, CM4, and CM6. At site 608, €p37.2 values do not
appear to track CM events except for CM1 and CM5, which
correlate with negative €7, excursions of ~5 and 4.6%o, re-
spectively (Figure 9a).

Clearly, the timing and magnitude of gp372 excursions be-
tween 18 and 15 Ma recorded in the North Atlantic deviate
from those recorded in the southwest Pacific. Site 608 con-
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Figure 6. Total isotope data from site 608. See Figure 5 caption for details. Data for benthic foraminifera are from Wright et al.

[1991, 1992].

tains a -3.8%eo shift from 18.1to 16.9 Ma, resulting in the low-
est €372 values occurring within the measured interval. A
similar excursion is recorded from site 588 but occurs ~700
kyr later. At site 608 the negative €572 shift is rapidly re-
versed with a 9.4%o increase occurring between 16.9 and 15.8
Ma.

Average €p372 values from site 730 in the Arabian Sea are
very similar to site 588 (Figure 9b). Weaker stratigraphic con-
trol at site 730 prevents detailed comparisons. However,
longer-term trends between sites 730 and 588 show a close
correspondence. In general, lower €, values occur from ~16.2
to 15.1 Ma at both sites, with the lowest values roughly coin-
ciding with carbon maxima events CM4-CM6.

Estimates for pCO; (Figure 10) are calculated using the
equations derived from the data of Bidigare et al. [1997, 1999]
(Table 2). Maximum (&= 27%o; [PO4*]=0.3 pM) and minimum
(&= 25%0; [PO,] = 0.2 pM) values are bracketed for Figures
10a-10c. Results from all three sites evaluated in this study
suggest atmospheric carbon dioxide concentrations were at or
below pre-industrial values (290 ppmv), with most of the early
and middle Miocene maintaining pCO, values between Pleis-
tocene glacial/interglacial intervals (~290-190 ppmv). De-
tails and implications of the pCO, trends are discussed below.

6. Discussion

6.1. Consideration of Error

Alkenone isotope compositions from sites 588, 608, and
730 are not remarkably different from those measured in other
studies (Figure 11). In comparison with Pleistocene samples,
Miocene g, values are lower by 2-3%. Under low pCO; con-
ditions, relatively large site to site differences in €72 (ie.,
5%o) can be driven by minor differences in [CO»(q)] and hapto-
phyte growth rates. If, as we suggest, similar atmospheric CO,
concentrations prevailed for these time periods, these small
isotopic differences are readily attributable to physical
oceanographic properties and/or nutrient concentrations be-
tween sites. In addition, there is relative consistency among
the range and trends of 53C;7, and €372 values from the three
sites measured in this study. It would be fortuitous if this
agreement were driven by diagenetic processes, and as dis-
cussed previously, there is little reason to suspect alkenone
carbon isotopic compositions have been greatly altered.

Legitimate estimates of paleo-pCO, are predicated on the
assumption of diffusive carbon flux to the site of carbon fixa-
tion within algal cells. However, the physiology of Miocene
haptophytes is unknown. One could speculate that if modern
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1985].

surface water [COzuq] were limiting to algal growth, then
lower CO; (i.e., during Pleistocene glacial intervals as well as
calculated Miocene levels) would necessitate a carbon con-
centrating mechanism (CCM) to be operational during photo-
synthesis. Although for many organisms this is likely the
case, for the extant E. huxleyi this is difficult to imagine be-
cause no such physiological mechanism is recognized. The
evolution and dominance of E. huxleyi in the world's oceans
during the Pleistocene and Holocene [Hay, 1977] implies that
the low CO2 concentrations and apparent lack of a CCM dur-
ing glacial intervals did not significantly impair their eco-
logical advantage. The consistency of Miocene €372 values
from the three widely distributed sites of this study continues
to argue for similar processes occurring in a global context.

If Miocene low g7 values resulted because a CCM was
operational, it implies carbon limitation in oligotrophic envi-
ronments. Although this would result in an underestimation
of pCO, and prevent accurate calculations of atmospheric
pCOa, it would still support our overall conclusions for low
concentrations of surface water and atmospheric CO,. There-
fore, until evidence emerges to the contrary we assume that the
physical and physiological processes responsible for the iso-

topic character of C37., alkenones from the Miocene are similar
to those operating in modern surface waters.

Other sources of error, such as a possible decoupling be-
tween micronutrient and phosphate concentrations or differ-
ences in the b versus [PO4>] relationship during the Miocene,
are difficult to assess. It is important to note that the level of
phosphate in the modern ocean does not limit haptophyte
growth rates. Bidigare et al. [1997] suggest that the b versus
[POs*] relationship (Figure 4b) is driven by variation in
growth-rate-limiting micronutrients that covary with [PO4*].
Because it is unknown which micronutrient(s) (i.e., Zn, Co, Fe,
etc.) is (are) limiting haptophyte growth in the modern ocean,
it is impossible to surmise how the relationship between g,
and [PO,*] may have been different in ancient oceans. Fur-
thermore, little is known about the history of micronutrient
inventories. Delaney [1990] argued that the Miocene Cd res-
ervoir appears ~20% lower than that recorded for the Quater-
nary. If we were to assume a worse case scenario, i.e., Cd and
other micronutrients (Cdnuiens) Were decoupled from [PO4*]
such that the Cdm.uiems/[POf'] ratio was lower during this
time, then Miocene pCO; could potentially be underestimated
by 20%.
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Figure 8. Mixed layer temperatures calculated from the 5'°0 of shal-
low-dwelling planktonic foraminifera. Calibration of Erez and Luz
[1983] was applied. A value of -1%0 (SMOW) is assumed for dw prior
to East Antarctic ice sheet (EAIS) expansion. Changes in dw (see Fig-
ure 1) follow the conclusions of Flower and Kennett [1993].
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Popp et al. [1998a] have demonstrated a direct relationship
between €, and cell volume to surface area ratio. In the modern
ocean, alkenone-producing haptophytes have a spherical ge-
ometry, thus changes in cell diameter minimize changes in
volume to surface area compared to other cell geometries [Popp
et al., 1998a]. Measured cell diameters of E. huxleyi kept in
culture at the Provasoli-Guillard National Center for Culture
of Marine Phytoplankton [http://ccmp.bigelow.org] are pre-
dominantly in the range of 3 to 6 pm, corresponding to ap-
proximately 30% uncertainty in calculated [CO@q)] (B.N.
Popp, personal communication, 1998). If open ocean Miocene
haptophytes averaged larger cell diameters, an argument un-
substantiated by available research, then our estimates would
represent an underestimation of Miocene pCO,. However, er-
ror analyses for both micronutrient inventories and cell
geometries are highly speculative. Although the above argu-
ments add uncertainty into our final pCO; estimates, they rep-
resent extreme case scenarios and should be considered as
such.

Finally, an additional source of error, addressed in a previ-
ous section, concerns the reliability of foraminiferal isotopic
compositions. Carbonate diagenesis would affect both the ab-
solute expression of €372 and our estimates of pCO;. Diage-
netic processes such as differential dissolution, reprecipita-
tion, and carbonate infilling would tend to enrich foraminiferal
880 compositions, register lower isotopic temperatures, and
lead to an underestimation of pCO2. However, given that cal-
culated [COyq)] are low, temperature estimates would have to
be significantly in error to greatly affect pCO; estimates
(Figure 12). For example, a lowering of surface water tempera-
tures from 20° to 16°C (corresponding to an ~+1%o change in
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Figure 9. (a) Comparison of €, trends from sites 588 (solid circles) and 608 (open circles). (b) Comparison of €, trends from sites 588
(solid circles) and 730 (open squares). CM’s represent the carbon maxima events of Woodruff and Savin [1991]. Mi events represent

inferred glacial maximums [Miller et al., 1987; Wright et al., 1992].
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foraminiferal §'®0) would result in a ~30 ppmv lowering of
pCO; in equilibrium with water containing 10 pmol kg of
CO3aq). Although quantification of carbonate diagenesis was
not an objective of this study, consistent temporal alteration
of texturally well-preserved foraminifera tests is not likely
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Figure 11. Compilation of published §"Cs;, and g7, data.

[Miller et al., 1987]. We conclude on the basis of visual ex-
amination and preservation of characteristic 8°C and 8'®0
trends and events that carbonate diagenesis contributed little
to the expression of pCO; trends during the Miocene.

Possible fluctuations of 1.0-0.5%. in &w related to ice vol-
ume variation have been proposed for several Miocene glacial
episodes [Miller et al., 1991; Wright et al, 1992]. As noted
above, changes of this magnitude, as they affect surface water
temperature estimates, would not greatly alter calculated pCO
trends, although they may enhance the relationship between
pCO; and glacial intervals. Allowing a linear increase and
decrease of 0.5%o across glacial episodes Mil, Mila, Milb,
and Mi2 (Figure 13), maximum pCO, is recalculated (Figure
14). In accordance with our assessment of paleoceanography
(discussed below), we assume the record from site 588 is rep-
resentative of global trends and compare it against inferred
episodes of increased organic burial, glaciation, and silicate
chemical weathering.

Propagation of errors was determined using a Monte Carlo
procedure. We assume uncertainties in our method include
[PO4*] £0.1, T°C %2, salinity 1, € *1, analytical errors for
8372 and 8"Cear of 30.5%0 and +0.2%o, respectively, and an
11% uncertainty about the slope and intercept of the b versus
[PO4] geometric mean regression (representing the 95% confi-
dence interval). Our simulation results in a 15% uncertainty
for calculated pCO, values. Therefore we conclude that our
pCO; estimates are robust given all known and reasonable un-
certainties.
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Figure 12. (a) COyuy as a function of [PO,] and €,. COxy is calculated using the equation for the geometric regression generated
using data of Bidigare et al. [1997, 1999] and B.N. Popp, (unpublished data, 1999), with &= 27%o. (b) pCO,as a function of tempera-

ture and COyy).

6.2. Apparent pCO; Differences Between Ocean Basins

The overall similarities in €372 measured from all three sites
have significant implications concerning the role of pCO; dur-
ing climate change in the Miocene (discussed below). How-
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Figure 13. Schematic representation of changes in &w used to calculate
sea surface temperatures and pCO,. A linear 0.5%. increase and de-
crease in dw are assumed across glacial episodes Mil, Mila, Milb, and
Mi2. Cli. optimum is climatic optimum.

ever, an equally important contribution is understanding the
differences in the isotopic trends between sites. Because €p37:2
varies inversely with surface water [COyaq)] and directly with
haptophyte growth rates, changes in water chemistry, ocean-
atmosphere gas equilibrium, physical oceanographic condi-
tions, and thermocline strength can result in spatial variations
in the expression of €37.2 trends through time.

Available data provide evidence that changes in circula-
tion patterns through time affected photic-zone properties at
site 608. Dramatic variations in deep and intermediate water
circulation occurred involving the strength and presence of
northern component waters (NCW) and southern component
waters (SCW) [Woodruff and Savin, 1989; Wright et al.,
1992]. Deep water formation appears to have oscillated be-
tween North Atlantic and Southern Ocean sources with NCW
dominance between ~20-15 Ma (reaching peak production by
~17 Ma) and ~12.5-8.5 Ma and SCW dominance between ~25-
20 and 15-12.5 Ma [Wright et al., 1991, 1992; Wright and
Miller, 1996].

Changes in deep and surface circulation had the potential
to significantly alter the climatic and oceanographic character
of the North Atlantic region. For example, in an assessment of
the timing and relative influence of NCW throughout the
Neogene, Wright and Miller [1996] conclude that variation
in NCW production is correlative with changes in global and
regional climates during the middle Miocene and Pliocene.
Specifically, the period of global warmth between 17 and 16
Ma is associated with peak production of NCW. High NCW
outflux would be compensated by increased influx of warm
surface water, increasing the transport of heat and moisture to
the North Atlantic and potentially maintaining an ice-free
Arctic Ocean [Wright and Miller, 1996]. This interpretation
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Figure 14. Maximum pCO, estimates (solid circles) using €, values from site 588, the equation for the maximum 95% confidence in-
terval (Table 2), a [PO,] of 0.3 pM, and g,= 27%o. CM and Mi represent carbon maximas and inferred glacial maximums. A linear
0.5%o increase and decrease in 3w are assumed across glacial episodes Mil, Mila, Milb, and Mi2 in addition to permanent 8w changes
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the equation of the geometric mean regression (Table 2) and assuming €; = 25%o. Propagation of error described in text results in a

15% uncertainty about calculated pCO, estimates.

is supported by biogeographical distributions of tropical-
subtropical and transitional assemblages of planktonic
foraminifera in the North Atlantic. In general, these assem-
blages expanded and contracted during the early to late Mio-
cene in response to changing surface water characteristics
[Thunell and Belyea, 1982]. Specifically, warm surface waters
extended into high northern latitudes during the early Mio-
cene (~22.5-17.5 Ma) possibly driven by current systems simi-
lar to the modern gulf stream. During the middle Miocene
(~13.5 Ma) the development of a cool North Atlantic eastern
boundary current coincides with the contraction of the tropi-
cal-subtropical province to lower latitudes [Thunell and Be-
lyea, 1982].

Stable isotope analyses of surface- and deep-dwelling
planktonic foraminifera from site 608 reveal rapid and large-
scale oscillations (~0.8-1.0%o) in surface to thermocline 8'%0
gradients (A3'®0) throughout the early to middle Miocene
[Pagani, 1998]. The waxing and waning of thermocline

strength, implied by variable A3'0, were likely associated
with variations in surface water [CO2(q)] and nutrient budgets.
Furthermore, diatomaceous sediments, indicative of higher nu-
trient supply to surface waters and/or decreased bottom water
corrosivity to opal, occur between ~13.3-12 Ma at site 608
[Baldauf, 1987, Westerberg-Smith, 1987], with initiation of a
two-fold increase in the apparent sedimentation rate coincid-
ing with opal enrichment and continuing to 9 Ma (Figure 3).
Distinctive changes in North Atlantic benthic foraminifer
abundances [Belanger and Berggren, 1986] and faunal com-
positions [Schnitker, 1986; Thomas, 1986} occur in the early
to middle Miocene influenced by the strength of NCW and
high-latitude cyrospheric evolution. Notably, the appearance
of Bolivina spp. is unusual at site 608 (~19-16.5 Ma with
peak abundances between ~17.5 and 16.8 Ma) [Thomas,
1986]. This benthic foraminifer is ascribed to low-oxygen,
high organic carbon environments [Boltovskoy and Wright,
1976] with high faunal abundances found in shelf-slope areas
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underlying highly productive surface waters. The occurrence
of Bolivina spp. has not been adequately explained. It is curi-
ous that a major decrease in gp72 values between ~17.5-16.7
Ma appears to occur coincident with the appearance and
dominance of Bolivina spp. at site 608. Integration of these
biological and geochemical proxies leads us to suggest that
increased phytoplanktic growth rates and export productivity
resulted in decreased bottom water dissolved oxygen concen-
trations. Higher growth rates would lead to lower &:37:2 val-
ues and explain both the organic and inorganic isotopic
trends observed during this time.

In contrast to site 608, the surface-water temperature at site
588 appears quite stable with consistent A3'*0O values be-
tween near surface and thermocline waters (~0.5%o) during the
early to middle Miocene [Flower and Kennett, 1993; this
study]. Only minor changes in benthic foraminiferal assem-
blages related to the middle Miocene cooling event occurred
in this region [Kurihara and Kennett, 1992]. Low, steady
sedimentation rates and a consistent sedimentological charac-
ter imply relative oceanographic stability. A 3°-4°C warming
of surface waters occurred at ~13.5 Ma and is potentially re-
lated to the strengthening of the East Australia Current
[Flower and Kennett, 1993]; however, significant ecological
changes are not evident. Therefore the available evidence
suggests that the €72 record from site 608 has been over-
printed by regional processes while site 588 is more represen-
tative of global CO; trends.

Alkenone abundances are much greater at site 730 than at
sites 588 and 608 [Pagani, 1998]. This implies that hapto-
phyte productivity was higher in the northern Arabian Sea.
At present the Oman margin is characterized by seasonal up-
welling caused by monsoonal atmospheric circulation pat-
terns (see Emeis et al., [1995] for a review). Responding to
the increased nutrient flux to surface waters, rates of primary
productivity are quite high, ranging from >2.5 gC m” d!' in
marginal waters to <0.3 gC m2d" in waters outside the upwel-
ling region [Owens et al., 1993]. Initiation of monsoon-
driven upwelling in the northern Indian Ocean is estimated to
have begun in the late Miocene (~11.9-8.5 Ma) on the basis of
the appearance of indicators such as diatomaceous sediments
[Burckle, 1989; Nigrini, 1991] and Globigerina bulloides
[Kroon et al., 1991]. If haptophyte growth rates were higher
at site 730 relative to site 588, then the occurrence of similar g,
values during the middle Miocene (Figure 9b) requires higher
surface water [COzq)] at site 730 during this time.

A positive correlation between CM events and decreases in
estimated pCO, suggests that increases in the burial flux of or-
ganic carbon impacted carbon dioxide concentrations on ~400
kyr timescales [Woodruff and Savin, 1991]. In addition, this
relationship lends support to the hypothesis that changes in
high-latitude temperatures and/or ice growth was promoted
and /or accompanied by changes in the rate of organic carbon
burial. However, because some glacial episodes do not have a
correlative CM event (Mila, Milb, Mi4, Mi6, and Mi7), or-
ganic burial cannot be the sole factor driving short-term high-
latitude cooling throughout the Miocene.

6.3. Changes in pCO; During Inferred Glacia-
tions

In general, decreases of <40 ppmv are associated with in-
ferred glacial episodes as defined by Miller et al., [1987]. The
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largest and most abrupt decrease in pCO, occurs at ~25 Ma.
Within ~400 kyr, pCO; concentrations decline from ~350 to
220 ppmv. An increase to previous levels followed by a fall at
23.9 Ma, near the Oligocene/Miocene boundary, marks the re-
turn of the pCO, concentration to ~220-200 ppmv. The timing
of this pCO, decrease coincides with the development of gla-
cial episode Mil, which was recently characterized as a well-
developed glacial interval with Milankovitch periodicities
[Zachos et al., 1997]. Further, an ~1.2%o enrichment in ben-
thic 8'0 records from the equatorial Atlantic [Zachos et al.,
1997], coupled with an inferred glacioeustatic sea level lower-
ing [Miller and Sugarman, 1995] suggests that significant
continental ice accumulation occurred during this time. Fol-
lowing Mil, it appears that a new steady state pCO; concen-
tration is established. The remainder of the early and middle
Miocene is characterized by relatively low CO: concentra-
tions (~260-190 ppmv), in accordance with evidence of epi-
sodic glaciation throughout this period. The intervals of low-
est pCO; occur at ~16 and 15.3 Ma within the Monterey ex-
cursion (CM3 and CM4, respectively). Atmospheric carbon
dioxide rises following the expansion of EAIS to concentra-
tions approaching Pleistocene interglacial levels.

During the Pleistocene, minor alterations in ocean circula-
tion, driven by orbitally controlled changes in insolation,
have been implicated as the trigger of glacial/interglacial
variation [Broecker et al., 1985; Boyle, 1988; Broecker and
Peng, 1989]. Given the low and similar concentrations of
pCO; for both the Miocene and Pleistocene, one would expect
the Miocene climate system to have been similarly sensitive to
changes in heat and vapor transport. Perhaps the causes of
transitory Miocene glaciation and pCO- variability are compa-
rable to those for the Pleistocene.

7. Implications

The use of the strontium isotope record as a monitor of sili-
cate chemical weathering rates [Kump, 1989; Raymo, 1991;
Palmer and Edmond, 1992; Kump and Arthur, 1997] and the
timing of major Himalayan uplift and erosion [Rea, 1992] are
topics of strong debate. Nevertheless, if the Sr isotope record
is a strict proxy for chemical weathering rates, then one would
anticipate a continuous decline of pCO- throughout the Mio-
cene if the rate of magmatic CO, influx remained constant, and
other compensatory effects (e.g., decrease in organic carbon
burial) were not significant. Moreover, the greatest rate of
change in the Srisotope record demands that the most_rapid
rates of carbon dioxide removal occurred between ~21 and 17
Ma [Hodell and Woodruff, 1994]. However, this removal is
not observed in our results. Instead, following the expansion
of the EAIS in the middle Miocene, we find that pCO, steadily
increased. The rise of pCO, following the expansion of the
EAIS has two possible explanations (assuming long-term vol-
canic CO; input has remained constant). First, a negative
trend in the inorganic 8'"°C record through the middle and late
Miocene calls for additional inputs of CO, via a reduction in
organic carbon burial [Shackleton, 1987] and/or reoxidation
of organic carbon deposited on shelves as the result of falling
sea levels [Vincent and Berger, 1985]. A negative shift of 1%o
at ~13.5 Ma marks the return of inorganic 8"*C values to pre-
“Monterey” event values. This implies that the amount of CO,
returned to the atmosphere following EAIS expansion was
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equivalent to that removed during the Monterey §"C excur-
sion and is associated with an ~30 ppmv rise in pCO2 (Figure
14). However, our record shows that an additional ~60 ppmv
rise occurred between 14 and 10 Ma.

Our preferred explanation calls for reductions in silicate
chemical weathering and a subsequent pCO, rise as the result
of falling high-latitude temperatures and regional ice coverage
on Antarctica. This scenario and our pCO; estimates are sup-
ported by recent geochemical modeling of carbon and stron-
tium cycles during the Cenozoic [Kump and Arthur, 1997].
As a corollary, the lack of an appreciable ice sheet in the late
early Miocene with a correspondingly lower global albedo
could have allowed a more equable latitudinal temperature
gradient to develop during a period of relatively low pCO,.
Thus we suggest that the climatic optimum of the late early
Miocene could develop under low pCO; conditions because
of the absence of a large polar ice sheet.

In summary, the lack of a correspondence between Sr and
pCO, argues against the use of the Sr isotope record as a proxy
for global chemical weathering rates during this time. This
does not negate the possibility that slight imbalances be-
tween silicate weathering rates and CO; inputs generated de-
clines in pCO; during other times in the Cenozoic.

Perhaps the most dramatic observation of this study is the
overall uniformly low pCO; level recorded from all three cores
(Figure 10). The early to late Miocene pCO- concentrations es-
timated from our data are similar to those recorded for Pleisto-
cene interglacial-glacial intervals, with maximum calculated
pCO; values of ~290 ppmv. The noticeable absence of large-
scale changes in pCO; at site 588 following the ~100 ppmv
decrease in the early Miocene appears in conflict with green-
house theories of climate change. In particular, there is no
evidence for a sharp decline in pCO, associated with EAIS ex-
pansion, or a rise in pCO, during the late early Miocene
“climatic optimum.” Nevertheless, critically low levels of
pCO,, capable of forcing EAIS expansion, could have been ap-
proached if (1) concentrations of limiting nutrients were lower
than assumed (see Figure 12) or (2) the b versus [PO4>] rela-
tionship for the modern ocean was different during the middle
Miocene. However, lower carbon dioxide concentrations than
those estimated (Figure 14) could potentially limit the growth
of terrestrial flora [Lovelock and Whitfield, 1982; Sage, 1995]
during the middle Miocene. Regardless, even if limiting nutri-
ents were lower than estimated during the Monterey excur-
sion, the lowest levels of carbon dioxide would still have
been achieved ~1 m.y. prior to the expansion of the EAIS.
Therefore our results suggest that the late early Miocene cli-
matic optimum and the EAIS expansion in the middle Miocene
were not the direct result of large-scale changes in pCO,, al-
though low pCO; estimated for this time could have allowed
the climate system to respond sensitively to changes in heat
and water vapor transport. Consequently, we emphasize an
oceanographic control on Miocene climate change.

For example, the opening of the Drake Passage between
South America and the Antarctic Peninsula had a profound ef-
fect on Southern Ocean circulation, productivity, and the
thermal history of Antarctica [Kennett, 1977]. As the Drake
Passage widened, formation of the Antarctic Circumpolar Cur-
rent (ACC) would have acted to decouple warm subtropical
gyres from Subantarctic and Antarctic gyres, preventing
meridional heat transport south of the Antarctic Convergence
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and thermally isolating Antarctica [Savin et al, 1975; Barker
and Burell, 1982]. The historical development of the Drake
Passage is poorly understood and currently under debate
[Barker and Burell, 1977; Lawver and Gahagan, 1998].
However, Barker and Burell [1977, 1982], on the basis of
geophysical and sedimentological data, estimate seafloor
spreading in the Drake Passage to have begun ~26 Ma with
the subsequent production of deep water flow by ~22 Ma
(relative to Cande and Kent [1992] ages). Unrestricted flow
was potentially delayed until the middle Miocene because of
obstructive arrangements of continental fragments and a proto-
South Sandwich Island arc in the central Scotia Sea [Barker
and Burell, 1982; Barker et al, 1984].

Carbon and oxygen isotope records of benthic foraminifera
in the southwest Pacific Ocean identify periods of intensified
Southern Component deep water production between 15.6-
13.8 and ~13.8 to 12 Ma [Flower and Kennett, 1995]. Moreo-
ver, distribution and evolution of clay assemblages evaluated
from the Weddell Sea mark a transition during the middle Mio-
cene in which physical weathering was favored over chemical
weathering, ocean oxidizing conditions increased, and the
supply of terrigenous detritus from both South America and
west Antarctica was isolated [Roberts and Maillot, 1990].
This transition is coincident with a major ice volume increase
in East Antarctica and supports a model calling for the devel-
opment of unrestricted flow through the Drake Passage by ~15
Ma [Roberts and Maillot, 1990]. Major changes in
meridional heat transport at ~14.5 Ma are further corroborated
by a general increase in low-latitude sea surface temperatures
coeval with high-latitude cooling [Savin et al, 1985; Flower
and Kennett, 1993].

8. Conclusions

On the basis of g57.2 records derived from three globally
distributed oligotrophic sites, we conclude that pCO, during
the early to late Miocene (25-9 Ma) was similar to levels re-
corded for Pleistocene glacial/interglacial intervals (290-180
ppmv). The pCO- estimates from site 588 record a ~100 ppmv
decrease (350-220 ppmv) coincident with a well-defined gla-
cial maximum near the Oligocene/Miocene boundary (Mil of
Miller et al. [1987]). However, during most of the early to
middle Miocene concentrations ranged between 260 and 190
ppmv.

Regardless of the exact magnitude of estimated pCO, values,
our alkenone isotopic records from three sites consistently in-
dicate that pCO, was low throughout the Miocene. Further-
more, although specific trends differ for these three sites, they
all lack evidence for either high pCO, during the late early
Miocene climatic optimum or a sharp decline associated with
EAIS growth. The available data suggest that pCO, variabil-
ity played a secondary role in forcing climate change during
the Miocene. Instead, it is more probable that tectonic and
physical oceanographic factors, including the development of
unimpeded flow of the Antarctic Circumpolar Current through
the Drake Passage and Scotia Sea and the restriction/cessation
of flow across the Indian Ocean and eastern Tethys, exerted
dominant control over the development of the early Miocene
climatic optimum and expansion of the EAIS. As ice sheets
expanded, the resulting increase in albedo enhanced regional
and global cooling. The lack of an appreciable ice sheet in the
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early Miocene with a correspondingly lower global albedo
may have promoted the development of equable latitudinal

temperature gradients under low pCO,. However, low pCO,

acted to prime the climate system to respond dramatically to
changes in oceanography and ice albedo.
long-term increase in pCO, following EAIS growth may have
been driven by a reduction in chemical weathering rates due to
global cooling and regional ice coverage on Antarctica. If this

Furthermore, the

is valid, it suggests that expansion of a continental ice sheet
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