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[1] The net influx of water into the deep mantle by plate tectonics has been poorly
constrained because it is difficult to quantify how efficiently subducting slabs are
devolatilized on a global scale. The significance of deep water cycle in the Earth history
is similarly ambiguous because it depends critically on when plate tectonics started and
how it evolved through time. Here I show that, using the new scaling of plate-tectonic
convection based on fully dynamic calculations, the thermal evolution of Earth consistent
with geochemical, petrological, and geological data requires continuous mantle hydration
since the early Earth, with the net water influx of ∼2–3 × 1014 g yr−1. A drier mantle in
the Hadean and Archean is suggested to help the initiation of plate tectonics by reducing
the viscosity contrast between lithosphere and asthenosphere. As an increase in the vigor of
plate tectonics with time would encourage global marine inundation, the slow intake of
surface water by the convecting mantle is essential to maintain the continental freeboard.
Citation: Korenaga, J. (2011), Thermal evolution with a hydrating mantle and the initiation of plate tectonics in the early Earth,
J. Geophys. Res., 116, B12403, doi:10.1029/2011JB008410.

1. Introduction
[2] Reconstructing the thermal evolution of Earth is one of
the most fundamental geophysical problems, providing a
global context for a range of geological processes throughout
the Earth history. This fundamental nature also makes it difficult to solve because reconstruction must be consistent not
only with the physics of Earth’s interior but also with a variety
of observational constraints, such as geochemical constraints
on thermal budget, petrological constraints on secular cooling,
and geological constraints on ancient tectonics. Satisfying
both of such theoretical and observational requirements has
long been a challenge [e.g., Christensen, 1985; Richter, 1985;
Honda, 1995; Solomatov, 2001; Korenaga, 2006]; in particular, elementary fluid mechanics suggests that the vigor of
mantle convection would decrease as Earth cools down, but
this apparently innocuous behavior of the mantle fails to
explain the present-day thermal budget of Earth. It has been
suggested that, because of the effect of chemical differentiation on mantle dynamics, plate tectonics may have been more
sluggish when the mantle was hotter, and with this inverse
relation between internal temperature and the vigor of mantle
convection, it is possible to reconstruct a thermal history
without violating the thermal budget [Korenaga, 2003,
2006]. The suggestion of sluggish plate tectonics was, however, based on the global energy balance assuming the
operation of plate tectonics in the past. This points to another
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long-standing question: When did plate tectonics start on
Earth? [e.g., Condie and Pease, 2008]. As different modes
of mantle convection release heat at different rates [e.g.,
Solomatov, 1995], this question is of critical importance
when reconstructing the thermal evolution of Earth over its
entire history.
[3] To address these issues, the scaling of mantle convection
has recently been derived from a series of numerical simulations with the self-consistent generation of plate tectonics
[Korenaga, 2010a]. These numerical simulations employ the
so-called pseudoplastic rheology introduced by Moresi and
Solomatov [1998], with strongly temperature-dependent viscosity to make the derived scaling relevant to the real Earth.
A criterion for the operation of plate tectonics has also been
quantified, and we can now model the thermal evolution of
Earth on the basis of fully dynamic simulations and, at the
same time, test the assumption of plate tectonics in a quantitative manner. The purpose of this paper is, therefore, to
explore the likely thermal evolution of Earth using the new
scaling law of mantle convection and evaluate the plausibility
of various speculations made in previous studies. The paper
is organized as follows. First, the theoretical formulation is
described in detail, together with justifications for model
setup (section 2). Thermal evolution modeling involves a
number of parameters, many of which suffer from nontrivial
uncertainties. A Monte Carlo approach is thus adopted to
efficiently sample the multidimensional parameter space, and
a large number of modeling results are used to delineate the
likely evolutionary path (section 3). Two cases of thermal
evolution are considered, one with a closed mantle system
and the other with a mantle that can exchange water with
oceans, and the latter is suggested to be more consistent with
available geological data. The possibility of plate tectonics in
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Table 1. Radiogenic Heat Production
a

Isotope
238

U
235
U
232
Th
40
K

s1/2
(Ga)
a

pn
(W/kg)

cm,nb

hm,n

ccc,nc

hcc,n

lna

and Korenaga, 2007b], and that of continental crust, 7.5 ±
2.5 TW [Rudnick and Gao, 2004], as

(1/Ga)

Hm ð0Þ ¼ 16 − Hcc ð0Þ þ 3ɛ1 ½TW;

−5

9.37 × 10
0.9927 0.372 0.9927 0.348 4.47 0.155
5.69 × 10−4 0.0072 0.0164 0.0072 0.0153 0.704 0.985
2.69 × 10−5
4.0
0.430
5.0
0.503 14.0 0.0495
2.79 × 10−5 1.6256 0.181
1.28
0.134 1.25 0.555

ð2Þ

where Hcc(0) is the present-day heat production in the continental crust as
Hcc ð0Þ ¼ 7:5 þ 2:5ɛ2 ½TW;

a

From Turcotte and Schubert [1982].
Relative concentration normalized by the abundance of total U, with
U:Th:K = 1:4:(1.27 × 104), 238U/U = 0.9927, 235U/U = 0.0072, and
40
K/K = 1.28 × 10−4. All Th is 232Th.
c
Same as previous, but with U:Th:K = 1:5:104.
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ð3Þ

b

the early Earth is then discussed, along with its connection
to global water cycle (section 4).

and ɛi’s are independent random variables with zero mean
and unit standard deviation. The use of two independent
random variables is to signify that the uncertainty of the BSE
heat production is uncorrelated with that of the continental
heat production. Once these present-day values are specified, their values in the past can be backtracked as

2. Theoretical Formulation

Hi ðtÞ ¼ Hi ð0Þ

2.1. Global Heat Balance
[4] To reconstruct a thermal history of Earth, the following
global energy balance [e.g., Christensen, 1985] is integrated
backward in time starting from the present-day,
C

dTp ðtÞ
¼ HðtÞ − QðtÞ;
dt

ð1Þ

where C is the heat capacity of the entire Earth (∼7 ×
1027 J K−1), Tp is the mantle potential temperature (a hypothetical temperature of the mantle adiabatically brought up to
the surface without melting), t is time, H is the internal heat
production in the mantle, and Q is surface heat flux by mantle
convection. In all models in this study, the present-day
potential temperature Tp(0) is set to 1350°C [Herzberg et al.,
2007]. This equation assumes that the temperature contrast
between the mantle and the core is constant through time
[Korenaga, 2008b, section 3.5], i.e., core heat flux is proportional to the secular cooling of the mantle. The detail of
core heat flux parameterization is important for the thermal
history of the core, but not for that of the mantle [Korenaga,
2008c], so equation (1) is sufficient for this study.
[5] Backward integration is preferred over forward integration for the following two reasons. First, it is better to use
the present-day, which is the best understood part of the
Earth history, as an initial condition. Second, my modeling
strategy is to assume mantle convection to be in the mode of
plate tectonics throughout the Earth history and test the
validity of this assumption afterwards. Backward integration
is suitable for this strategy because, even when the operation
of plate tectonics cannot be justified at some point in the
history, modeling results will still be useful up to then.
[6] As long as H(t) and Q(t) are well defined, the numerical
integration of equation (1) is computationally trivial, and the
calculation of the mantle heat production H(t) is straightforward (section 2.2). Calculating the mantle heat flux Q(t)
is, however, much more involved (section 2.3), and in fact,
how to parameterize this heat flux constitutes the essence of
thermal evolution modeling.
2.2. Mantle Heat Production
[7] Mantle heat production at the present-day, Hm(0), may
be estimated as the difference between the heat production
of the bulk silicate Earth (BSE), 16 ± 3 TW [Lyubetskaya

4
X

hi;n expðln tÞ;

ð4Þ

n¼1

where ln is the decay constant of n-th radioactive isotope
(238U, 235U, 232Th, and 40K), and hi,n is its relative contribution to the total heat production of either mantle (i = m) or
continental crust (i = cc) defined as
ci;n pn
hi;n ¼ P
:
n ci;n pn

ð5Þ

Here the heat generation rates of the radioactive isotopes are
denoted by pn, and their relative concentrations in the i-th
reservoir by ci,n. Values used for these parameters are given
in Table 1.
[8] At the present day, H(0) is equivalent with Hm(0).
When the continental mass was smaller in the past, mantle
heat production must be correspondingly greater, and the
total mantle heat production is calculated as
HðtÞ ¼ Hm ðtÞ þ ½1 − Fcc ðtÞHcc ðtÞ;

ð6Þ

where Fcc is the mass fraction of continental crust with
respect to the present-day value. Continental growth models
exhibit considerable variability in the Archean [e.g.,
Collerson and Kamber, 1999; Campbell, 2003; Harrison
et al., 2005; Hawkesworth and Kemp, 2006], so I explore
a wide range of possibilities spanning from the instantaneous growth model of Armstrong [1981] to the gradual
growth model of McLennan and Taylor [1982] as
A
MT
Fcc ðtÞ ¼ fmix Fcc
ðtÞ þ ð1 − fmix ÞFcc
ðtÞ;

ð7Þ

where fmix is a random variable ranging from 0 to 1
(Figure 1).
2.3. Mantle Heat Flux
[9] The mantle heat flux is calculated as
QðtÞ ¼

kADTp ðtÞNuðtÞ
;
D

ð8Þ

where k is thermal conductivity (4 W m−1 K−1), A is the
surface area of Earth (5.1 × 1014 m2), DTp is the potential
temperature difference between the surface and the interior,
Nu is the Nusselt number, and D is the mantle depth (2.9 ×
106 m). For plate-tectonic convection with pseudoplastic
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and q is a nondimensional measure of temperature-dependent
viscosity defined as
q¼

EDTp
:
RTp2

ð14Þ

The critical viscosity contrast above which plate tectonics is
dynamically implausible is given by [Korenaga, 2010a]
DhL;crit ðtÞ ¼ 0:25Rai ðtÞ1=2 :

ð15Þ

[11] When mantle convection is in the mode of plate tectonics, the mantle melts beneath mid-ocean ridges, and this
mantle melting creates a dehydrated lithosphere. As the
initial pressure of melting (in GPa) for dry pyrolitic mantle is
given by [Takahashi and Kushiro, 1983]
Figure 1. Two end-member models of continental growth
used in thermal evolution modeling: Armstrong [1981]
(solid) and McLennan and Taylor [1982] (gray).

Po ¼ ðTp − 1423Þ=100;

the thickness of the dehydrated lithosphere may be calculated as

rheology, the Nusselt number may be calculated as
[Korenaga, 2010a]


Rai ðtÞ 1=3
NuðtÞ ¼ 2
DhL ðtÞ−1=3 ;
Rac

ð9Þ

where Rai is the internal Rayleigh number, Rac is the critical
Rayleigh number (≡103), and DhL is the lithospheric viscosity contrast. The internal Rayleigh number is defined as
Rai ðtÞ ¼

argDTp ðtÞD3
;
khi ðTp ðtÞÞ


E
E
−
:
hi ðTp ðtÞÞ ¼ hr exp
RðTp ðtÞÞ RðTp ð0ÞÞ



ð11Þ

Here E is the activation energy, R is the universal gas constant, and hr is the reference viscosity at Tp = Tp(0).
[10] When mantle rheology is controlled by the above
temperature-dependent viscosity as well as the brittle failure
criterion (i.e., pseudoplastic rheology), the lithospheric viscosity contrast in equation (9) may be parameterized as
[Korenaga, 2010a]
DhL ðg; qÞ ≈ expð0:327g 0:647 qÞ;

ð12Þ

where g is a normalized version of an effective friction
coefficient m, defined as
g¼

m
;
aDTp

hm ¼

ð13Þ

Po
:
rg

ð17Þ

Mantle viscosity depends not only on temperature but also
on the water content, and a drier mantle is usually stiffer
[e.g., Karato et al., 1986; Hirth and Kohlstedt, 1996; Mei and
Kohlstedt, 2000; Faul and Jackson, 2007]. Hotter mantle in
the past thus results in thicker dehydrated (and thus stiff)
lithosphere. Korenaga [2010a] found that the effect of viscosity stratification caused by mantle melting may be captured by redefining the lithospheric viscosity contrast as

ð10Þ

where a is thermal expansivity (2 × 10−5 K−1), r is
mantle density (4000 kg m−3), g is gravitational acceleration
(9.8 m s−2), k is thermal diffusivity (10−6 m2 s−1), and hi is
the interior viscosity, the temperature dependency of which
is specified as

ð16Þ




hm
;
DhL ≈ DhL;ref exp lnðDhÞ max 1;
6href

ð18Þ

where DhL,ref is the reference viscosity contrast as calculated
from equation (12), Dh is the viscosity contrast introduced by
mantle dehydration, href is the thickness of reference thermal
boundary layer expected in the absence of dehydration stiffening (≡D/Nuref). Note that the depth extent of dehydration
stiffening is not very sensitive to the wet solidus (which is
affected by the mantle hydration state) but is instead well
captured by the dry mantle solidus [Hirth and Kohlstedt,
1996], and this is why the formulation here is based on the
dry solidus of mantle peridotite. With this definition of DhL,
the effect of dehydration stiffening can be reflected properly
both on the heat flow scaling (equation (9)) and on the criterion of plate tectonics (equation (15)). A few representative
examples of heat flow scaling are given in Figure 2. With the
effect of dehydration stiffening (Dh > 1), heat flow tends
to be more suppressed for hotter mantle because thicker
depleted lithosphere retards plate tectonics.
[12] The Nu-Ra relationship of equation (9) can be reduced
to the following classical scaling for thermal convection
[e.g., Howard, 1966]:
Nu ∝ Ra1=3 ;

ð19Þ

if the lithospheric viscosity contrast DhL is assumed to be
constant. Equation (9) is thus more general, being able to
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bending dissipation is low, and vice versa. As this viscosity
contrast is a function of the effective friction coefficient and
temperature-dependent viscosity, one can easily adjust the
contribution of bending dissipation by changing, for example, the effective friction coefficient [Rose and Korenaga,
2011, Figure 13a]. What is important is the temporal trend
of the contribution of bending dissipation, i.e., whether or
not the contribution of bending dissipation was greater in the
past. This question cannot be answered by looking at
present-day plate tectonics, and this is where the scaling of
equation (9) becomes useful. As seen in Figure 2, heat
flow scaling with dehydration stiffening (Dh > 1) deviates
more from the classical scaling at higher temperatures,
indicating greater bending dissipation when the mantle
was hotter in the past.
[13] The present-day mantle heat flux is the total terrestrial
heat flux, 46 ± 3 TW [Jaupart et al., 2007], minus the
continental heat production, i.e.,
Qð0Þ ¼ 46 − Hcc ð0Þ þ 3ɛ3 ½TW;

Figure 2. Examples of heat flow scaling based on
equations (8)–(18). Activation energy E and reference temperature are set to 300 kJ mol−1 and 1350°C, respectively,
for all cases. Solid curves are for the effective friction coefficient m of 0.04 and the reference viscosity hr of 1019 Pa s,
and gray curves are for m of 0.01 and hr of 1020 Pa s. The
effect of dehydration stiffening by mantle melting is greater
for a higher viscosity contrast Dh between depleted lithosphere and asthenosphere: Dh = 1 (solid), 10 (dashed), 102
(dot-dashed), and 103 (dotted). Note that the effect of dehydration saturates at a high mantle temperature (∼1600°C),
resulting in a kink in predicted heat flow.
fully handle the effect of time-dependent mantle viscosity.
Even though the above simple scaling has been repeatedly
used in thermal evolution models [e.g., Schubert et al., 1980;
McGovern and Schubert, 1989; Spohn and Breuer, 1993], it
is valid only for nearly isoviscous convection [Solomatov,
1995], and the rheology of Earth’s mantle is anything but
isoviscous. Note that the new scaling of equation (9), when
combined with the effect of mantle melting (equation (18)),
validates the earlier approximate solution based on the
boundary layer theory [Korenaga, 2003, 2006]. The earlier
approximate scaling has been criticized because it assumes
a constant bending curvature for subducting plates [e.g.,
Davies, 2009]; the scaling of bending dissipation, which
plays an important role in the boundary layer theory, is
generally considered to be very sensitive to the bending
curvature [Conrad and Hager, 1999a; Buffett, 2006], and
present-day subducting slabs exhibit a wide range of bending
curvature [Lallemand et al., 2005]. A recent study on the
scaling of bending dissipation, however, has revealed that the
scaling is only weakly sensitive to the bending curvature if
realistic mantle viscosity is considered [Rose and Korenaga,
2011; see also Buffett and Heuret, 2011]), undermining the
criticism to the earlier scaling. Also note that equation (9)
by itself does not tell us whether the present-day rate of
bending dissipation is high or low. If the effective lithospheric viscosity contrast (DhL) is small, the rate of

ð20Þ

where ɛ3 is another random variable with zero mean and unit
standard deviation. For any given set of E, m, and Dh, the
reference viscosity hr is chosen so that the predicted heat
flux at the present-day, Q(Tp(0)), matches Q(0) calculated
from equation (20).
[14] Finally, it is convenient to define the convective Urey
ratio [Korenaga, 2008b], which measures the relative importance of mantle heat production over mantle heat flux as
UrðtÞ ¼ HðtÞ=QðtÞ:

ð21Þ

Both the numerator and the denominator are influenced by
the uncertainty in the heat production of continental crust
(equations (2) and (20)), so care must be taken when deriving
the uncertainty of the Urey ratio. The present-day Urey ratio
is estimated to be 0.23 ± 0.15 [Korenaga, 2008b]. Note
that the present-day heat flux may be at the minimum of
∼100 Myr-scale temporal variation and that the time-average
heat flux, which is more appropriate to use in thermal evolution modeling, is likely to be somewhat higher than indicated in equation (20) [Korenaga, 2007a; Loyd et al., 2007;
Becker et al., 2009]. This possibility would lower the
present-day Urey ratio, though the precise extent of reduction
is difficult to quantify because of uncertainties in the estimates of past heat flux.
2.4. Plate Velocity, Ocean Volume, and Mantle Water
Content
[15] If the mantle is a closed system and its water content
does not change with time, the above formulation would be
sufficient to calculate a thermal history. Though it is still
poorly quantified, however, subducting slabs could potentially bring surface water deep into the mantle [e.g., Ito et al.,
1983; Jarrard, 2003; Smyth and Jacobsen, 2006], and with
some simplifying assumptions, it is possible to incorporate
the effect of the net water flux into thermal evolution modeling. The key notion here is the constant freeboard [Wise,
1974], i.e., the mean sea level has always been close to the
mean continental level. The constant freeboard is well supported by frequent inundations throughout the Phanerozoic,
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and it is thought to be approximately valid in the Proterozoic
as well [Eriksson et al., 2006]. Even without eustasy, it is
possible to inundate a continent by dynamic topography due
to subducting slab [e.g., Mitrovica et al., 1989; Gurnis, 1993],
but global sea level changes still play a dominant role in the
simultaneous inundation of multiple continents [Harrison,
1990; Algeo and Seslavinsky, 1995]. The abundant occurrence of submarine flood basalt magmatism in the Archean
also suggests that the mean sea level had been sufficiently
high to inundate most of continents.
[16] One robust constraint from these geological observations is that there has always been enough surface water to
fill up the ocean basins at least to the mean continental level
[Korenaga, 2008c]. As the capacity of global ocean basins
is controlled by the speed of plate motion (or equivalently,
the surface heat flux) [Parsons, 1982], the minimum ocean
volume may be calculated together with a thermal history,
and temporal variations in the ocean volume can then be used
to provide a lower bound on the net water flux into the
mantle. The non-zero net influx would of course modify the
water content of the mantle and its viscosity, influencing
the vigor of mantle convection. When a mantle can exchange
water with oceans, therefore, care must be taken so that a
thermal history is reconstructed in a self-consistent manner.
One possible implementation is given in the following.
[17] First, average plate velocity is calculated from mantle
heat flux as

vðtÞ ¼ vð0Þ

QðtÞ Tp ð0Þ
Qð0Þ Tp ðtÞ

2
;

ð22Þ

with the present-day velocity of 4 cm yr−1. This is based on a
scaling relation
between surface heat flux and plate velocity,
pﬃﬃﬃ
Q ∝ Tp v [Turcotte and Schubert, 1982], which holds
irrespective of heat flow scaling. In the above equation, the
(average) aspect ratio of convection cells is implicitly assumed
to be nearly constant through time. The aspect ratios of individual convection cells are clearly time-dependent as seen in
the opening of the Atlantic ocean with the breakup of the
supercontinent Pangea. What is important here is, however,
the global average of individual aspect ratios. Some authors
suggested that convection cells in the hot Archean mantle
might be in general much smaller than present [Hargraves,
1986; Abbott and Menke, 1990], but as pointed out by
Korenaga [2006], their arguments are based on the assumption of higher heat flux in the past, and if one considers the
subductability of oceanic plates, the average aspect ratio of
convection cells in the past should not be very different from
the present.
[18] From plate velocity, the maximum age of seafloor can
be calculated as
vð0Þ
t max ðtÞ ¼ t max ð0Þ
vðtÞ

rﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ
1 − 0:4Fcc ðtÞ
;
0:6

continental mass in the past simply corresponds to wider
ocean basins. The total ocean volume is then calculated as
Z

t max

Vo ðtÞ ¼
0

dAo
ðt; tÞdðt; tÞdt;
dt

ð24Þ

where the area-age distribution of seafloor is given by


dAo
2Að1 − 0:4Fcc ðt ÞÞ
t
ðt; tÞ ¼
1−
;
dt
t max ðt Þ
t max ðtÞ

ð25Þ

and the depth-age relation of seafloor is given by

pﬃﬃﬃ
d t; tÞ ¼ d0 ðtÞ þ bðtÞ t ;

ð26Þ

in which d0 is the zero-age depth (average depth to mid-ocean
ridge axis) and b is the subsidence rate due to half-space
cooling. At present, d0(0) = 2654 m and b(0) = 323 m Ma−1/2
[Korenaga and Korenaga, 2008], and the subsidence rate in
the past depends on the internal temperature as [e.g., Turcotte
and Schubert, 1982]
bðtÞ ¼ bð0Þ

Tp ðtÞ
;
Tp ð0Þ

ð27Þ

i.e., the seafloor subsides faster for a hotter mantle. The study
of seafloor subsidence has a long history [e.g., Parsons and
Sclater, 1977; Stein and Stein, 1992; Carlson and Johnson,
1994; Smith and Sandwell, 1997], but the above subsidence
parameters correspond to the evolution of the ‘normal’ oceanic lithosphere, as delineated by Korenaga and Korenaga
[2008]. The area-age distribution of equation (25) is the
so-called triangular distribution, which is a good approximation to the present-day situation and arises naturally from
subduction irrespective of seafloor age [Parsons, 1982]. The
zero-age depth of seafloor do can be time-dependent, as it
is controlled by the relative buoyancy of continental and
oceanic regions on a global scale, and the following two endmember cases are considered: (1) in the case of closedsystem evolution (constant ocean volume), it changes to
satisfy the constant freeboard, or (2) in the case of opensystem evolution (variable ocean volume), it stays constant
with the present-day value. Note that the ocean volume
calculation itself is not sensitive to the assumption of the
constant aspect ratio of convection cells. If the aspect ratio
is smaller, plate velocity becomes correspondingly smaller to
satisfy the given heat flux, so the maximum age of seafloor
is unaffected.
[19] In the case of open-system evolution, the amount of
water stored in the mantle, Vmw, varies with time to compensate concurrent changes in the ocean volume and the
continental mass:
Vmw ðtÞ ¼ Vmw ð0Þ − ½Vo ðtÞ − Vo ð0Þ þ ½1 − Fcc ðtÞVcw ð0Þ;

ð23Þ

with t max(0) = 180 Ma. This formulation takes into account
that the present-day continental crust occupies 40% of
Earth’s surface and assumes that the average thickness of
continental crust has been relatively constant [Durrheim and
Mooney, 1991; Galer and Mezger, 1998]; a smaller
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ð28Þ

where Vcw(0) is the amount of water stored in the presentday continental crust (Vcw(0)/Vo(0) = 0.18) [Wedepohl,
1995]. The mantle water content cannot become negative,
so when Vmw reaches zero, the ocean volume cannot increase
any further, and the zero-age depth of seafloor starts to vary
to satisfy the constant freeboard even in the case of opensystem evolution. The variable hydration state of the mantle
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Table 2. Summary of Successful Model Parameters: Case of Closed-System Evolution
Correlation Coefficients
Parameter

Mean

1s

Ur(0)

Q(0)

Hcc(0)

fmix

m

E

log10Dh

Ur(0) [TW]
Q(0) [TW]
Hcc(0) [TW]
fmix
m
E [kJ/mol]
log10Dh

0.23
38.0
7.6
0.48
0.027
260
2.6

0.05
2.2
1.4
0.29
0.011
46
0.2

1.000
0.181
−0.489
0.078
−0.005
0.057
−0.550

0.181
1.000
−0.630
0.005
−0.022
−0.085
−0.141

−0.489
−0.630
1.000
−0.040
0.007
0.041
0.283

0.078
0.005
−0.040
1.000
0.014
−0.040
0.078

−0.005
−0.022
0.007
0.014
1.000
−0.134
0.119

0.057
−0.085
0.041
−0.040
−0.134
1.000
0.323

−0.550
−0.141
0.283
0.078
0.119
0.323
1.000

may be reflected in its rheology as [Fraeman and Korenaga,
2010]



Vmw ðtÞ
logðDhð0ÞÞ ;
hr ðtÞ ¼ hr ð0Þ exp 1 −
Vmw ð0Þ

ð29Þ




Vmw ðtÞ
DhðtÞ ¼ exp
logðDhð0ÞÞ :
Vmw ð0Þ

ð30Þ

and

When the mantle becomes completely dry (Vmw(t) = 0), for
example, no viscosity contrast would be introduced by
mantle melting (Dh(t) = 1) because the effect of dehydration
stiffening is already taken up by the entire mantle through
the reference viscosity (hr(t) = hr(0)Dh(0)).
2.5. Monte Carlo Sampling
[20] The above theoretical formulation involves a number
of parameters, and besides planetary constants such as the
mantle depth, most of input parameters are not precisely
known. It is therefore important to understand what part of
modeling results are robust (i.e., insensitive to such uncertainty in input data) by fully exploring the permissible
parameter space. Eight parameters are identified to this end,
including three random variables for the thermal budget ɛi
(i = 1 − 3), one random variable for continental growth fmix,
the activation energy of temperature-dependent viscosity E,
the effective friction coefficient m, the viscosity contrast due
to dehydration Dh, and the amount of water in the presentday mantle Vmw(0). These parameters are sampled from the
following ranges with equal probability (i.e., uniform distribution): ɛi = [−1, 1], fmix = [0, 1], E = [200, 400] (kJ mol−1)
[Korenaga, 2006; Korenaga and Karato, 2008], m = [0.01,
0.05], log10Dh = [1, 3] [Faul and Jackson, 2007; Korenaga
and Karato, 2008], and Vmw(0)/Vo(0) = [0.2, 1]. The range
of m corresponds to effective friction coefficients with high
pore fluid pressures [Korenaga, 2007b]. The range of the
mantle water content is based on the water content of the
source mantle for mid-ocean-ridge basalts (142 ± 85 ppm)
[Saal et al., 2002]. The majority of the mantle is likely to be
represented by this type of mantle (MORB-source mantle)
[Lyubetskaya and Korenaga, 2007b; Korenaga, 2009].
Though the storage capacity of the mantle transition zone
is very high [Hirschmann, 2006] and some regions exhibit
notable electrical conductivity [e.g., Kelbert et al., 2009;
Khan et al., 2011], the petrology of mid-ocean ridge basalts
and ocean island basalts indicates that the transition zone is
unlikely to be globally much more hydrous than the upper
mantle [e.g., Hirschmann et al., 2005; Hauri et al., 2006].

Imagine, for example, a parcel of mantle materials rising
from the lower mantle toward a mid-ocean ridge. Such
parcel is unlikely to have melted when passing through the
transition zone [Hauri et al., 2006], so its water content
does not change during its ascent. The water content of the
MORB-source mantle is quite low (i.e., 0.01–0.02 wt%),
being well below the water capacity of the mantle possibly at
all depths [e.g., Inoue et al., 2010]. The water concentration
in the upper mantle is thus expected to reflect a mantle-wide
average, probably similar to a situation envisioned by
Richard et al. [2002]. Note that with this (low) level of
water concentration, water partitioning among olivine highpressure polymorphs is not relevant to actual water distribution within the convecting mantle. Equilibrium partitioning
among different mantle layers, as often envisioned by mineral physicists [e.g., Inoue et al., 2010], is only achievable
in a static mantle with an extremely long timescale (i.e.,
chemical diffusion timescale for the whole mantle, which is
much longer than the age of the universe).
[21] For each combination of randomly sampled variables,
equation (1) is integrated back to 4.6 Ga ago, and the success
of each model run is judged on the basis of a predicted
thermal history Tp(t). The deviation from the petrological
estimate [Herzberg et al., 2010] is measured by the following cost functional,
Z

t1

c ðTp Þ ¼
2

0

Tp ðtÞ − Tpref ðtÞ
sT

!2  Z
dt

t1

dt;

ð31Þ

0

where Tpref(t) = 1580 − 25.6(t − 3)2, sT = 50 K, and t1 =
3.5 Ga. Only modeling results with c2 < 1 are retained for
further consideration.

3. Results
[22] Obtaining successful solutions by Monte Carlo sampling was more efficient for the case of closed-system evolution than that of open-system evolution; about one out of
ten trials satisfied the condition of c2 < 1 for the former, and
the success rate was around five times less for the latter. For
both cases, I conducted ten sampling runs starting with different seeds, and each run was continued until 104 successful
solutions were collected. For each sampling run, the mean
values of successful model parameters and their standard
deviations were calculated along with correlation coefficients
between different parameters (Tables 2 and 3). These statistics vary little among the ten sampling runs; mean values and
their standard deviations do not vary more than ±1% and
±3%, respectively, and correlation coefficients are consistent
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Table 3. Summary of Successful Model Parameters: Case of Open-System Evolution
Correlation Coefficients
Parameter

Mean

1s

Ur(0)

Q(0)

Hcc(0)

fmix

m

E

log10Dh

Vmw(0)/Vo(0)

Ur(0) [TW]
Q(0) [TW]
Hcc(0) [TW]
fmix
m
E [kJ/mol]
log10Dh
Vmw(0)/Vo(0)

0.28
37.9
7.1
0.51
0.027
252
2.7
0.76

0.04
2.0
1.4
0.29
0.012
39
0.2
0.18

1.000
0.294
−0.619
0.020
0.035
0.148
−0.199
−0.088

0.294
1.000
−0.694
0.042
−0.009
−0.143
−0.032
0.052

−0.619
−0.694
1.000
−0.057
−0.012
0.019
0.110
0.025

0.020
0.042
−0.057
1.000
−0.011
−0.056
−0.002
−0.028

0.035
−0.009
−0.012
−0.011
1.000
−0.221
0.119
0.017

0.148
−0.143
0.019
−0.056
−0.221
1.000
0.239
0.078

−0.199
−0.032
0.110
−0.002
0.119
0.239
1.000
0.088

−0.088
0.052
0.025
−0.028
0.017
0.078
0.088
1.000

within ±0.04. Results shown in this section are thus based
on the statistics of one sampling run (i.e., 104 successful
solutions).
3.1. Closed-System Evolution
[23] The case of closed-system evolution assumes no
interaction between the convecting mantle and the oceans;

there is no net water flux into or out of the mantle, so the
mantle water content is constant over time. With thicker
dehydrated lithosphere suppressing the convective vigor of a
hotter mantle, reproducing a thermal history consistent with
the petrological constraints (Figure 3a) is possible for a
range of model parameters (Figures 4 and 5). In particular,
the effect of continental growth on thermal evolution is of

Figure 3. Results of thermal evolution modeling are shown as a function of time, for the case of closedsystem evolution. Dashed curves correspond to the median of 104 successful solutions. Dark gray regions
cover from the first to the third quartile, representing the 50% of total solutions, whereas light gray regions
cover from the 5th to 95th percentile. Quantiles such as quartile and percentile are used instead of standard
deviations because the distributions of some variables are notably different from Gaussian. (a) Mantle
potential temperature. Open circles denote petrological estimates on the paleotemperature of the convecting
mantle [Herzberg et al., 2010], and a thick white curve denotes Tpref(t) = 1580 − 25.6(t − 3)2, which is used
in equation (31). (b) Convective Urey ratio. (c) Average plate velocity. (d) Lithospheric viscosity contrast
normalized by the threshold for the transition to stagnant-lid convection (equation (15)).
7 of 20

B12403

KORENAGA: PLATE TECTONICS AND DEEP WATER CYCLE

B12403

Figure 4. The a posteriori distributions of model parameters based on 104 successful runs. Light-shaded
histograms are for closed-system evolution and dark-shaded ones for open-system evolution. (a) Presentday Urey ratio Ur(0). (b) Present-day mantle heat flux Q(0). (c) Present-day continental heat production
Hcc(0). (d) Mixing parameter for continental growth fmix.
minor significance as indicated by the relatively uniform
distributions of Hcc(0) and fmix. In contrast, it is easier to
find a successful solution with a lower activation energy
(Figure 5b) and a higher viscosity contrast between dry
and wet mantle (Figure 5c) because both help to suppress
the vigor of convection of a hotter mantle (equation (9)).
Note that the success of thermal history reconstruction may
not seem to depend on the effective friction coefficient
(Figure 5a), but this is because, as described in section 2.3,
the reference viscosity becomes lower for a higher friction
coefficient so that the predicted mantle heat flux at present
always matches the observational constraint (Figure 6). Too
high friction coefficient can be precluded because it would
correspond to an unrealistically low reference viscosity [cf.
Korenaga, 2010a, p. 14].
[24] Results described so far are nothing really new. The
possibility that more sluggish plate tectonics in the past can
satisfy both the present-day thermal budget and the rate of
secular cooling has been suggested by Korenaga [2003]
based on the boundary layer theory. What is presented here
is a confirmation of this idea by using a heat flow scaling law
built on fully dynamic simulations and a demonstration of its
robustness by extensively exploring the parameter space.
[25] This seemingly successful case of closed-system
evolution, however, has one serious drawback; the effective
lithospheric viscosity contrast approaches the critical value
for ∼1.5–3 Ga ago (Figure 3d). When the mantle was

hotter in the past, its internal viscosity is lower due to its
temperature dependency, and so is the convective stress. At
the same time, dehydrated lithosphere is thicker, so it
becomes more difficult for convective stress to break the stiff
lithosphere and initiate subduction. Though ∼75% of model
runs remain in the mode of plate tectonics, the overall trend
of approaching the threshold in the last 1.5 Ga is unsettling
because the criterion (equation (15)) is not exact; plate tectonics would be guaranteed only when DhL/DhL,crit is sufficiently smaller than unity [Korenaga, 2010a]. The possibility
of intermittent plate tectonics, i.e., alternating stagnant-lid
convection and plate tectonics, has been suggested [e.g.,
O’Neill et al., 2007; Silver and Behn, 2008], but this idea
is in conflict with the continuous operation of plate tectonics during the Proterozoic as suggested by the history of
passive margins [Bradley, 2008], and it would also result in
an undulating thermal history [Silver and Behn, 2008;
Korenaga, 2008a] that is inconsistent with petrological data
[Herzberg et al., 2010].
[26] Note that more sluggish plate tectonics in the past
means older seafloor on average and thus greater seafloor
subsidence, so in the closed-system evolution with a constant ocean volume, the zero-age depth of seafloor must rise
rather substantially (at the rate of ∼1 km Ga−1) to satisfy the
constant freeboard, and mid-ocean ridges may have been
subaerial before ∼1.5 Ga ago (Figure 7a). If such shallowing
does not take place and the ridge depth stays constant, the

8 of 20

B12403

KORENAGA: PLATE TECTONICS AND DEEP WATER CYCLE

B12403

Figure 5. Same as Figure 4 but for (a) effective friction coefficient m, (b) activation energy for mantle
viscosity E, (c) viscosity contrast caused by dehydration stiffening Dh, and (d) the amount of water in
the present-day mantle Vmw(0) normalized by the present-day ocean volume Vo(0).
ocean volume in the past has to be greater to satisfy the
constant freeboard (Figure 7b). A time-varying ocean volume is possible only for the open-system evolution, which is
explored in the next section.
3.2. Open-System Evolution
[27] The bulk silicate Earth (the mantle and the crust) is
estimated to contain approximately one ocean worth of
water at present (section 2.5), so more voluminous oceans
could potentially be explained by a drier mantle in the past.
The reconstructed thermal history with water exchange
between the mantle and the surface is similar to that in the
case of closed-system evolution, though it tends to have
higher mantle temperature in the Archean (Figure 8a). The
distributions of successful model parameters are mostly
similar to those for the closed-system evolution (Figures 4
and 5); a notable exception is the present-day Urey ratio,
which is clustered around a slightly higher value, ∼0.28
(Figure 4a).
[28] The zero-age seafloor can stay at the present-day
depth back to ∼3–4 Ga ago (Figure 9a) because the ocean
volume is greater in the past to meet the constant freeboard
(Figure 9b). The water content of the mantle in the past is
correspondingly lower, and the mantle is likely to have been
entirely dry in the Hadean. The hydration of the mantle
could have started in the Hadean or as late as in the late
Archean (Figure 9b). More gradual continental growth (i.e.,
fmix  1, equation (7)) and a lower water amount of the

Figure 6. Covariation of the effective friction coefficient
and the reference viscosity for the case of closed-system
evolution. The case of open-system evolution exhibits similar correlation.
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consistent; the same cannot be said for the case of closedsystem evolution. This internal consistency has important
implications for the nature of ocean-mantle interaction as
discussed later (section 4.2).

4. Discussion and Outlook

Figure 7. Same as Figure 3 but for (a) the depth of zeroage seafloor, d0 and (b) hypothetical ocean volume Vo in
case of time-invariant zero-age seafloor depth.
present-day mantle (Figure 5) favor the late onset of mantle
hydration. The drier mantle in the past reduces the effect of
dehydration stiffening on mantle dynamics (e.g., no effect is
expected for the melting of an entirely dry mantle), so surface
heat flow and plate velocity in the past are not suppressed as
much as in the closed-system evolution. This is why the
predicted thermal history tends to be hotter and the presentday Urey ratio needs to be higher in the open-system evolution. For the same reason, variations in the ocean volume are
not as much as predicted from the closed-system evolution
(Figure 7b). Also, reduction in plate velocity for the last 1 Ga
is only ∼25% (Figure 8c), which is actually more consistent
with the geological estimate based on the life span of passive
margins [Bradley, 2008].
[29] The most important aspect of the open-system evolution is that the likelihood of plate tectonics is nearly
constant throughout the Earth history (DhL/DhL,crit ∼ 0.1,
Figure 8d). The drier mantle in the past helps to maintain
large enough convective stress, or equivalently, reduce the
effect of dehydration stiffening. This serves as a posteriori
justification of plate tectonics assumed for the reconstructed
thermal history (Figure 8a). In other words, the open-system
evolution considered here can be regarded as fully internally

4.1. Heat Flow Scaling and Thermal Budget
[30] The heat flow scaling law of equation (9) depends on
the assumed mantle rheology (hr, E, m, and Dh when the
effect of mantle melting is considered) (Figure 2), which
varies among different runs. The ensemble of successful
runs, however, exhibits a well-defined trend (Figure 10);
heat flow and mantle temperature are strongly negatively
correlated up to ∼1500°C in the closed-system evolution,
whereas heat flow is relatively constant up to ∼1600°C in the
open-system evolution. When the mantle is sufficiently hot
(e.g., >1600°C in the open-system evolution), heat flow is
higher for a hotter mantle, but for the temperature range
relevant to the last 3 Ga or so (Figure 3a), such conventional
scaling clearly does not apply. The pronounced inverse
relation between mantle temperature and heat flux in
Figure 10a is owning to the thicker dehydrated lithosphere
for hotter mantle, but as indicated by Figure 3d, simply
having thicker lithosphere would jeopardize the operation of
plate tectonics in the Proterozoic, so this heat flow scaling,
which is based on the assumption of plate tectonics, is on the
verge of self-consistency. Gradual mantle hydration over the
Earth history, as in the case of open-system evolution, alleviates the situation by reducing the viscosity contrast
between the convecting mantle and the lithosphere, and at the
same time, heat flow becomes virtually insensitive to mantle
temperature. It is interesting that this deceptively simple
scaling results from combining realistic complications in
mantle dynamics, i.e., chemical differentiation and oceanmantle interaction.
[31] Note that there may be other ways to achieve this
relatively constant heat flux over a range of mantle temperature, though there are few proposals with a concrete physical mechanism. It is possible, for example, to create a
temperature-insensitive scaling by assuming that plate
thickness stays constant regardless of mantle temperature
[Conrad and Hager, 1999b; Labrosse and Jaupart, 2007],
but the validity of this assumption is rarely discussed. One
can quantify the maximum plate thickness based on the stability of thermal boundary layer, and without taking account
the effect of dehydration stiffening, plates should become
thinner for a hotter mantle [Korenaga, 2003]. It is also difficult to maintain plate tectonics with constant plate thickness
and a hotter mantle unless the temperature-dependent viscosity of the mantle is somehow compensated, e.g., by
gradual hydration as considered in this study. In this regard,
the mantle dynamics dominated by grain growth [Solomatov,
2001] is so far the only other mechanism that could potentially yield a constant heat flux scaling. In this hypothesis, a
hotter mantle does not necessarily be less viscous if the bulk
behavior of the mantle is dominated by diffusion creep,
which is very sensitive to grain size. A hotter mantle may
have larger grains on average because grains grow faster at
higher temperatures, and diffusion creep is slower for larger
grains. If the grain size evolution over the Earth history is
such that the average viscosity of the mantle stays relatively
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Figure 8. Same as Figure 3 but for the case of open-system evolution.
constant despite its secular cooling, the convective heat flux
would become insensitive to the internal temperature.
[32] Regardless of how a constant heat flux is achieved,
this scaling is essential to reconstruct a thermal history
consistent with petrological and geochemical constraints, as
illustrated in Figure 11. The present-day convective Urey
ratio Ur(0) is estimated to be 0.23 ± 0.15 [Korenaga, 2008b],
and with a classical heat flow scaling (Figure 11a), we would
have a divergent thermal history in the Proterozoic, known
as thermal catastrophe [Christensen, 1985] (Figure 11b). It is
possible to avoid the catastrophe by assuming a much higher
Urey ratio (∼0.7–0.8; [e.g., Schubert et al., 1980, 2001]),
though this solution does not conform to the chemical composition of Earth’s mantle [Hart and Zindler, 1986;
McDonough and Sun, 1995; Lyubetskaya and Korenaga,
2007a]. There are a variety of geochemical arguments for a
hidden geochemical reservoir enriched in heat-producing
elements [e.g., Allegre et al., 1996; Hofmann, 1997;
Albarede and van der Hilst, 2002; Porcelli and Turekian,
2004], but it is important to understand that these arguments arise from global mass balance and are thus consistent
with the low Urey ratio (i.e., 0.23 ± 0.15). These arguments
simply tell us that the part of the mantle sampled by midocean ridge magmatism appears to be too depleted in a
certain group of trace elements (including heat-producing
elements) to match the difference between the composition
of the primitive mantle and that of continental crust. In other
words, if we use mantle composition models based on

mid-ocean ridge samples [e.g., Jochum et al., 1983; Salters
and Stracke, 2004; Workman and Hart, 2005], the convective Urey ratio would be even lower than 0.2, and an enriched
hidden reservoir has been proposed to bring the Urey ratio
up to the value expected from the theoretical composition of
the primitive mantle (equivalent to the bulk silicate Earth).
Because estimating the mantle composition from mid-ocean
ridge samples could suffer from various sources of uncertainty, however, the mass of a hidden reservoir does not have
to be substantial as previously thought and could be trivially
small [e.g., Lyubetskaya and Korenaga, 2007b; Korenaga,
2008b]. Also note that, whereas seismological observations
point to chemical heterogeneity in the deep mantle [e.g.,
Masters et al., 2000], often referred to as “chemical piles,”
these observations do not constrain the trace element budget
of such chemical piles. It is possible that chemical piles are
enriched in iron but not in heat-producing elements. Such
situation may be achieved, for example, if chemical piles
represent subducted oceanic crust, because subduction processes could alter the trace element composition of oceanic
crust rather substantially [e.g., Kelemen et al., 2004].
[33] Moreover, a high-Urey-ratio solution predicts a thermal history to be concave upward (Figure 11b); the rate of
secular cooling in the Phanerozoic and the Proterozoic is
lower than that in the Archean, which is actually opposite to
what is suggested by petrological data [Herzberg et al.,
2010]. To reproduce the observed trend of secular cooling,
the convective heat flux must cross the internal heat
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[34] To explore the possibility that a high-Urey-ratio
solution could resemble the concave downward thermal history, Monte Carlo sampling of the closed system evolution is
repeated with the classical heat flow scaling of equation (19).
That is, the viscosity contrast DhL in equation (9) is set to
unity. To allow high Urey ratios, the a priori range on the
random variable ɛ1 in equation (2) is modified from [−1, 1]
to [−1, 8]. Finding a solution with c2 < 1 is found to be
difficult, and the criterion is relaxed to c2 < 1.5. The a
posteriori distribution of such solutions is shown in
Figure 12. As already discussed, the concave upward nature
of high-Urey-ratio solutions makes it difficult to fit the
petrological data (Figure 12a), which explains why it is
difficult to satisfy c2 < 1. The convective Urey ratio is

Figure 9. (a) Same as Figure 7 but for the case of opensystem evolution. (b) Both ocean volume Vo(t) (lighter
gray shades) and mantle water Vmw(t) (darker gray shades)
are shown after normalized by their present-day values.
production sometime in the Archean, which is only possible
with a (nearly) time-invariant heat flux. The present-day
Urey ratio must not be substantially higher than ∼0.3,
because the crossover of heat flux and heat production would
then take place too recently (Figure 11d), resulting in too cold
a thermal history (Figure 11b). Thus, the concave-downward
thermal history as indicated by petrology requires both
temperature-insensitive heat flux and a low Urey ratio. To
quantify the robustness of this concave-downward nature,
bootstrap resampling [Efron, 1982] was applied to the data
of Herzberg et al. [2010] as follows. Each of resampled
ensemble is fitted with the following parabola:
Tp ðt Þ ¼ at 2 þ bt þ 1350;

ð32Þ

which passes through the present-day condition, and the
statistics based on 103 bootstrap ensembles is found to be:
a = −30.44 ± 4.68 and b = 165.77 ± 10.90, where uncertainty
corresponds to one standard deviation. The negativity of the
parameter a, which is equivalent to being concave downward, is thus indisputable.

Figure 10. Relation between mantle potential temperature
and convective heat flux based on 104 successful model runs
for (a) closed-system evolution and (b) open-system evolution.
In Figure 10b, some data points run from Q ∼ 10 TW and
Tp ∼ 1400°C to higher Q and Tp, and they represent the
evolution of an entirely dry mantle in the early Earth
(Figure 9), i.e., corresponding to the case of Dh = 1 in
Figure 2.
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Figure 11. Consequences of different heat flow scaling and different heat production in predicted thermal history. (a) Temperature-insensitive heat flow scaling (solid), which is a good approximation to the
one shown in Figure 10b, and classical scaling used in a number of previous studies on thermal evolution
(see Korenaga [2008b] for review). (b) Thermal history prediction for four combinations of heat flow scaling and internal heat production. Constant heat flux with a low present-day Urey ratio (solid) is the only
one that can produce a concave-downward thermal history with an average cooling rate of ∼100 K Ga−1.
Classical scaling with a low Urey ratio results in thermal catastrophe (gray). Classical scaling with a high
Urey ratio (gray dashed) can reproduce a reasonable cooling rate but a thermal history is concave upward.
Constant heat flux with a high Urey ratio (dashed) results in too cold a thermal history. (c) Evolution of
convective heat flux Q (solid for constant heat flux and gray for classical scaling) and internal heat production H (dotted) with a low present-day Urey ratio. (d) Same as Figure 11c but with a high present-day Urey
ratio.
0.70 ± 0.02 at present, which stays relatively constant during
the Proterozoic (Figure 12b). With lower Urey ratios, it
would be possible to fit the high cooling rate during the
Proterozoic, but such solutions would lead to thermal catastrophe and could not satisfy the low cooling rate during the
Archean (Figure 11b). The activation energy E (not shown
here) is clustered around the minimum (200 kJ mol−1), barely
exceeding 250 kJ mol−1. This low activation energy reduces
the temperature sensitivity of heat flow scaling, allowing
the crossover of heat loss and heat production at ∼4 Ga ago
(i.e., Urey ratio greater than unity). One may wonder if a
better fit may be achieved by starting thermal history calculation with a higher present-day temperature (e.g., 1400°C),
but the calculation has to start with the present-day temperature of the MORB-source mantle, which is estimated to

be 1350°C by Herzberg et al. [2007] using the same method
used in Herzberg et al. [2010]. During the Proterozoic,
predicted plate velocity increases rather drastically
(Figure 12c), while the zero-age depth of seafloor does not
vary much from the present-day value. This relative constancy of the zero-age depth indicates that, with classical
scaling, the constant freeboard can be satisfied without
changing the ocean volume, as previously shown by
Schubert and Reymer [1985], so there is no need to explore
the possibility of the open system evolution. Note that we
cannot test the validity of plate tectonics assumption in this
exercise because the effective lithospheric viscosity contrast
is arbitrarily set to unity. To sum, high-Urey-ratio solutions
do not satisfy the petrological constraints on the thermal
history (Figure 12a), the geochemical constraints on the
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Figure 12. Results of thermal evolution modeling with classical heat flow scaling for the case of closedsystem evolution. Legend is same as Figure 3. (a) Mantle potential temperature. (b) Convective Urey ratio.
(c) Average plate velocity. (d) The depth of zero-age seafloor, d0.
thermal budget (Figure 12b), and the geological constraints
on the tempo of plate tectonics (Figure 12c).
4.2. Model Uncertainty and Nonuniqueness
[35] The thermal evolution modeling presented here has
a somewhat complex theoretical formulation (section 2),
including a heat flow scaling law that can handle pseudoplastic rheology, the effect of mantle melting, and water
exchange between the mantle and the surface. Still, the modeling philosophy is the same as that of previous parameterized convection studies, i.e., to understand a gross behavior
of planetary evolution on the basis of scaling laws that relate
average mantle properties. This philosophy necessitates a
variety of simplifications in theoretical formulation, and it is
important to understand how modeling results may be affected
by them. In this section, therefore, I discuss the following
simplifications in some detail: (1) the assumption of whole
mantle convection, (2) the use of pseudoplastic rheology in
the heat flow scaling law, and (3) the relation between plate
tectonics and the ocean volume.
[36] As the surface heat flux appearing in the global
heat balance (equation (1)) is parameterized as a function
of bulk mantle properties such as potential temperature
(equation (10)) and water content (equation (29)), so whole
mantle convection is implicitly assumed. The notion of
layered-mantle convection, with a deep mantle reservoir

sequestered from mantle circulation at shallower depths, has
often been discussed in the literature [e.g., Richter, 1985;
Silver et al., 1988; Hofmann, 1997; Tackley, 2000; Boyet
and Carlson, 2005], though the volumetric significance
of such deep mantle reservoir is highly uncertain [Korenaga,
2008b]. Though this issue has long been overlooked in the
past, it is important to recognize that the chemical composition
models of Earth’s mantle assume whole mantle convection
[e.g., McDonough and Sun, 1995; Palme and O’Neill, 2004;
Lyubetskaya and Korenaga, 2007a; Korenaga, 2009];
otherwise one cannot estimate the mantle composition (or
equivalently, mantle heat production) in a self-consistent
manner, and the thermal budget of Earth becomes undefined.
Also, if the putative deep mantle reservoir were volumetrically significant and could play an important role in the
thermal evolution of Earth, one has to specify how to
parameterize the heat loss of the deep reservoir, which is
expected to depend on the details of mantle rheology at the
mid-mantle or lower-mantle condition, but our understanding
of deep mantle rheology is still highly limited. Exploring the
possibility of layered-mantle convection [e.g., Spohn and
Schubert, 1982; Honda, 1995] is thus deemed better left for
future studies. It is noted, however, the concave-downward
thermal history as indicated by petrological data [Herzberg
et al., 2010] does not conform to the presence of a highly
radioactive deep reservoir (section 4.1). Also, the possibility
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of the high convective Urey ratio (0.7–0.8) assumed in
conventional thermal evolution models [e.g., Schubert et al.,
1980; Davies, 2009] is only marginally consistent with
geoneutrino observations [Gando et al., 2011].
[37] The heat flow scaling law of equation (9) is parameterized with the internal Rayleigh number and the lithospheric viscosity contrast; the former is controlled by the
ductile component of mantle rheology whereas the latter is by
both ductile and brittle components. Though this parameterization with one internal parameter and one near-surface
parameter is in a reasonably general form, the parameterization of the lithospheric viscosity contrast (equation (12))
depends critically on the assumption that the weakening of
lithosphere can be represented by an effective friction coefficient. This assumption was first introduced by Moresi and
Solomatov [1998] and is known to require a friction coefficient much lower than laboratory experiments indicate [e.g.,
Byerlee, 1978]. It has been common to justify such low
friction coefficient by referring to the study of the San
Andreas fault, which appears to be much weaker than a
conventional friction coefficient suggests, but the study of
this fault would only tell us the strength of continental crust
and has no bearing on that of oceanic lithosphere, which is
most relevant to the operation of plate tectonics. An effective
friction coefficient can be reduced considerably if pore fluid
exists and its pressure approaches lithostatic, but oceanic
lithosphere is known to be dehydrated by mantle melting
beneath mid-ocean ridges [Hirth and Kohlstedt, 1996; Evans
et al., 2005]. Without providing a physical mechanism that
can rehydrate oceanic lithosphere, it is difficult to justify
modeling plate-tectonic convection using a low effective
friction coefficient. Thermal cracking can potentially be such
a mechanism [Korenaga, 2007b] though its plausibility
needs to be investigated further. One concern has been the
limited penetration of thermal cracking, which can fracture
oceanic lithosphere only down to the isotherm of ∼700°C.
In terms of bending deformation, however, fracturing down
to the mid-lithospheric depth has been shown to be almost
as effective as fracturing the entire lithosphere [Rose and
Korenaga, 2011], so the thermal cracking hypothesis
appears to be promising.
[38] Another issue regarding the assumed mantle rheology
is the use of a single ductile deformation mechanism with a
global reference viscosity (equations (11) and (29)). Reference viscosity (i.e., viscosity at the reference potential temperature) is likely to be depth-dependent [e.g., Hager, 1984;
King, 1995], however, and there also exist a multitude of
deformation mechanisms with different dependencies on
temperature, pressure, and water content [e.g., Karato and
Wu, 1993; Hirth and Kohlstedt, 2003]. The activation
energy E and the reference viscosity hr in this study should
thus be regarded as effective parameters that aim to represent
the net outcome of multiple deformation processes on a
whole mantle scale. The range of activation energy explored
here (200–400 kJ mol−1) is, for example, based on the rheology of the upper mantle, and it may not be appropriate
when calculating the internal Rayleigh number for the entire
mantle. The role of lower mantle rheology in the global heat
flow scaling is a subject that warrants careful consideration.
[39] The ocean volume in the past is calculated from the
convective heat flux through several scaling relations
(equations (22)–(27)). While these scaling relations
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themselves can readily be derived from physical or geometrical arguments, the entire procedure is based on the following
two major assumptions: (1) the thickness of the continental
crust has been constant, and (2) the zero-age depth of seafloor has also been constant in the case of open-system
evolution. The thickness of continental crust may have been
different in the past, and unlike the thickness of normal
oceanic crust, which is largely determined by the average
mantle temperature [McKenzie and Bickle, 1988; Langmuir
et al., 1992], we do not even have a theory to explain why
the average thickness of continental crust is ∼40 km at
present. It is thus important to explore the consequences of
time-dependent crustal thickness. If the continental crust was
thicker in the past [e.g., England and Bickle, 1984; Galer
and Mezger, 1998], the assumption of constant thickness
corresponds to the minimum ocean volume [Korenaga,
2008c], so it would only increase the net water influx to the
mantle. If the crust was thinner, however, the net water flux
would decrease, thereby reducing the possibility of a drier
mantle in the past and jeopardizing the operation of plate
tectonics. Arguments for thinner crust in the past are based on
higher-than-present heat production in the crust [e.g., Fyfe,
1978], and this idea may be tested quantitatively as follows.
First, a steady state geotherm within the continental crust
may be calculated as [e.g., Turcotte and Schubert, 1982]
T ðzÞ ¼ Ts þ

A þ qcm
A 2
z ;
z−
2k
k

ð33Þ

where Ts is the surface temperature, A is a volumetric heat
production rate, and qcm is heat flow from the subcontinental
mantle. An example for the present-day 40-km-thick crust is
given in Figure 13a. The heat production rate and the mantle
heat flux are set to 9.8 × 10−7 W m−3 and 29 mW m−2,
respectively, corresponding to the continental heat flux of
14 TW and the continental heat production of 8 TW. The
thermal conductivity is known to vary considerably within
the crust because of its temperature dependency [e.g.,
Whittington et al., 2009] but is set to 3 W m−1 K−1 for the
sake of simplicity. If the Hadean continental crust had the
same thickness, its Moho temperature would exceed 1000°C
(Figure 13a) because crustal heat production was higher
than present by a factor of ∼4 (Figure 13b). Equation (33)
may be solved for crustal thickness so that the Moho temperature does not exceed a given threshold:
hmax

k
¼
A

!
rﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ
qcm 2 2A
qcm
;
þ DT −
k
k
k

ð34Þ

where DT is the temperature contrast between the surface
and the Moho. The maximum crustal thickness is shown in
Figure 13c for three values of DT. If the continental Moho
cannot be hotter than 800°C (because the lower crust would
otherwise melt and flow away), for example, it is difficult
to justify a 40-km-thick continental crust before ∼2 Ga. In
this calculation, the mantle heat flux is assumed to take the
present-day value, but it can vary; heat flux from the subcontinental mantle is proportional to the temperature difference across the lithospheric mantle and is inversely
proportional to the thickness of the lithospheric mantle. The
maximum crustal thickness determined by equation (34),
however, is not very sensitive to variations in the mantle

15 of 20

B12403

KORENAGA: PLATE TECTONICS AND DEEP WATER CYCLE

B12403

Figure 13. Effect of time-dependent thickness of continental crust on the open-system evolution.
(a) Steady state geotherm for continental crust: 40-km-thick crust with present-day heat production (solid)
and four times greater heat production (dotted). Moho temperature can be reduced to 600°C if the crust
is only 28-km thick (dashed). (b) Variation of crustal heat production with time, based on equations (4)
and (5). (c) Maximum crustal thickness based on equation (34) with different threshold Moho temperatures:
600°C (dashed), 800°C (solid), and 1000°C (dotted). Gray dashed line represents equation (35). (d) Same
as Figure 9b, but from modeling results with the modified continental fraction of equation (36).
heat flux; 30% higher mantle heat flux, for example, results
in only 6–10% decrease in the crustal thickness. Also note
that uniform heat production within the crust is assumed in
equations (33) and (34) because the once-popular exponential distribution of heat production (i.e., greater heat
production at shallower depths) [Lachenbruch, 1970] does
not seem to be well supported by observations [e.g., Jaupart
and Mareschal, 2004]. Also, compared at the same total heat
production, the uniform distribution results in hotter lower
crust than exponential distributions, thus making the crustal
thickness calculation here more conservative. For the
threshold Moho temperature, 800°C is adopted (as 600°C is
too low to explain the present-day crustal thickness; see
Figure 13c), and the crustal thickness in the past may be
calculated as
hcc ðtÞ ¼ minð40; 50 − 5tÞ;

ð35Þ

where thickness and time are in km and Ga, respectively.
The open-system modeling was repeated with the modified
continental fraction defined as
Fcc
′ ðtÞ ¼ Fcc ðtÞ

hcc ð0Þ
hcc ðtÞ

ð36Þ

in equations (23) and (25). Results are found to be very
similar to the original (compare Figure 13d with Figure 9b),
suggesting that the possibility of thinner continental crust in
the past has only limited influence on the ocean volume
calculation.
[40] By contrast, variations in the ridge depth have a
substantial impact on the ocean volume. If mid-ocean ridges
shallow on a global scale, as in the case of closed-system
evolution (Figure 7a), the ocean volume could stay constant
despite greater subsidence caused by more sluggish plate
tectonics. Theoretical and observational constraints on the
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ridge depth in the past are both limited. The Archean oceanic
lithosphere, for example, is likely to be more buoyant than
the present-day oceanic lithosphere because oceanic crust
and depleted mantle lithosphere are both thicker for a hotter
mantle [Korenaga, 2006], but what is relevant to the ridge
depth is the relative buoyancy between oceanic and continental regions. A critical component in this regard is the
thickness of subcontinental lithosphere in the past, the consideration of which is usually missing in the literature [e.g.,
Nisbet and Fowler, 1983; Hynes, 2001; Flament et al.,
2008]. Galer and Mezger [1998] argue that the gradual
thickening of continental lithosphere with time is unlikely
because it would lead to the continuous uplift and exhumation of continents and suggest that the thickness may have
been relatively constant. Numerical modeling studies, however, generally show the gradual thinning of continental
lithosphere by convective erosion [e.g., Doin et al., 1997;
Shapiro et al., 1999]; the continental lithosphere in the
Archean could thus have been thick enough to compete with
the buoyant oceanic lithosphere. Observational constraints
are similarly vague. Based on metamorphic reactions indicated by Archean greenstones in the Pilbara craton, Kitajima
et al. [2001] suggested that Archean mid-ocean ridges may
have been as deep as contemporary ones, and there are also
Proterozoic and Archean ophiolite complexes with pillow
lavas [e.g., Dann, 2001; Scott et al., 1992; Peltonen et al.,
1996; Komiya et al., 1999; Kusky et al., 2001; Furnes
et al., 2007]. The presence of pillow lavas, however, does
not place very quantitative constraints on seafloor depths,
and more importantly, it is difficult to estimate a global
average ridge depth from these fragmentary Precambrian
geological samples. The present-day mid-ocean ridges exhibit
considerable depth variations, probably reflecting regional
thermal and/or chemical heterogeneities in the source mantle
[e.g., Langmuir et al., 1992], so the preservation of a submarine ridge in an ophiolite does not necessarily contradict
with an average ridge depth at an subaerial level.
[41] The internal consistency of the open-system evolution
as noted in section 3.2 thus plays an important role in
interpreting an assemblage of geological data in a dynamically realistic theoretical framework. The continuous operation of plate tectonics at least for the last 3 Ga, as suggested
by ophiolites and fossil passive margins with a range of
Precambrian ages, demands a positive net water influx to
make the mantle drier in the past; otherwise, it is difficult to
explain the cooling history of the upper mantle indicated by
petrological data. It should be noted, however, that this selfconsistency argument depends critically on the scaling laws
for plate tectonics, which may be modified or challenged by
future theoretical developments. Obtaining new and independent observational constraints on the ocean volume and
seafloor depth in the past would thus have a considerable
impact on our understanding of the thermal evolution of
Earth.
4.3. Net Water Influx, Early Oceans, and Onset
of Plate Tectonics
[42] Subducting slabs are hydrated by alteration, and
structural water in the oceanic upper crust alone amounts to
the water influx of ∼9 × 1014 g yr−1 [Ito et al., 1983], which
is equivalent to subducting the entire ocean in less than
2 billion years. How deeply such subducted water can be
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distributed in the mantle is not well understood, however,
because most of it may quickly return to the surface through
arc magmatism [Jarrard, 2003], unaffecting the bulk of the
mantle. The open-system evolution model presented in
section 3.2 suggests the net water flux into the mantle to be
∼2 – 3 × 1014 g yr−1 (Figure 9b). This continuous hydration
of the mantle is entirely opposite to the conventional wisdom
that the hydrosphere was formed by the continuous degassing
of the mantle [Rubey, 1951], but the possibility of a positive
net water influx has been suggested repeatedly in the past
[e.g., Fyfe, 1978; Ito et al., 1983; Jarrard, 2003; Smyth and
Jacobsen, 2006], and the magnitude of net flux estimated in
this study is similar to previous estimates based on the water
contents of altered oceanic crust and arc magma [Ito et al.,
1983; Jarrard, 2003] and high-pressure mineral physics
data [Smyth and Jacobsen, 2006]. Though previous thermal
evolution models with water exchange between the surface
and the mantle invariably suggest continuous degassing (i.e.,
negative water influx) [e.g., McGovern and Schubert, 1989;
Williams and Pan, 1992; Franck and Bounama, 1997], these
models are all based on the assumption of a high present-day
Urey ratio (∼0.7–0.8), which is inconsistent with the chemical composition model of Earth, and their reconstructed
thermal histories are concave upward, being opposite to the
actual cooling trend (section 4.1).
[43] As the modeling in this study is formulated with
average mantle properties, gradual hydration is assumed to
take place over the entire mantle, implying that some part of
subducted water can be transported to the deep mantle.
Though the dehydration reaction of hydrous minerals in
subducting slabs may be limited within the upper mantle
[e.g., Green et al., 2010], this by itself does not preclude
the deep water cycle because nominally anhydrous minerals
can still contain nontrivial amounts of water [Smyth and
Jacobsen, 2006]. If, however, mantle hydration through
time is limited to the upper mantle, the Archean oceans
would not be as voluminous as estimated in Figure 9b, and
the estimate on net water flux would be reduced by a factor of
∼4. The zero-age depth of seafloor during the Proterozoic
would also need to be shallower than the present-day to satisfy the freeboard constraint. But in this case, the water
content of the lower mantle does not change with time, so the
initial water content of the lower mantle at the beginning of
subsolidus convection in the Earth history needs to be
(somehow) coincide with the present-day water content of
the upper mantle. As mentioned in section 2.5, the water
content of the MORB-source mantle is on the order of 0.01–
0.02 wt%. If the lower mantle beneath a mid-ocean ridge is
drier or wetter than this, it would contradict with the petrology of mid-ocean ridge basalts, unless we assume no mass
exchange between the upper and lower mantle.
[44] A dry mantle and a voluminous ocean at the beginning
of the Earth history both help the initiation of subduction;
the former leads to high convective stress, and the latter
activates the thermal cracking mechanism. Such situation
may even be a natural corollary of the aftermath of a putative
magma ocean. Regardless of how efficiently water may have
degassed from a solidifying magma ocean, subsequent subsolidus mantle convection in the stagnant-lid regime could
quickly process the entire mantle and bring any remaining
water in the convecting mantle to the surface [Fraeman
and Korenaga, 2010]. The existence of oceans and the
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operation of plate tectonics in the very early Earth have been
suggested by the study of Hadean zircons [e.g., Mojzsis et al.,
2001; Wilde et al., 2001; Valley et al., 2005; Hopkins et al.,
2010], and though the interpretation of detrital zircons may
suffer from nonuniqueness [Sleep, 2007], the notion of an
early Earth with plate tectonics and oceans is plausible at
least on a theoretical ground.
[45] In this study, the continental freeboard is used as an
observational constraint to calculate the ocean volume from
mantle dynamics, but the success of the thermal evolution
modeling may also be interpreted such that the slow but
steady mantle hydration regulates the freeboard at the scale
of billions of years. When continents rise above the sea
level, they can be eroded down, but when continents are
globally inundated, there is no obvious mechanism to bring
them back to the sea level; crustal thickening by continental
collisions is a transient process that takes place only at
regional scales. The interaction between the hydrosphere and
the solid earth may thus be a key to maintaining a dry landmass over the geologic timescale. In this regard, it is important to understand what controls the net water influx because
we still cannot predict it accurately from first principles.
Rüpke et al. [2004], for example, considered the thermodynamics of subducting slabs and suggested the gradual dehydration of the mantle over the geological time, but it should
be noted that their modeling of thermal evolution is based on
the assumption that convective heat flux is proportional to
internal heat production. This assumption was once popular
in the 1970s [e.g., McKenzie and Weiss, 1975] but has no
physical basis as a number of subsequent studies have shown
[e.g., Schubert et al., 1980; Christensen, 1985; Solomatov,
1995; Korenaga, 2008b]. Predicting net water influx as a
function of mantle state variables is an important step toward
a self-contained theory of mantle convection with predicting
power, which would be essential to better understand the
evolution of other terrestrial planets including super-Earths
[Korenaga, 2010b].
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