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Abstract Plate tectonics, a special class of mantle convection so far observed only on the Earth,
is responsible for a vast array of geological processes, from the generation of continental crust to the
modulation of atmospheric composition. Whereas conditions for its operation are still debated, the
minimum requirement is generally thought that surface plates become denser than the underlying
asthenosphere so that they can subduct. Recent studies, however, have raised the possibility that even
mature oceanic plates remain buoyant because chemical buoyancy is too high to be overcome by negative
thermal buoyancy, challenging the basic tenet of plate tectonics. Here we show that on the basis of new
integrated geophysical and petrological modeling, oceanic plates do become negatively buoyant after
∼30 Myr. Our modeling also indicates that the seaﬂoor would subside at a rate of ∼500 m Myr−1∕2 , which
is considerably faster than the observed rate of ∼320 m Myr−1∕2 . We suggest that this discrepancy in
subsidence rate is best explained by the combined eﬀect of incomplete viscous relaxation within oceanic
plates, radiogenic heat production in the convecting mantle, and the secular cooling of the Earth.
1. Introduction
The convective cooling of the Earth’s mantle exhibits itself as the formation of new seaﬂoor at mid-ocean
ridges and its subsequent deepening, and a proper understanding of this elementary process of mantle
convection is still surprisingly elusive. Hot mantle ascending beneath mid-ocean ridges melts partially to
create basaltic oceanic crust, and the crust as well as the residual mantle after melting (called the depleted
lithospheric mantle) are compositionally less dense than the mantle before melting (the asthenosphere)
[Oxburgh and Parmentier, 1977]. This chemical buoyancy is usually thought to be compensated eventually
by negative thermal buoyancy; a cold boundary layer formed by surface cooling, also known as thermal
lithosphere, becomes suﬃciently thick after a few tens of million years (Myr) [Oxburgh and Parmentier, 1977;
Davies, 1992]. Once subducted, buoyant basaltic crust can transform to dense eclogitic crust [Ringwood and
Green, 1964], but the achievement of negative buoyancy before subduction is essential for the initiation of
subduction. Recent studies, however, have raised the possibility that even mature oceanic plates at present
are not negatively buoyant [e.g., Hynes, 2005; Valencia and O’Connell, 2009], and because plate tectonics is
nonetheless happening, the initiation of subduction may be controlled by other factors such as external
compression [e.g., Gurnis et al., 2004]. Such external forcing depends on the evolving force balance of plate
tectonics, so understanding the onset of subduction (and thus the onset of plate tectonics itself ) would
become a chicken-and-egg problem.
Through thermal contraction and isostatic adjustment, the growth of the cold boundary layer also leads to
the deepening seaﬂoor away from mid-ocean ridges [Davis and Lister, 1974; Parsons and Sclater, 1977]. The
seaﬂoor subsidence deﬁnes the water capacity of ocean basins, with ﬁrst-order inﬂuence on sea level variations [Parsons, 1982]. The observed subsidence rate of ∼320 m Myr−1∕2 [Korenaga and Korenaga, 2008],
however, appears to be too low to be explained by the thermal expansivity of mantle minerals [Korenaga,
2007a; Grose and Afonso, 2013], presenting another challenge for our theoretical understanding of the evolution of suboceanic mantle. Two disparate mechanisms have been put forward to explain this discrepancy:
reduction in eﬀective thermal expansivity caused by incomplete viscous relaxation within oceanic lithosphere
[Korenaga, 2007a] and dynamic topography caused by radiogenic heat production in the sublithospheric
mantle [Korenaga, 2015]. It is currently unresolved which mechanism is more important.
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of 100 Myr and focus on the ﬁrst ∼70 Myr. Seaﬂoor older than ∼70 Myr old is known to deviate from the
prediction of simple half-space cooling [Parsons and Sclater, 1977; Stein and Stein, 1992], and such deviation
can be explained by, for example, the occurrence of small-scale convection [Huang and Zhong, 2005; Korenaga,
2015]. Here we restrict ourselves to the simple, early phase of lithospheric evolution. As we will demonstrate
in this paper, understanding this early phase is not as straightforward as commonly believed, and to properly
interpret our modeling results, it is necessary to extend our scope substantially, even to the secular cooling of
the Earth. We begin with describing our theoretical formulation.

2. Numerical Modeling of Thermal Evolution
The thermal evolution of the suboceanic mantle is modeled by solving the following one-dimensional
equation of heat conduction:
(
)
𝜕
𝜕T
𝜕T
=
k(P, T)
,
𝜌(P, T)Cp (P, T)
(1)
𝜕t
𝜕z
𝜕z
where 𝜌, Cp , k, P, T , t, and z are density, speciﬁc heat, thermal conductivity, pressure, temperature, time, and
depth, respectively. The model spans from the seaﬂoor (z = 0) to the depth of 300 km, which is suﬃciently
deep to model half-space cooling for the duration of 100 Myr. The above equation is solved with a ﬁnite diﬀerence approximation, using the vertical spacing of 1 km and the time step of 5000 years. The initial temperature
proﬁle is the adiabat with the potential temperature (referenced at the surface, Tp0 ) of 1623 K (1350∘ C)
[Herzberg et al., 2007], and the surface temperature is ﬁxed at 273 K (0∘ C).
Some recent studies on the integrated geophysical-petrological modeling of the suboceanic mantle [Afonso
et al., 2008; Grose and Afonso, 2013] adopt the concept of the so-called plate model [e.g., McKenzie, 1967;
Parsons and Sclater, 1977; Stein and Stein, 1992] and ﬁx the model temperature at a relatively shallow depth
(∼100 km), which helps to explain the deviation from the prediction of half-space cooling. For the ﬁrst 70 Myr
of thermal evolution, which is of our primary interest, simple half-space cooling has long been considered to
be adequate, and we do not impose a temperature boundary condition except for the surface; for the model
depth of 300 km and the duration of 100 Myr, the cooling front does not reach the bottom. That is, our model
is suﬃciently deep to approximate the cooling of a semi-inﬁnite solid. Using the bottom temperature condition as in the plate model could aﬀect not only the evolution after the ﬁrst 70 Myr (e.g., seaﬂoor ﬂattening)
but also the earlier phase (e.g., reduced seaﬂoor subsidence), and for the latter, it is diﬃcult to defend the
artiﬁcial temperature condition in a physically reasonable manner. If one tries to justify the plate model using
small-scale convection, for example, the thermal evolution of oceanic lithosphere should follow half-space
cooling before the onset of convection. See section 3.2 for further discussion on this point.
The use of equation (1) is equivalent to assuming no occurrence of sublithospheric convection, which we
believe is adequate for the ﬁrst 70 Myr of thermal evolution. Whereas some numerical studies suggest
younger seaﬂoor ages for the onset of sublithospheric, small-scale convection [e.g., Buck and Parmentier, 1986;
Dumoulin et al., 2001; Zlotnik et al., 2008], the onset time depends critically on the rheology of the upper mantle
[Korenaga and Jordan, 2002], our understanding of which is still limited [Korenaga and Karato, 2008; Mullet
et al., 2015]. Although there is a considerable time lag between the onset of sublithospheric convection and its
manifestation in surface heat ﬂow [Korenaga, 2009], the onset of convection would be immediately reﬂected
in surface topography even with realistic mantle rheology [Korenaga, 2015]. As the global depth-age relation
of seaﬂoor does not exhibit notable deviations from the half-space cooling trend up to 70 Ma [Parsons and
Sclater, 1977; Stein and Stein, 1992; Korenaga and Korenaga, 2008], the possibility of convective instability can
be excluded when modeling the global behavior of young oceanic lithosphere. Note that this stance is not
inconsistent with the earlier operation of small-scale convection on a regional scale.
In our modeling, the eﬀect of melt extraction on mantle composition as well as equilibrium mineral assemblages are calculated using pMELTS simulations [Ghiorso et al., 2002; Smith and Asimow, 2005; Asimow and
Ghiorso, 1998], and mineral densities are computed based mainly on the compilation of Schutt and Lesher
[2006]. The model incorporates 7 km thick oceanic crust, which is characterized by low density as well as low
thermal diﬀusivity. The eﬀect of radiative thermal conductivity [Hofmeister, 2005] is also considered for the
mantle. The most realistic case we considered in this study (labeled as “+ crust + krad ” in ﬁgures) includes
the eﬀects of melt extraction, solid phase transitions, radiative thermal conductivity, and oceanic crust. We
also considered four other auxiliary cases to quantify the magnitude of these diﬀerent eﬀects (see Table 1).
KORENAGA AND KORENAGA
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Table 1. Setting for Thermal Evolution Modeling
Label

Melt Extraction

Phase Changes

Radiative Thermal Conductivity

+ crust + krad

Yes

Yes

Yes

Yes

+ crust

Yes

Yes

No

Yes

No crust

Yes

Yes

Yes

No

No phase change

Yes

No

Yes

Yes

Fo90a

No

No

Yes

Yes

a The mantle is assumed to be made entirely of Fo
90

Oceanic Crust

olivine.

In what follows, we will explain these eﬀects in some detail, along with the description of how material
properties, such as 𝜌, Cp , and k, vary with pressure and temperature.
2.1. Melt Extraction and Mantle Density
The partial melting of the mantle beneath mid-ocean ridges results in the chemical depletion of the residual
solid, the eﬀect of which is quantiﬁed through pMELTS simulations [Ghiorso et al., 2002; Smith and Asimow,
2005]. For the source mantle composition, we used the primitive mantle composition model of Sun and
McDonough [1989]; the eﬀect of the extraction of continental crust is minimal on the major element composition of the mantle [e.g., Kinzler and Grove, 1992], allowing to use the primitive mantle as the present-day
source mantle for mid-ocean ridge basalts. Isentropic melting was conducted starting from the initial pressure
of 4 GPa and the initial temperature of 1723 K (1450∘ C) and assuming continuous melting with the minimum melt fraction of 0.2%. The composition of the residual mantle is shown at selected pressures in Table 2.
The pMELTS simulation successfully produces ∼7 km thick oceanic crust, and as shown in Table 3, the calculated composition of the accumulated melt phase resembles closely existing estimates on the primary melt
composition for mid-ocean ridge basalts.
As shown in Figure A1, pMELTS predicts that the isentropic decompression of the mantle with the temperature
of 1723 K (1450∘ C) at 4 GPa brings down the temperature to 1623 K (1350∘ C) at surface, if melting is suppressed
(a similar result can also be seen in Figure 1 of Smith and Asimow [2005]). This corresponds to the adiabatic
thermal gradient of 0.8 K km−1 , which is greater than typical values of ∼0.5 K km−1 [Langmuir et al., 1992]. The
source of this discrepancy is that both MELTS and pMELTS use the thermodynamic database of Berman [1988],
which overpredicts the thermal expansivity of olivine at high pressures (Figure 1). Density values provided by
pMELTS are thus not always reliable, and we chose to recalculate density based on the method of Schutt and
Lesher [2006].
The compilation of Schutt and Lesher [2006] on thermodynamic quantities, however, does not cover all of
mineral compositions given by our pMELTS simulations, so it is supplemented as follows. For spinel,
Mg-chromite (MgCrO4 ), magnetite (Fe3 O4 ), qandilite (Mg2 TiO4 ), and ulvospinel (Fe2 TiO4 ) are added as
end-member minerals. For feldspar, albite (NaAlSi3 O8 ) and anorthite (CaAl2 Si2 O8 ) are used as end-member
minerals. Their relevant thermodynamic quantities are summarized in Table 4.

Table 2. Calculated Major Element Composition of the Mantle at Selected Pressuresa
Pressure

SiO2

TiO2

Al2 O3

Fe2 O3

Cr2 O3

FeO

MnO

MgO

NiO

CaO

Na2 O

Fb

4 GPac

44.92

0.20

4.44

0.12

0.38

7.93

0.13

37.73

0.25

3.54

0.36

0

2 GPa

44.92

0.20

4.40

0.12

0.38

7.93

0.13

37.81

0.25

3.54

0.33

0.17

1.5 GPa

44.89

0.17

4.12

0.12

0.37

7.92

0.13

38.39

0.26

3.45

0.17

2.48

1 GPa

44.74

0.12

3.44

0.11

0.41

7.93

0.14

39.78

0.27

3.04

0.03

7.47

0.5 GPa

43.71

0.01

0.97

0.07

0.47

8.26

0.16

45.16

0.32

0.97

0.00

22.18

0.18 GPad

43.17

0.00

0.38

0.06

0.49

8.41

0.17

46.59

0.33

0.52

0.00

25.50

a Values are in weight percent.
b Total fraction of melt removed.
c Source mantle composition.
d Corresponding to the base of the crust.
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Table 3. Calculated and Estimated Primary Melt Compositions for Mid-Ocean Ridge Basaltsa
Source

SiO2

TiO2

Al2 O3

Fe2 O3

Cr2 O3

FeO

MnO

MgO

NiO

CaO

This study

48.57

0.93

16.34

0.23

0.08

7.19

0.01

12.72

0.01

11.26

Na2 O
2.65

Kinzler [1997]b

48.20

0.94

16.40

0.00

0.12

7.96

0.00

12.50

0.00

11.40

2.27

Korenaga and Kelemen [2000]c

48.80

0.97

16.20

0.50

0.00

7.80

0.12

12.40

0.01

10.80

2.40

Herzberg and O’Hara [2002]d

48.40

0.84

16.40

0.56

0.00

7.40

0.12

12.70

0.00

11.30

2.25

a Values are in weight percent.
b Estimate based on polybaric, near-fractional melting with the initial pressure of 1.5 GPa.
c Estimate based on multiphase fractionation correction to samples from northern East Paciﬁc Rise.
d Estimate using a sample from the Siqueros transform fault, assuming the accumulated perfect fractional melting of depleted source mantle.

2.2. Phase Transitions
After its ascent beneath a mid-ocean ridge, the mantle is cooled from the above and is assumed to move only
laterally. During this phase, the chemical composition of the mantle is a simple function of pressure (or depth),
but equilibrium mineral assemblages at a particular pressure can still vary with changes in temperature. We
use pMELTS to track such variations in mineral assemblages and calculate corresponding densities using the
method of Schutt and Lesher [2006] as mentioned above (Figure 2). In consideration of how pMELTS has been
calibrated, the calculation of equilibrium mineral assemblages by pMELTS was limited to pressures lower than
4 GPa and temperatures above 800 K, and extrapolations to higher pressures and lower temperatures were
made for mineral assemblages using the nearest neighbor algorithm. In the case of “no phase change,” the
equilibrium mineral assemblages before any cooling (i.e., right beneath a mid-ocean ridge) are used at all

Figure 1. Density of Fo90 olivine as a function of pressure and temperature, based on (a) the formulation of Kroll et al.
[2012], which is based on so far the most complete compilation of thermal expansivity measurements as well as the
up-to-date summary of bulk modulus data; (b) the formulation of Grose and Afonso [2013], which is based on the thermal
expansivity of pure forsterite [Bouhifd et al., 1996] and the isothermal bulk modulus of 130 GPa at room temperature
and pressure with its pressure derivative KT′ of 4.8 and the Anderson-Grüneisen parameter 𝛿T of 6; (c) the formulation
of Berman [1988]; and (d) the formulation of Schutt and Lesher [2006]. Dashed contours in Figures 1b–1d denote the
prediction based on Kroll et al. [2012] shown in Figure 1a.
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Table 4. Thermodynamic Quantities Adopted for Additional End-Member Mineralsa
𝜌0 b(kg m−3 )

KT,0 c (GPa)

dK∕dP

dK∕dT (GPa K−1 )

a0

a1

a2

Mg-chromite

4414d

182.5f

5.8f

−0.02j

0.143l

1.119l

−0.1063l

Magnetite

5200d

222g

4.1g

−0.02j

0.635m

−0.7406m

−4.467m

Qandilite

3535e

172e

4e

−0.02j

0.2115n

1.4546n

0.3403n

Ulvospinel

4775d

222h

4.1h

−0.02j

0.635h

-0.7406h

−4.467h

Albite

2615d

57.6i

4i

−0.02k

-o

-o

-o

Anorthite

2765d

81.6i

4i

−0.02k

-o

-o

-o

Mineral

a Thermal expansivity is calculated as 𝛼

= a0 × 10−4 + a1
b Density at the standard condition (298 K and 105 Pa).

× 10−8 T + a2 ∕T , unless noted otherwise.

c Isothermal bulk modulus at the standard condition.
d Smyth and McCormick

[1995, 1995].

e Lv et al. [2016].
f Nestola et al. [2014].
g Haavik et al. [2000].
h Assumed to be the same as magnetite.
i Angel [2004].
j Assumed.
k Tribaudino et al. [2011].
l Fei [1995].
m A single equation ﬁt to the two equations reported by Fei [1995] (for <
n A ﬁt to the formulation of O’Neill et al. [2003].

843 K and > 843 K).

o Following Tribaudino et al. [2010], the thermal expansivity of plagioclase is calculated as b + 2b (T − 298), where
0
1
2 , b = 9 × 10−9 − 4 × 10−11 x , and x is the mole fraction of anorthite
b0 = 2.44 × 10−5 − 3.1 × 10−7 xAn + 1.8 × 10−9 xAn
1
An
An
in percent.

pressures and temperatures, and in the case of “Fo90,” the mantle is assumed to be made entirely of Fo90
olivine. Even with constant mineral assemblages, in situ density still varies with pressure and temperature
through compressibility and thermal expansivity (Figure 1).
To quantify the “true” buoyancy of oceanic lithosphere, it would be convenient to use the concept of
“potential density” (Appendix A). To calculate potential density at 4 GPa (𝜌p4 ), we ﬁrst use pMELTS to calculate
equilibrium assemblages at the pressure of 4 GPa and a range of temperatures, for the range of mantle composition resulting from melting, and calculate corresponding densities using the method of Schutt and Lesher
[2006] (Figure 3). The potential density 𝜌p4 may then be found by calculating the corresponding potential
temperature Tp4 .
2.3. Speciﬁc Heat and Thermal Conductivity
Just as density, speciﬁc heat is also the function of pressure, temperature, and composition, but regarding their
inﬂuence on the thermal evolution of the suboceanic upper mantle, it is a good approximation to consider
only its temperature dependency. By compiling all of pMELTS simulation results obtained in this study, we
found that the speciﬁc heat of the mantle can be approximated as
Cp (T) = 1580 − 12230T −0.5 − 1694 × 106 T −3 ,

(2)

where speciﬁc heat is in J K−1 kg−1 .
For thermal conductivity, we adopt the approach of Grose and Afonso [2013] and ﬁrst calculate thermal
diﬀusivity as
[
(
)
(
)]
T − 273
T − 273
𝜅(T) = a + b exp −
(3)
+ d exp −
× 10−6 ,
c
e
where diﬀusivity is in m2 s−1 , a = 0.565, b = 0.67, c = 590, d = 1.4, and e = 135. Thermal conductivity is then
calculated as
)
(
d ln(k)
P ,
k(P, T) = 𝜅(T)Cp (T)𝜌(P, T) exp
(4)
dP
where d ln(k)∕dP is set to 0.05 GPa−1 [Hofmeister, 2007]. When radiative conductivity is considered in our
modeling, we add the radiative contribution to the above conductivity, using the formulation of Hofmeister
[2005], assuming the grain size of 5 mm.
KORENAGA AND KORENAGA

EVOLUTION OF YOUNG OCEANIC LITHOSPHERE

6319

Journal of Geophysical Research: Solid Earth

10.1002/2016JB013395

Figure 2. (a–e) Volume percentage of equilibrium mineral assemblages for suboceanic mantle as a function of pressure
and temperature and (f ) corresponding in situ mantle density. Variations in the mineral assemblage also reﬂects the
eﬀect of melt extraction.

2.4. Oceanic Crust
When 7 km thick oceanic crust is included in our modeling, we assume the same thermodynamic properties
of the crust as used by Grose and Afonso [2013]. For this limited depth extent, modeling its detailed behavior
is not very important, and the major impact of the crustal layer is limited to the following two aspects: its low
reference density (2950 kg m−3 ), which contributes signiﬁcantly to the buoyancy of oceanic plates, and its low
thermal diﬀusivity (∼0.6 × 10−6 m2 s−1 on average), which tends to insulate the underlying mantle section.

3. Results and Discussion
3.1. On Excess Density of the Cooling Lithosphere
Modeling results for the most realistic case, with the eﬀects of melt extraction, solid phase transition, oceanic
crust, and radiative thermal conductivity, are shown in Figure 4. Despite the intricacy of modeled thermal
properties, the growth of the cold boundary layer still follows closely the prediction of simple half-space
cooling (Figure 4a). In contrast, the corresponding in situ density is more complex, aﬀected not only by
KORENAGA AND KORENAGA
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Figure 3. (a–e) Volume percentage of equilibrium mineral assemblages at 4 GPa as a function of original pressure and
temperature and (f ) corresponding potential mantle density. Lack of pressure sensitivity at P > 2 GPa results simply from
that the mantle composition is the same before melting starts.

changes in temperature and pressure but also by variations in chemical composition and mineral assemblages (Figure 4b). Conversion to the potential density 𝜌p4 (Appendix A), however, reveals a dynamically more
meaningful picture of density stratiﬁcation, which evolves simply with the growth of the cold boundary layer
(Figure 4c). The depth proﬁle of in situ density may give an impression that the top 100 km of suboceanic
mantle does not become denser than the underlying mantle even after 90 Myr of cooling (Figure 4d), and
this in fact underlies the suggestion of mature yet buoyant oceanic lithosphere [Hynes, 2005; Valencia et al.,
2007; Valencia and O’Connell, 2009]. The previous calculation of the temporal evolution of in situ density
[e.g., Hynes, 2005] is not considerably diﬀerent from ours; it is its physical interpretation that has been
confounded. By calculating 𝜌p4 , we can correct for the eﬀect of isentropic compression, and the chemical
buoyancy of the depleted lithospheric mantle is seen to be compensated quickly, within the ﬁrst 10 Myr
(Figures 4c and 4d). Even with the buoyant basaltic crust, the net buoyancy of suboceanic mantle becomes
negative after ∼30 Myr (Figure 5a), which is only slightly greater than the conventional estimate of 20 Myr
KORENAGA AND KORENAGA
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Figure 4. The thermal evolution modeling with the eﬀects of melt extraction, solid phase transitions, radiative thermal
conductivity, and 7 km thick oceanic crust. The total model depth is 300 km, which is suﬃciently deep to model
half-space cooling for the duration of 100 Myr, but only the shallow portion is shown here for clarity. (a) In situ
temperature, (b) in situ density, and (c) potential density
√ at 4 GPa. Gray dashed line in those panels denotes the extent
of the classical thermal boundary layer deﬁned by 2 𝜅t, where 𝜅 is thermal diﬀusivity (here ﬁxed to be 10−6 m2 s−1 )
and t is time. Blue dotted curves in Figures 4b and 4c represent the spinel-to-garnet phase transition: the volume
fraction of garnet is less than 1% above the upper curve and above 10% below the lower curve. (d) The proﬁles of
in situ density (dotted) and potential density (solid) are shown at 0, 30, and 90 Myr.

[Davies, 1992]. The subduction of an oceanic plate could therefore take place by its own gravitational
instability, resolving the aforementioned causality dilemma of plate tectonics.
Note that whereas Valencia et al. [2007] and Valencia and O’Connell [2009] cite the work of Afonso et al. [2007],
in addition to that of Hynes [2005], to argue for the potential insigniﬁcance of plate’s own buoyancy for the
operation of plate tectonics, Afonso et al. [2007] themselves do not misinterpret their computed proﬁle of in
situ density, unlike Hynes [2005]. From Figure 3 of Afonso et al. [2007], one can deduce that their model also
predicts that the oceanic lithosphere becomes negatively buoyant after ∼30 Myr. The agreement between
Afonso et al. [2007] and our study is encouraging because these studies employ diﬀerent implementations for
petrological and geophysical modeling.
3.2. Predicted Rates of Seaﬂoor Subsidence
Model predictions for surface heat ﬂow are similar among all cases considered (Figure 5b), satisfying observations equally well. Seaﬂoor subsidence proves to be a more discriminating observable (Figure 5c). As shown
KORENAGA AND KORENAGA
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Figure 5. Comparison of ﬁve diﬀerent models in terms of buoyancy, heat ﬂow, and subsidence. Results for the most
complete model, which incorporates the eﬀects of melt extraction, solid phase transition, radiative thermal conductivity,
and oceanic crust, are labeled as + crust +krad and shown in red. All other models are missing one or more factors as
follows: without radiative thermal conductivity (“+ crust”; yellow), without radiative thermal conductivity and oceanic
crust (“no crust”; dashed black), without solid phase transition (no phase change; blue), and the model without melt
extraction and solid phase transition (Fo90; dashed blue). (a) Evolution of the net buoyancy of suboceanic mantle,
z
deﬁned as ∫0 max [𝜌p4 (t, z) − 𝜌p,4 (0, zmax )]dz, where zmax is 300 km. (b) Evolution of surface heat ﬂux. Gray dots shows all
of available heat ﬂow data [International Heat Flow Commission of IASPEI, 2011] from the normal seaﬂoor [Korenaga and
Korenaga, 2008]. Green boxes denote the recent compilation [Hasterok, 2013]. In Figures 5a and 5b, the cases of no
phase change and Fo90 are virtually identical to the most complete case. (c) Seaﬂoor subsidence plotted as a function of
square root of time. (d) Rate of seaﬂoor subsidence calculated by linear regression using a moving window of ±10 Myr.

previously [Grose and Afonso, 2013], the presence of low-thermal-diﬀusivity crust tends to insulate the mantle,
thereby slowing down seaﬂoor subsidence. The addition of radiative thermal conductivity has an opposite
eﬀect albeit of smaller magnitude. The average subsidence rate for the ﬁrst 70 Myr is ∼500 m Myr−1∕2 for
the most realistic case (red curve in Figure 5d). When phase change is artiﬁcially suppressed (blue curve in
Figure 5d), the average rate would reduce to ∼420 m Myr−1∕2 , so the spinel-to-garnet transition in the cooling lithosphere contributes ∼80 m Myr−1∕2 of extra subsidence. The observed subsidence rate for the normal
seaﬂoor, i.e., the seaﬂoor unaﬀected by the emplacement of oceanic islands and oceanic plateaus, is only
∼320 m Myr−1∕2 [Korenaga and Korenaga, 2008]. Our calculation of isostatic adjustment correctly incorporates
the eﬀect of compressibility, which minimizes the magnitude of subsidence (Appendix B). The substantial discrepancy between the theoretical prediction and the observation thus seems to require the operation of some
mechanisms unaccounted in our modeling. The 84% (420 m Myr−1∕2 ) and 16% (80 m Myr−1∕2 ) of the total
predicted subsidence (500 m Myr−1∕2 ) are caused by thermal contraction and phase transition, respectively,
and there is no known mechanism to reduce the contribution from the phase transition. To explain the
observed subsidence rate of ∼320 m Myr−1∕2 , therefore, the subsidence caused by thermal contraction has to
be reduced down to 240 m Myr−1∕2 , i.e., ∼40% decrease.
The predicted subsidence rate of ∼500 m Myr−1∕2 may seem exceedingly high, but lower, traditional predictions are based primarily on the use of thermal expansivity that is too low to be compatible with
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mineral physics. A simple model of thermal isostasy with constant material properties yields the following
formula for subsidence rate:
√
2𝛼𝜌m ΔT 𝜅∕𝜋
dw
=
,
(5)
dt
𝜌m − 𝜌w
where 𝛼 is thermal expansivity, ΔT is the diﬀerence between the surface temperature and the initial mantle
temperature, 𝜅 is thermal diﬀusivity, 𝜌m is mantle density, and 𝜌w is water density [Turcotte and Schubert, 1982].
Using 𝛼 = 3 × 10−5 K−1 , 𝜅 = 10−6 m2 s−1 , 𝜌m = 3300 kg m−3 , and 𝜌w = 1000 kg m−3 , the subsidence rate is
predicted to be ∼355 m Myr−1∕2 for ΔT = 1300 K. This subsidence rate is close enough to the estimate of
Carlson and Johnson [1994] for the normal subsidence rate (345 ± 3 m Myr−1∕2 ), so theory and observations
seem to agree well. Even with this simple formula, however, the subsidence rate becomes ∼430 m Myr−1∕2 by
using 𝛼 = 3.5×10−5 K−1 , which is more compatible with mineral physics measurements, and using ΔT = 1350 K,
which is more consistent with the petrology of mid-ocean ridge basalts [Herzberg et al., 2007]. The eﬀect of
the spinel-to-garnet transition, which is not considered in equation (5), further increases the subsidence rate
by ∼80 m Myr−1∕2 as discussed above.
The case Fo90, in which the mantle is assumed to be made entirely of Fo90 olivine, is most similar to the model
of Grose and Afonso [2013], which also yields a predicted subsidence rate higher than the observed (around
390 m Myr−1∕2 ). The subsidence rate for the case Fo90 is slightly higher than this, reaching 410 m Myr−1∕2
after the ﬁrst 30 Myr (Figure 5d). As mentioned in section 2, Grose and Afonso [2013] adopted the plate model
and ﬁxed the model temperature at a relatively shallow depth (∼100 km). Even if we restrict ourselves for the
early evolution of oceanic lithosphere, the inﬂuence of this bottom boundary condition is not entirely absent.
As one can see most clearly in Figure 4c, the cooling front reaches to the depth of 100 km only after 30 Myr. The
use of the plate model is therefore the likely source of this small discrepancy between the case Fo90 and the
model of Grose and Afonso [2013]. In addition to using the plate model, which helps to explain the subsidence
of old seaﬂoor, Grose and Afonso [2013] reduced thermal expansivity to ﬁt the subsidence of young seaﬂoor.
We do not adopt the plate model as it hinders our eﬀort to understand seaﬂoor subsidence in a dynamically
meaningful manner [Korenaga, 2015], and by the same token, we would like to identify physically plausible
mechanisms that can explain the discrepancy between the predicted and observed subsidence rates. This will
be discussed in the next section.
3.3. Other Mechanisms That May Contribute to Subsidence Rates
It is known that thermal contraction cannot take place freely when viscosity depends strongly on temperature
[Korenaga, 2007a]. Full thermal contraction can be achieved only at the limit of complete viscous relaxation,
the approach to which is prevented when viscosity becomes too high at low temperatures. This incomplete
viscous relaxation also generates high thermal stress, which leads to the pervasive thermal cracking of oceanic
lithosphere [Korenaga, 2007b]; this situation is akin to cracking hot glassware with cold water. The consequence of incomplete viscous relation and thermal cracking can be expressed collectively as eﬀective thermal
expansivity, and with the typical activation energy for the viscosity of olivine aggregates (∼300–500 kJ mol−1
[e.g., Hirth and Kohlstedt, 2003]), the eﬀective thermal expansivity of oceanic lithosphere can be reduced by
up to ∼20% [Korenaga, 2007a]. The eﬀect of incomplete viscous relaxation is applicable only to the thermal contraction part of subsidence, and with the maximum 20% reduction in thermal expansivity, the total
subsidence, including the eﬀect of phase transition, could be reduced only down to ∼416 m Myr−1∕2 , which
is still ∼30% higher than the observed rate.
Seaﬂoor subsidence can also be aﬀected by a slight temperature gradient in the convecting mantle produced
by radiogenic heat production [Korenaga, 2015]. The amount of heat-producing elements such as U and
Th in the convecting mantle is very small, with the estimate of their total heat production being on the order
of 1-3×10−12 W kg−1 (equivalent to 4–12 TW for the entire mantle) [Jochum et al., 1983; Korenaga, 2008], which
would lead to only <10 K increase over 100 Myr. Still, as opposed to more random ﬂuctuations in the mantle
temperature, a systematic temperature trend created by internal heat generation results in age-dependent
dynamic topography, which in turn aﬀects the global subsidence rate. This eﬀect can be ampliﬁed further
by the secular cooling of the mantle, which is estimated to be ∼100 K Gyr−1 over the Phanerozoic [Herzberg
et al., 2010]. The combined inﬂuence of internal heating and secular cooling is quantiﬁed through the
ﬂuid-dynamical calculation of surface topography (Appendix C). Surface topography is sensitive to the mantle
viscosity structure, and representative results are summarized in Figures 6a and 6b. The total internal heating
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Figure 6. (a) Three viscosity proﬁles used for the calculation of surface topography. Case 1 (green): Purely temperaturedependent viscosity, i.e., without intrinsic viscosity change with depth. Case 2 (red): Similar to case 1 but with thirtyfold
increase for the lower mantle. Case 3 (blue): More complicated depth dependency resembling the model of Mitrovica
and Forte [2004]. Line colors used in Figures 6b–6d correspond to these viscosity proﬁles. (b) Change in subsidence rate
caused by a horizontal temperature gradient produced by internal heat production, with three diﬀerent secular cooling
rates: 0 K Gyr−1 (dashed), 100 K Gyr−1 (solid), and 200 K Gyr−1 (dotted). (c) Surface topography kernel at the horizontal
wavelength of 12000 km (solid) and 6000 km (dotted). (d) Subsidence rate prediction as a function of internal heat
production, with complete viscous relaxation (dashed) and with incomplete relaxation and thermal cracking (solid).
Gray horizontal shading denotes the range of estimated global subsidence rate (323 to 336 m Myr−1∕2 , depending
on the deﬁnition of normal seaﬂoor [Korenaga and Korenaga, 2008]), and pink vertical shading represents geochemical
constraints on internal heat production in the convecting mantle (8.5 ± 5.5 TW [Korenaga, 2008]).

of 10 TW with the secular cooling rate of 100 K Gyr−1 , for example, can reduce the subsidence rate by ∼20%.
The sensitivity of seaﬂoor subsidence to the minute temperature variation in the deep convecting mantle may
be best appreciated by the surface topography kernel [Parsons and Daly, 1983] (Figure 6c). Density anomalies at diﬀerent depths contribute diﬀerently to surface topography, usually with greater contributions from
shallower anomalies. Isostasy with an arbitrary depth of compensation (typically set to 200–300 km) is equivalent to assuming the topography kernel being unity above the compensation depth and zero below it, but
in reality, the topography kernel has more gradual depth dependency, and deep density anomalies can still
aﬀect surface topography. Figure 6c indicates that at ocean-wide spatial scales, density variations even at
the depth of 2000 km can have a nontrivial eﬀect on surface topography. The eﬀects of internal heating and
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secular cooling on subsidence rate are entirely independent from that of reduced thermal expansivity, and
their combined eﬀect is shown in Figure 6d. Neither eﬀect alone is suﬃcient to explain the observed subsidence rate, and their combination seems essential to comply with geochemical constraints on the amount of
heat-producing elements in the convecting mantle.

4. Conclusion and Outlook
Our integrated geophysical and petrological modeling represents by far the most complete treatment of
the evolution of young oceanic lithosphere. The use of potential density allows us to correctly interpret the
dynamical meaning of the resulting density structure, and oceanic lithosphere is shown to become negatively buoyant with respect to the underlying asthenosphere after ∼30 Myr. The buoyancy criterion for the
initiation of subduction is thus resurrected, helping to demystify the dynamics of plate tectonics. As the operation of plate tectonics is commonly believed to be vital for planetary habitability [Kasting and Catling, 2003],
this clariﬁcation will be important also for the evolution of exoplanets [Valencia et al., 2007; Korenaga, 2013].
At the same time, our modeling suggests that the seaﬂoor subsidence is a phenomenon considerably more
involved than is usually thought. The observed subsidence rate is too low to be compatible with the thermal
expansivity of mantle minerals, and the situation is aggravated further by the spinel-to-garnet transition. It is
rather remarkable that by including all of often overlooked yet physically plausible eﬀects, i.e., incomplete viscous relaxation within oceanic plates, radiogenic heat production in the convecting mantle, and the secular
cooling of the Earth, the discrepancy between the theoretical prediction and the observation is just resolved.
As indicated in section 2.1, however, our implementation of relevant thermodynamics is not entirely
self-consistent because the thermal expansivity data used in the calibration of pMELTS are somewhat outdated and are not appropriate for the purpose of calculating isostasy; isostasy reﬂects integrated mass
anomalies, and small deviations can add up to a substantial diﬀerence. Therefore, it will be important to
test the robustness of our conclusions by comparing results with diﬀerent thermodynamic implementations
[e.g., Holland and Powell, 1998; Stixrude and Lithgow-Bertelloni, 2005, 2011].
This study concerns only the present-day situation, and its application to the past conditions remains to be
seen. Hotter mantle and more radiogenic heating in the past should have increased, respectively, the extent
of chemical buoyancy and the magnitude of dynamic topography. Such consideration will be indispensable
when considering the likelihood of plate tectonics, along with its inﬂuence on surface environment via sea
level changes, throughout the Earth history. We have adopted one particular source mantle composition
in this study, but testing diﬀerent composition models [e.g., Hart and Zindler, 1986; Palme and O’Neill, 2003;
Lyubetskaya and Korenaga, 2007] is warranted when assessing the eﬀect of elevated mantle temperature.

Appendix A: Potential Density
Potential density is widely used in oceanography and atmospheric science but much less so in solid earth
sciences. The potential density of a material is a hypothetical density that the material would acquire if isentropically brought to a reference pressure. The use of potential density is essential when considering density
stratiﬁcation in a compressible medium. When a material is isentropically brought down to a greater depth,
for example, its temperature and density both increase, so when comparing densities at diﬀerent depths, we
always need to take into account this density variation along an adiabat, and potential density is used for
this purpose. As seen in Figure A1, the choice of reference pressure is important for potential density. If we
choose the surface pressure as a reference, as usually done for potential temperature [e.g., McKenzie and Bickle,
1988], garnet and spinel in the undepleted asthenospheric mantle would transform to plagioclase, making
the undepleted mantle more buoyant than the depleted one that has exhausted those aluminum-bearing
phases by melting. Because we are interested in whether the shallow depleted mantle can become denser
than the asthenosphere so that it can sink deeper, it is better to take a reference pressure somewhere below
major phase transitions. We use the reference pressure of 4 GPa in this study and denote the corresponding
potential temperature and density as Tp4 and 𝜌p4 , respectively.
Some may ﬁnd it diﬃcult to understand why the choice of the reference pressure matters, but this is because
the mantle can melt as well as undergo solid phase transitions during isentropic decompression. Following
the convention for potential temperature in igneous petrology, we suppress melting along isentropic paths
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Figure A1. The concept of potential temperature and density. In all panels, thick curves denote either (a and c) in situ
temperature or (b and d) in situ density for the mantle beneath a mid-ocean ridge with the potential temperature of
1623 K (1350∘ C). The in situ temperature proﬁle reﬂects cooling due to isentropic decompression as well as the release
of latent heat of fusion. In Figures A1a and A1b, dashed curves show how temperature and density vary with isentropic
decompression (upgoing) and compression (downgoing). As with the convention for potential temperature, melting is
suppressed during those isentropic paths, though solid phase transitions still take place; a kink in the density proﬁle at
∼2 GPa is caused by the spinel-to-garnet transition. In Figure A1c, dashed curves show the potential temperature
referenced at the surface (blue) and at 4 GPa (red). Potential density is shown in Figure A1d in a similar manner. The
eﬀect of melt depletion on mantle density is best seen in the proﬁle of 𝜌p4 . With the potential temperature of 1623 K,
melting starts at ∼2 GPa, but its eﬀect on mantle density becomes notable only for <1 GPa. These temperature and
density proﬁles are taken directly from pMELTS simulations, so isentropic thermal gradients are slightly too large to be
compatible with more recent compilations of thermodynamic data (see section 2.1).

but still allow solid phase transitions, and we need to choose the reference pressure for it to be useful for our
discussion. Even when a material under consideration does not experience phase transition of any kind, the
choice of the reference pressure can be important, and this is in fact the case in oceanography, because of
the complicated and nonlinear equation of state for sea water [e.g., Pond and Pickard, 1983]. In oceanography,
therefore, it is necessary to evaluate a local stability as a function of depth. Such a comprehensive approach
is not demanded in our case, because we are primarily interested in knowing whether the lithosphere is
denser than the underlying asthenosphere, when the lithosphere is brought down to the same depth of the
asthenosphere. As long as we move downward along isentropic paths (i.e., isentropic compression), no further melting would take place even if we do not suppress melting, so the potential density deﬁned at 4 GPa
can directly be used to assess the subductability of lithosphere.
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Figure B1. (a) Thermal isostasy as vertical thermal contraction. Density is described here as a function of Zi , which is the
Lagrangian coordinate in the vertical direction, and time t. The amount of subsidence and the depth of compensation
are denoted by w and zc , respectively. (b) Eﬀect of water on isostatic adjustment. Extra subsidence of Δw displaces the
depth of compensation to zc′ .

Appendix B: Thermal Isostasy With a Compressible Medium
Whereas thermal isostasy is a well-known concept [e.g., Turcotte and Schubert, 1982], it is diﬃcult to ﬁnd in
the literature its correct formula when a material is compressible, so we will derive it in the following.
The problem of thermal isostasy may be understood simply as thermal contraction in the vertical direction,
and the situation is the simplest when the overlying medium is air, the density of which can be neglected
(Figure B1a). Using the Lagrangian coordinate Z , which shrinks with contraction, the total subsidence w at
time t may be expressed as
)
∞(
𝜌(Z ′ , 0)
dZ ′ ,
w=
(B1)
1−
∫0
𝜌(Z ′ , t)
where the original coordinate at t = 0 is assumed in the integration. The original density 𝜌(Z ′ , 0) can vary with
depth, so this formulation is suﬃciently general to handle a compressible medium. The upper limit of the
integral is ∞, but in reality, 𝜌(Z ′ , t) = 𝜌(Z ′ , 0) at suﬃciently great depths where cooling has not reached, and the
depth of compensation may be placed at the minimum depth where such equality holds.
In case that densities before and after thermal contraction are both constant as 𝜌m and 𝜌L , respectively, and
the length of the contracted column is L, the above equation is reduced to
(
)
𝜌
w = 1 − m (L + w),
(B2)
𝜌L
which is equivalent to the familiar form of isostatic balance:
𝜌m g(L + w) = 𝜌L gL,

(B3)

where g is gravitational acceleration.
KORENAGA AND KORENAGA

EVOLUTION OF YOUNG OCEANIC LITHOSPHERE

6328

Journal of Geophysical Research: Solid Earth

10.1002/2016JB013395

Figure B2. (a) Temporal variation of 𝜌B in equation (B5). Line legend is the same as in Figure 4. (b) Fractions of subsidence
due to thermal contraction and phase transitions, based the two cases of + crust + krad and no phase change.

When the overlying medium is sea water, an extra amount of subsidence, Δw, is necessary to achieve an
isostatic balance (Figure B1b),
𝜌B gΔw = 𝜌w g(w + Δw),

(B4)

where 𝜌B is the density at the depth of compensation (i.e., the minimum depth where 𝜌(Z ′ , t) = 𝜌(Z ′ , 0) is
achieved), and 𝜌w is the density of sea water (1030 kg m−3 ). By combining equations (B1) and (B4), we have
)
∞(
𝜌B
𝜌(Z ′ , 0)
dZ ′ .
w + Δw =
(B5)
1−
𝜌B − 𝜌w ∫ 0
𝜌(Z ′ , t)
The above equation is identical to the isostasy formula derived by Grose and Afonso [2013] except that instead
of 𝜌B , they use 𝜌b , which is the average density of the initial mantle column (reported as ∼3200 kg m−3 in Grose
and Afonso [2013]). It should be clear from the above derivation, however, that 𝜌B must be used. The temporal
variation of 𝜌B is shown in Figure B2a, and it can be seen that 𝜌B is in general substantially higher than 𝜌b , so
the use of the correct isostasy formula, i.e., equation (B5), yields smaller seaﬂoor subsidence.

Appendix C: Calculation of Surface Topography
The eﬀect of radiogenic heat production on seaﬂoor subsidence is quantiﬁed in a manner similar to the work
of Korenaga [2015] with a few modiﬁcations as described below. First, because we are concerned only with the
half-space cooling phase of lithospheric evolution, thermal evolution can be calculated analytically without
considering the possibility of convective instability. We use the following analytical solution for instantaneous
cooling with uniform heating [Carslaw and Jaeger, 1959]:
(
)
√
( ∗2 )
(
)
t∗
z
z∗
1
1
∗ ∗
exp
− ∗ − H∗ z∗2 ,
+
H
T ∗ (t∗ , z∗ ) = T0∗ + H∗ t∗ + H∗ z∗2 erf
z
(C1)
√
2
𝜋
4t
2
∗
2 t
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where asterisks denote nondimensionalization, T is temperature, t is time, z is depth, T0 is initial temperature,
and H is internal heat production. Because we use the Boussinesq approximation [Schubert et al., 2001] to
solve ﬂuid ﬂow, the above temperature corresponds to potential temperature (referenced at the surface), and
T0 is constant at all depths. Temperature is normalized by the temperature scale ΔT , which is the diﬀerence
between the surface temperature and the present-day potential temperature of the average mantle (1350 K).
Depth is normalized by the whole mantle depth (2890 km), and time is normalized by the diﬀusion time
scale, D2 ∕𝜅 , where 𝜅 is thermal diﬀusivity (10−6 m2 s−1 ). Heat production is normalized by kΔT∕(𝜌0 D2 ), where
k and 𝜌0 are thermal conductivity and average mantle density (4400 kg m−3 ), respectively. The exact value
√
of k will be determined by dimensionalizing the predicted heat ﬂow with the observed heat ﬂow (550/ t,
where t is age in Myr and heat ﬂow is in mW m−2 [Korenaga and Korenaga, 2008]). The analytical solution of
surface heat ﬂow is
√
T0∗
t∗
∗ ∗
∗
,
q (t ) = √
+ 2H
(C2)
𝜋
𝜋t∗
in which heat ﬂow is scaled by kΔT∕D. Once k is found, internal heat production can be dimensionalized [see
Korenaga, 2015, equation (13)].
The use of the above thermal structure for the entire domain of the suboceanic mantle is obviously rather too
simplistic. In the real mantle, slight thermal anomalies produced by radiogenic heating are expected to be
disturbed to some extent by convective currents. Modeling the eﬀect of such convective currents, however,
is beyond the scope of this study and is also subject to large uncertainties, because it is still diﬃcult to resolve
present-day ﬂow patterns in the deep mantle. What we are trying to quantify is the overall eﬀect of radiogenic
heating in the age-depth systematics of seaﬂoor, and our modeling eﬀort is adequate for this purpose.
Second, the initial temperature T0∗ is set to unity in Korenaga [2015], which corresponds to the limiting case of
no secular cooling of the mantle. We explore the eﬀect of secular cooling by increasing T0∗ with t∗ accordingly
to a chosen cooling rate. This would act to reduce the subsidence rate because older parts of the lithosphere would have cooled less eﬃciently as they formed above a hotter mantle. Strictly speaking, the amount
of radiogenic heating also changes slightly because of radioactive decay, but such change is of negligible
inﬂuence for the duration of 100 Myr.
As in Korenaga [2015], we use T ∗ (t∗ , z∗ ) to construct a two-dimensional thermal structure T ∗ (x ∗ , z∗ ); the duration of 100 Myr is mapped to the horizontal extent of 6000 km, which is equivalent to assuming the plate
velocity of 6 cm yr−1 . We then calculate instantaneous Stokes ﬂow and use the vertical normal stress to calculate surface topography [e.g., Davies, 1988]. The eﬀect of internal heating H∗ on seaﬂoor subsidence can
be extracted by comparing with the reference case of H∗ = 0. For Stokes ﬂow calculation, Korenaga [2015]
used purely temperature-dependent viscosity, but the third and last modiﬁcation in this study is that we
consider depth dependency as well (Figure 6a). For the temperature dependency of viscosity, we use the
Frank-Kamenetskii parameter of 20, which is equivalent to the activation energy of ∼300 kJ mol−1 .
Whereas Stokes ﬂow and thus surface topography are calculated with viscosity variations in both vertical and
horizontal direction, using the ﬁnite element method, the topography kernels shown in Figure 6c are calculated using purely depth-dependent viscosity in which the eﬀect of temperature-dependent viscosity is
approximated by the high-viscosity lid (for the depth less than 100 km). The concept of topography kernel
is valid only when viscosity variations are limited to the vertical direction [Parsons and Daly, 1983], and topographic kernels are calculated, using the propagator matrix method [Hager and O’Connell, 1981], solely for the
purpose of interpretation in this study.
The surface topography calculated in the above is all thermal origin, so the reduction in subsidence rate
caused by internal heating is only applicable to the thermal contraction part of the total subsidence (fthermal
in Figure B2). In Figure 6d, therefore, the eﬀects of incomplete viscous relaxation and internal heating on
subsidence rate, s, are taken into account as
s = s0 fphase + s0 fthermal (1 − rc − rH ),

(C3)

where s0 is the total subsidence rate before any correction (∼500 m Myr−1∕2 ), fphase , and fthermal are the fractions
of subsidence due to solid phase transitions (0.16) and thermal contractions (0.84), respectively, and rc and
rH denote relative reduction due to, respectively, thermal cracking (up to 0.2 [Korenaga, 2007a]) and internal
heating (e.g., ∼0.2 for 10 TW with the secular cooling of 100 K Gyr−1 , Figure 6b).
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