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We present a coupled atmosphere–mantle evolution model to investigate a possible connection
between the present-day atmospheric budget of radiogenic xenon and the evolution of subsolidus
mantle convection since the Hadean. Two different types of heat-ﬂow scaling for mantle convection are
tested; whereas a conventional scaling predicts more vigorous convection in the hotter past, a recent
one predicts more sluggish dynamics. Extensive degassing expected for a putative magma ocean in the
very early Earth as well as considerable atmospheric loss caused by an early intensive solar wind are
taken into account by using an effective closure time. The success of modeling results is measured by
how closely they can reproduce the present-day abundances of 129Xen and 136Xen in the atmosphere.
The conventional scaling demands the present-day mantle to be highly radioactive, which in turn
indicates a high initial abundance of 244Pu, and because the mantle is very efﬁciently processed with
this scaling, a large amount of plutogenic 136Xen is predicted to have been degassed into the
atmosphere. Various parameter uncertainties are explored by Monte Carlo sampling, and our modeling
results suggest that the use of the conventional scaling leads to 4 300% overprediction of the
atmospheric 136Xen budget, whereas we can satisfy the xenon budget more easily with the recent
scaling.
& 2012 Elsevier B.V. All rights reserved.
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1. Introduction
Earth’s atmosphere is mostly a product of volcanic degassing
from the solid Earth (e.g., Pepin, 2006). The rate of volcanic
degassing is controlled by the rate of mantle melting, which is
in turn related to the vigor of mantle convection. The evolution of
the atmosphere has thus a close connection to the thermal
evolution of the mantle, and a number of previous studies have
investigated this connection (e.g., Hamano and Ozima, 1978;
Sleep, 1979; Allegre et al., 1987; Williams and Pan, 1992; Tajika
and Matsui, 1993; Albare de, 1998; Porcelli and Turekian, 2003;
Coltice et al., 2009).
A conventional view on the long-term evolution of mantle
convection has been that the mantle was convecting more
vigorously when it was hotter than present (e.g., Schubert et al.,
1980; Davies, 1980; Schubert et al., 2001), though this view is also
known to be incompatible with the present-day thermal budget
of Earth (e.g., Christensen, 1985; Lyubetskaya and Korenaga,
2007b). During the last decade, a new scaling of mantle convection, which takes into account the effects of chemical differentiation on mantle rheology, has been developed and shown to be
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able to explain the thermal evolution of Earth and its present-day
thermal budget simultaneously (Korenaga, 2003, 2006). The new
scaling suggests that mantle convection may have been more
sluggish in the past because a greater degree of melting in a
hotter mantle would make the mantle stiffer by more pervasive
dehydration, and this notion of more sluggish convection in the
past has been suggested to be consistent with available geological
and petrological data (e.g., Bradley, 2008; Herzberg et al., 2010).
This new view on the evolution of mantle convection is
radically different from the conventional one, so it is important
to explore its implications for atmospheric evolution. The main
purpose of this paper is therefore to compare the old and new
scalings of mantle convection in terms of their predictions for the
degassing history of Earth. We focus on xenon degassing for the
following reasons. First, xenon is one of noble gases and thus
chemically inert, so modeling its degassing is relatively straightforward. Being the heaviest noble gas, degassed xenon would
forever stay in the atmosphere except during the very early phase
of the solar system with an intense solar wind. In contrast, helium
would escape into space with  1 Myr residence time in the
atmosphere. Second, some xenon isotopes are radiogenic with
their parent isotopes inside the solid Earth, helping us to constrain the temporal evolution of the coupled atmosphere–mantle
system. Finally, the degassing of xenon can safely be assumed
to coincide with surface magmatism. Argon, another noble gas
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frequently used in the modeling of atmospheric evolution, may be
chemically compatible with basaltic magma according to a recent
experimental study (Watson et al., 2007), so modeling the degassing of argon requires greater care than previously given.
This paper is organized as follows. In the next section, we
describe our theoretical formulation, in particular, how to combine the thermal evolution of the mantle with its chemical
consequences in a self-consistent manner. Some model parameters suffer from nontrivial uncertainty, so after explaining
typical model behavior with solution examples, we present
results based on Monte Carlo sampling. Finally, we discuss
previous studies on the coupled atmosphere–mantle evolution
in light of our ﬁnding.
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2.1. Thermal evolution of Earth
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The thermal evolution of Earth is tracked backward in time
from the present day, by integrating the following global energy
balance (Christensen, 1985):

100

dT p ðtÞ
¼ HðtÞQ ðtÞ,
dt

ð1Þ

where C is the heat capacity of the entire Earth ð  7  1027 J K1 Þ,
Tp is the mantle potential temperature (a hypothetical temperature of the mantle adiabatically brought up to the surface without
melting), t is the time, H is the internal heat production in the
mantle, and Q is the surface heat ﬂux by mantle convection. The
present-day potential temperature T p ðt p Þ is assumed to be
1350 1C (Herzberg et al., 2007). In this formulation, core heat ﬂux
is assumed to be proportional to the secular cooling of the mantle
(Korenaga, 2008b, Section 3.5); the details of core evolution have
only second-order effects on mantle evolution (Korenaga, 2008a).
Mantle heat production at the present day, Hm ðt p Þ, is the
difference between the heat production of the bulk silicate Earth
(BSE), 1673 TW (Lyubetskaya and Korenaga, 2007b), and that of
continental crust, 7.572.5 TW (Rudnick and Gao, 2003), i.e.,
Hm ðt p Þ ¼ 16Hcc ðt p Þ þ3e1

½TW,
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Fig. 1. (a) Two end-member models of continental growth used in this study:
Armstrong (1981) (solid) and McLennan and Taylor (1982) (dotted). (b) Heat-ﬂow
scaling for mantle convection: Conventional (gray) and new (solid). Both are
normalized here with the assumption of the present-day mantle heat ﬂux of
36 TW at Tp of 13 500 1C. See Korenaga (2006) for the details of their derivations.

ð2Þ

where Hcc ðt p Þ is the present-day heat production in the continental crust,

production, i.e.,

Hcc ðt p Þ ¼ 7:5þ 2:5e2

where e3 is another random variable with zero mean and unit
standard deviation. The use of different random variables, e13 , is
to signify that the uncertainties of these observations are uncorrelated to each other. As in previous parameterized convection
models, mantle heat ﬂux in the past is modeled as a function of
mantle potential temperature, and we consider both conventional
and new scaling laws (Fig. 1b). In either case, a given scaling law
is normalized so that it yields Q ðt p Þ as deﬁned above for T p ðt p Þ of
1350 1C. For the new type of heat-ﬂow scaling, a more reﬁned
approach has recently been developed (Korenaga, 2011), but for
comparing the old and new scalings, this simpliﬁed approach is
sufﬁcient. The relative importance of mantle heat production over
mantle heat ﬂux may be quantiﬁed by the convective Urey ratio,
which is deﬁned as

½TW,

ð3Þ

and ei ’s are independent random variables with zero mean and
unit standard deviation. Backtracking their values in the past is
done by considering the radioactive decay of four heat-producing
isotopes (238U, 235U, 232Th, and 40K) as in Korenaga (2006), except
that we use Th/U¼4 and K/U¼ 1.27  104 for both mantle and
continental crust for simplicity. Mantle heat production through
time may then be calculated by considering the effect of continental growth as
HðtÞ ¼ Hm ðtÞ þ ½1F cc ðtÞHcc ðtÞ,

ð4Þ

where Fcc is the mass fraction of continental crust with respect to
the present-day value. Continental growth in the early Earth is
still highly debated (e.g., Hawkesworth and Kemp, 2006;
Harrison, 2009), so a range of possibilities spanning from the
instantaneous growth model of Armstrong (1981), F Acc ðtÞ, to the
gradual growth model of McLennan and Taylor (1982), F MT
cc ðtÞ, is
explored by randomizing a growth curve as
F cc ðtÞ ¼ f mix F Acc ðtÞ þ ð1f mix ÞF MT
cc ðtÞ,

ð5Þ

where f mix is a random variable ranging from 0 to 1 (Fig. 1a).
The present-day mantle heat ﬂux is the total terrestrial heat
ﬂux, 4673 TW (Jaupart et al., 2007), minus the continental heat

Q ðt p Þ ¼ 46Hcc ðt p Þ þ 3e3 ½TW,

UrðtÞ ¼ HðtÞ=Q ðtÞ:

ð6Þ

ð7Þ

Based p
onﬃﬃﬃﬃ a relation between surface heat ﬂux and plate velocity,
Q pT p V (Turcotte and Schubert, 1982), average plate velocity
may be calculated from mantle heat ﬂux as


Q ðtÞ T p ðt p Þ 2
VðtÞ ¼ Vðt p Þ
,
ð8Þ
Q ðt p Þ T p ðtÞ
with the present-day velocity of 5 cm yr  1 (Parsons, 1981).

Author's personal copy
C.M. Padhi et al. / Earth and Planetary Science Letters 341–344 (2012) 1–9

An example for thermal evolution with the new scaling is
shown in Fig. 2 (solid curves), for which Hm ðt p Þ ¼ 9:1 TW, Hcc ðt p Þ
¼ 5:4 TW, Q ðt p Þ ¼ 38:4 TW, and f mix ¼ 0:56 are used. The corresponding present-day Urey ratio is  0:24, and the present-day
BSE U concentration is 14.5 ppb. The reconstructed thermal
history is concave downward, with a maximum at  3:5 Ga
(Fig. 2a), because mantle heat production exceeds mantle heat
ﬂux prior to  3:5 Ga (Fig. 2b). This crossover between heat
production and heat loss is made possible by more reduced heat
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ﬂux for hotter mantle, and the effect of this new heat-ﬂow scaling
is also reﬂected in the evolution of average plate velocity (Fig. 2c).
With the new heat-ﬂow scaling, it is always possible to
reconstruct a geologically reasonable thermal history, similar to
the one shown in Fig. 2, for any realization of the four random
variables (e13 and f mix ). With the conventional scaling, however,
one cannot avoid an unrealistic, divergent history called ‘thermal
catastrophe’ (Christensen, 1985) unless the mantle heat production Hm ðt p Þ is considerably higher than speciﬁed by geochemical
constraints (Eq. (2)). When we use the conventional scaling,
therefore, we ﬁrst sample Hcc ðt p Þ, Q ðt p Þ, and f mix as in the
case with the new scaling, and then seek by trial and error for
an appropriate value of Hm ðt p Þ, which allows us to keep the
potential temperature below 2500 1C throughout the Earth history. One example is shown in Fig. 2 (gray curves), for which
Hm ðt p Þ ¼ 30:9 TW, Hcc ðt p Þ ¼ 5:5 TW, Q ðt p Þ ¼ 40:4 TW, and f mix ¼
0:72 are used. The present-day Urey ratio is  0:77 and the
present-day BSE U concentration is 36.5 ppb in this case. The
reconstructed thermal history is concave upward (Fig. 2a), and
both mantle heat ﬂux and plate velocity are considerably higher
in the past than present (Fig. 2b,c). Thermal evolution with the
conventional scaling is highly sensitive to the Urey ratio, and only
a very narrow range of the present-day Urey ratio ð  0:75 70:05Þ
leads to geologically realistic solutions; slightly lower values give
rise to thermal catastrophe, whereas slightly higher values result
in a very cold initial mantle, e.g., T p ð4:56 GaÞ o T p ðt p Þ (cf.
Figure 4 of Korenaga (2008b)).
In general, high Urey-ratio models predict a very hot start,
whereas the low Urey-ratio models predict a relatively colder
start, at the beginning of subsolidus mantle convection, i.e., the
end of the crystallization of a putative magma ocean. These initial
temperatures therefore do not directly reﬂect the temperature of
the magma ocean during its main molten phase.

2.2. Xenon degassing
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Thermal evolution described in the previous section affects
how xenon could have degassed from the solid Earth in two
different ways. First, the rate of degassing is controlled by the rate
of mantle processing by magmatism, the temporal evolution of
which depends on the histories of mantle potential temperature
Tp(t) and plate velocity V(t). Second, the spontaneous ﬁssion of
238
U and 244Pu produces 136Xe, and the amount of xenon
produced by this process is proportional to the amount of these
parent isotopes. The thermal budget constrains the amount of
238
U directly and that of 244Pu indirectly through the isotopic
ratio 244Pu/238U.
The degassing of xenon related to 238U may be modeled as
follows. The amount of 238U in the mantle gradually decreases
with time by radioactive decay as well as transport to the
continental crust:
mantle

10

dN 238U ðtÞ
C cc
238U ðtÞ dM cc ðtÞ
¼ l238 N mantle
,
238U ðtÞ
dt
m238
dt
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Fig. 2. Sample solutions from thermal evolution modeling: (a) mantle potential
temperature Tp, (b) mantle heat production H (solid) and mantle heat ﬂux Q
(dashed), and (c) average plate velocity V, as a function of time before present.
Gray and black curves are, respectively, for the cases with the conventional and
new scalings.

ð9Þ

where Nmantle
is the number of 238U atoms in the mantle, l238 and
238U
m238 are the decay constant and atomic mass of 238U, respectively, Mcc is the mass of continental crust, C cc
238U is the concentration of 238U in the continental crust (as modeled when
calculating Hcc(t) for thermal evolution). The evolution of uranogenic 136Xe in the mantle and in the atmosphere may then be
modeled respectively as
mantle

dN 136Xen ðtÞ
U

dt

mantle
mantle
¼ l238 Y 136
238 N 238U ðtÞN 136Xen ðtÞ
U

dFðtÞ
,
dt

ð10Þ
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and
atm
dN 136Xen

ðtÞ
¼ Nmantle
136Xen ðtÞ

U

dt

U

dFðtÞ
,
dt

ð11Þ

136
where Y 136
Xe per one radioactive
238 is a probability of yielding
decay of 238U, and F is the mass fraction of the mantle processed
by magmatism. Xenon is assumed to degas completely when the
mantle is processed. The superscript n on 136Xe denotes its radiogenic nature. In this geochemical box model with a single mantle
reservoir, only one mantle composition can be handled, which is
equivalent to assuming that any processed mantle is always homogenized with the rest of the mantle. Because we will focus on the
present-day budget of atmospheric xenon, this simpliﬁed approach
is acceptable as long as the entire mantle is predicted to have been
processed at least once, which is indeed the case as shown later.
We consider two contributions to mantle processing. First, the
mantle is processed by the formation of oceanic crust at midocean ridges. The rate of mantle processing by this process may
be given by
!
oc
oc
dMproc ðtÞ
dM proc
VðtÞzi ðtÞ
,
ð12Þ
¼
Vðt p Þzi ðt p Þ
dt
dt

tp

where zi denotes the initial depth of melting, which is controlled
by mantle potential temperature as (Takahashi and Kushiro,
1983; Korenaga et al., 2002):

rm gzi ðtÞ ¼

T p ðtÞ1150
120  109 ðdT=dPÞS

:

ð13Þ

Here rm is mantle density (3300 kg m  3), g is gravitational
acceleration (9.8 m s  2), and ðdT=dPÞS is an adiabatic gradient in
the shallow mantle. The present-day processing rate at mid-ocean
ridges is estimated to be 6.7  1014 kg yr  1 (Korenaga, 2006),
which is based on Vðt p Þ, zi ðt p Þ, and the total length of divergent
plate boundaries. The use of Eq. (12) does not readily imply that
plate boundaries are assumed to be time-independent. Our
velocity estimate with Eq. (8) assumes that the average aspect
ratio of mantle convection cells is constant through time, and if
plate sizes are smaller in the past, for example, predicted velocity
has to become smaller than Eq. (8) indicates, in order to be
consistent with heat-ﬂow scaling. Thus, even a greater total ridge
length (due to generally smaller plates) in the past does not lead
to a notable deviation from what Eq. (12) predicts because plate
velocity decreases at the same time. The model of mantle melting
assumed in Eq. (13) is the same as that used for the new heat-ﬂow
scaling shown in Fig. 2b. Second, the mantle can also be processed
for the formation of continental crust, and the rate of processing
may be estimated as
cc
dMproc ðtÞ

dt

¼

cc
Mmantle C 238U ðtÞ dMcc ðtÞ
,
mantle
dt
N238U ðtÞ m238

That is, we consider mantle processing by continental growth
only when mantle processing by mid-ocean ridge magmatism is
insufﬁcient to potentially explain the required mass transport to
continental crust. The history of mantle processing corresponding
to the examples in Fig. 2 is shown in Fig. 3. For the high Urey-ratio
model with the conventional heat-ﬂow scaling, the entire mantle
is processed by mid-ocean ridge magmatism by  10 times over
the Earth history, with half of its processing concentrated in the
ﬁrst  500 Myr (Fig. 3). In contrast, for the low Urey-ratio model
with the new scaling, the mantle is processed about only once,
and because mantle processing beneath mid-ocean ridges is more
reduced, the second term of Eq. (15) becomes nonzero (Fig. 3,
dashed).
The degassing of plutogenic 136Xe is modeled similarly, with
the initial amount of 244Pu calculated from 244Pu/238U¼0.0068 at
4.56 Ga (Hudson et al., 1989). The half life of 244Pu is only 82 Myr,
so its concentration in the mantle is controlled almost entirely by
its radioactive decay. In addition to 238U and 244Pu, we also model
the evolution of 129I, which decays to 129Xe with the half-life of
15.7 Myr, to increase the number of observational constraints.
The number of differential equations to be solved is therefore 9 in
total. Unlike thermal evolution modeling, we integrate these
equations forward in time, starting at t0 ¼4.56 Ga to present.
Key model parameters are summarized in Table 1.
Our modeling of xenon degassing formulated above depends
on thermal evolution modeling, which assumes the operation of
subsolidus mantle convection through the Earth history. In the
very early Earth, however, a completely different dynamical
regime may exist because of a putative magma ocean (e.g.,
Solomatov, 2007). Such an early epoch is also considered to be
characterized by an intense solar wind, which could have blown
away most of Earth’s primitive atmosphere (e.g., Pepin, 2006).
Also, we have set t0 to 4.56 Ga, and this time corresponds to the
beginning of the solar system (e.g., Halliday, 2003), not to the
beginning of the fully grown Earth. Considerable loss of noble
gases is expected during energetic planetary accretion processes.
We thus introduce the closure time, tc, to simulate these possibilities in the early solar system (e.g., Hamano and Ozima, 1978):
Prior to tc, we assume that all xenon produced in the mantle is
entirely degassed and lost directly into space without being
retained in the atmosphere.
Examples of xenon degassing corresponding to the two versions of thermal history (Fig. 2) are shown in Fig. 4. In both cases,
the closure time tc is chosen so that the prediction of the presentday amount of 129Xen in the atmosphere matches the observed
value of 1.7  1035 atoms or 2.8  1011 mole (Porcelli and
101
oceanic
(high Ur)

ð14Þ

where Mmantle is the mass of the mantle. As indicated by Eq. (9),
only the formation of continental crust affects the concentration
of 238U in the mantle, because the oceanic crust is assumed to be
recycled into the mantle by subduction, but for xenon degassing,
both types of crustal genesis are relevant. The genesis of continental crust, however, may not be entirely independent from
that of oceanic crust (e.g., Taylor and McLennan, 1995; Kelemen
et al., 2003). If continental crust is produced by the secondary
melting of oceanic crust, for example, the above consideration
would lead to an overestimation of total mantle processing. We
thus add these two contributions in the following way:
!!
oc
cc
oc
dM proc
dMproc dMproc
dF
1
¼
þ max

,0
:
ð15Þ
dt
M mantle
dt
dt
dt

Mprocessed/Mmantle

4

100
oceanic (low Ur)

10-1
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0

1
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3
Time [Gyr]

4

Fig. 3. Cumulative mass of processed mantle normalized by the mass of the whole
mantle, corresponding to the sample solutions shown in Fig. 2. Here time is
plotted starting from the beginning of the solar system (4.56 Ga) to the present.
Mantle processing is very efﬁcient for the high Urey-ratio model with the
conventional scaling.
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Table 1
List of key model constants for xenon degassing.
Parameter

Deﬁnition

Value

Unit

Reference

M mantle

Mass of the mantle

4:0  1024

kg

[1]

M cc

Mass of the present-day continental crust

kg

[1]

l238
l244
l129

Decay constant for 238U
Decay constant for 244Pu
Decay constant for 129I
Fission yield of 136Xe from

2:4  1022
0.155
8.453
44.15

Gyr  1
Gyr  1
Gyr  1

Y 136
238
Y 136
238
244

Fission yield of

ð129 I=127 IÞt0

129

ð

136

Xe from

238

U

3:43  108

[1]
[1]
[1]
[2]

244

Pu

7:0  105
0.00687 0.001

[3]

244

Pu/238U at 4.56 Ga

Pu=238 UÞt0

I/127I at 4.56 Ga
127

I in bulk silicate Earth

[2]
[4]

1:1  104
13

ppb

1:54  108

K Pa  1

[5]

1:7  1035

atoms

[4]

atoms

[4]

C BSE
127I

Concentration of

ðdT=dPÞS

Adiabatic gradient in the mantle

ðN atm
129Xen Þt p

Present-day atmospheric abundance of

129

Xen

ðN atm
136Xen Þt p

Present-day atmospheric abundance of

136

Xen

3:81  1034

[4]

References: 1. Lodders and Fegley (1998), 2. Ozima and Podosek (2002), 3. Hudson et al. (1989), 4. Porcelli and Turekian (2003), and 5. Korenaga et al. (2002).
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Fig. 4. Results for xenon degassing modeling corresponding to the thermal evolution models shown in Fig. 2. (a) The abundance of 129I in the mantle, (b) the abundance of
129
Xe in the mantle, (c) the relative abundance of 129Xen in the atmosphere normalized by the observed present-day value, (d) the abundance of 238U in the mantle, (e) the
abundance of uranogenic 136Xen in the mantle, (f) the relative abundance of uranogenic 136Xen in the atmosphere normalized by the observed value of 136Xen, (g) the
abundance of 244Pu in the mantle, (h) the abundance of plutogenic 136Xen in the mantle, and (i) the relative abundance of plutogenic 136Xen in the atmosphere normalized
by the observed value of 136Xen. As in Figs. 2 and 3, gray and black curves denote high and low Urey-ratio models, respectively.
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Turekian, 2003) (Fig. 4c). In these examples, the closure times are
108 Myr and 115 Myr, respectively, for the low and high Ureyratio models. Because of its short half-life, 129I in the mantle is
essentially depleted within the closure time, unaffected by subsequent mantle dynamics (Fig. 4a). The initial amount of 129I is
unrelated to the abundance of 238U or other heat-producing
isotopes and therefore the same for both low and high Urey-ratio
models, but the fate of its decay product 129Xen in the mantle is
quite different between these models (Fig. 4b). The closure time
has to be slightly greater for the high Urey-ratio model because of
its very efﬁcient mantle processing in the early Earth (Fig. 3);
otherwise the present-day atmospheric abundance of 129Xen
would be overpredicted.
Compared to the low Urey-ratio model with the new heat-ﬂow
scaling, the high Urey-ratio model has greater amounts of initial
238
U and 244Pu (Fig. 4d,g) and also processes the mantle more
efﬁciently (Fig. 4h,h), resulting in the a considerable amount of
136
Xen in the present-day atmosphere ( 4 3 times more than
required by observation; see Fig. 4f,i). If one increases tc to remove
this discrepancy, the predicted amount of 129Xen would then
become too small. The two versions of thermal evolution, therefore, lead to very different predictions for xenon degassing.

3. Results
Our overall strategy for the coupled thermal and chemical
evolution modeling is the following (Fig. 5). For each type of heatﬂow scaling, we explore the uncertainty of the present-day
thermal budget and that of continental growth by randomly
sampling four parameters e13 and f mix from their a priori ranges

(1b) Create a realization of
continental growth
by randomly drawing
fmix from [0,1]

(1a) Create a realization of
present-day thermal budget
by randomly drawing
ε1-ε3 from [-1,1]

(2) Reconstruct a thermal history
with given thermal budget and
continental growth from the present
to 4.56 Ga
Increase mantle
heat production

No

(3) Is max(Tp) < 2500 °C?
Yes

(4) Run xenon degassing model
with the closure time t c
(initially set to 110 Myr)

(5) Is present-day
atmospheric (129Xe*)N
equal to unity?

No

if >1, increase t c
if <1, decrease t c

Yes
(6) Measure present-day
atmospheric (136Xe*)N
Fig. 5. Flow chart of coupled atmosphere–mantle evolution modeling implemented in this study.

(½1; 1 and ½0; 1, respectively), though, as already discussed in
the previous section, the parameter e1 for mantle heat production
has to be considerably greater than unity in case of the conventional scaling. For each random realization of a thermal history,
we then seek a corresponding degassing history by adjusting the
closure time tc, so that the predicted atmospheric abundance of
129
Xen at present matches the observed value. With a binary
search algorithm, such a closure time can be found by several
iterations. With this approach, the present-day amount of 136Xen
in the atmosphere cannot be matched exactly, so a relative
deviation from the observed value is measured to quantify the
success of each model run. A key variable in the degassing part is
ð244 Pu=238 UÞt0 , which relates the thermal budget with the atmospheric xenon budget. This isotopic ratio is estimated to be
0.006870.001 (i.e.,  15% uncertainty), but this is based on a
single meteorite (Hudson et al., 1989), so the reported uncertainty
is better regarded as a minimum estimate (cf. Turner et al., 2007).
We explore the effect of this uncertainty by using three values of
ð244 Pu=238 UÞt0 , 0.0058, 0.0068, and 0.0078. Another source of
uncertainty is related to the iodine budget (e.g., Porcelli and
Turekian, 2003), but because the half-life of 129I is considerably
shorter than that of 244Pu, the uncertainty of the iodine budget
merely results in minor variations in the closure time and has
little impact on the predicted 136Xen budget.
For both types of heat-ﬂow scaling, we generate 103 Monte
Carlo realizations of thermal history, and for each realization of
thermal history, we obtained a corresponding degassing history
with three values of ð244 Pu=238 UÞt0 . The total number of simulated
degassing histories is therefore 6  103, and the results of these
simulations are summarized in Fig. 6. The conventional heat-ﬂow
scaling requires the present-day Urey ratio to be in the range of
0.7 to 0.8, and the concave-upward nature of predicted thermal
history (Fig. 2a) results in a wide spread of the maximum mantle
temperature, which corresponds to the beginning of the Earth
history, whereas the mantle temperature at 3 Ga is tightly
clustered around 1550 1C (Fig. 6a). With the new heat-ﬂow
scaling, a geologically reasonable thermal history can be constructed with much lower Urey ratios (  0:1 to  0:35), which
are consistent with the geochemical models of Earth composition
(e.g., McDonough and Sun, 1995; Lyubetskaya and Korenaga,
2007a). Because of concave-downward thermal evolution
(Fig. 2a), there is only small difference between the mantle
temperature at 3 Ga and the maximum temperature (Fig. 6a).
The closure time for the high Urey-ratio models is uniformly
115 Myr, whereas that for the low Urey-ratio models is distributed in a range of 106 to 112 Myr (Fig. 6b). Because the low Ureyratio models process the mantle more gradually (Fig. 3), the
present-day atmospheric 129Xen budget is sensitive to the entire
Earth history (Fig. 4c), including the details of continental growth.
This sensitivity results in the scatter in the closure time. As
mentioned in the previous section, the closure time has to be
greater for the high Urey-ratio models because mantle processing
is much more efﬁcient with the conventional scaling. Considering
the 15% uncertainty of the solar system initial, (244Pu/238U) at the
time of closure (106–115 Myr) is 0.002770.0005, which encompasses the previous estimate of 0.0026 (Ozima and Podosek, 2002,
p. 238).
With ð244 Pu=238 UÞt0 of 0.0058, the low Urey-ratio models can
correctly predict the present-day atmospheric budget of 136Xen,
and even with ð244 Pu=238 UÞt0 of 0.0078, it overpredicts only by
 50% (Fig. 6c). In contrast, the high Urey-ratio models overpredict the 136Xen budget by more than  300%. The ultimate
cause of this gross overprediction is the use of conventional
scaling. This scaling itself predicts very efﬁcient mantle processing when the mantle was hotter in the past, and it also requires
high Urey ratios, which lead to high initial abundances of 244Pu.
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Fig. 6. Summary of modeling results for coupled atmosphere–mantle evolution
based on 6  103 Monte Carlo realizations. (a) Maximum mantle temperature
(solid symbols) and mantle temperature at 3 Ga (gray symbols), (b) closure time tc,
and (c) the relative abundance of 136Xen in the present-day atmosphere normalized by the observed value (light gray, gray, and solid symbols are, respectively, for
the cases with ð244 Pu=238 UÞt0 of 0.0058, 0.0068, and 0.0078), shown as a function
of the present-day Urey ratio. Circles and crosses are for the cases with new and
conventional scalings, respectively.

4. Discussion and conclusion
Our formulation for thermal evolution and mantle degassing is
admittedly simplistic, but this intentional simplicity highlights
how different assumptions on heat-ﬂow scaling lead to different
geochemical consequences. The complete degassing of xenon
directly to space before the closure time tc, for example, may
not happen in reality, but we believe that the effects of magma
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ocean and intense solar wind in the very early Earth can be
captured approximately by this sort of effective closure time.
Also, the use of a particular heat-ﬂow scaling for the entire
subsequent history implies the operation of plate tectonics since
the Hadean, and this is a highly controversial topic (e.g., Condie
and Pease, 2008; Hopkins et al., 2010). Regardless of the details of
what actually happened, however, comparing both types of heatﬂow scaling allowed us to explore two contrasting early Earth
conditions, and we hope that a more realistic situation may be
bounded by these end-members.
What is important in our approach is (1) a self-consistent
combination of thermal evolution and xenon degassing and (2) a
proper pairing of model parameterization and observational
constraints. These issues may be best explained by comparing
our study with a recent study by Coltice et al. (2009), who also
studied the degassing of xenon by combining geochemical box
modeling with thermal evolution. First, Coltice et al. (2009)
explored a range of thermal histories from concave-upward to
concave-downward (see their Fig. 2), but they varied a thermal
history independently from the geochemical budget. As one may
understand from Fig. 2a, however, the curvature of a thermal
history is closely related to the thermal budget and heat-ﬂow
scaling. To have a concave-upward thermal history (or to keep a
relatively low rate of secular cooling during the last  2 Gyr), for
example, the present-day Urey ratio has to be sufﬁciently high,
which is equivalent to a high abundance of 238U and thus 244Pu.
This is a robust consequence of the global energy balance (Eq. (1)).
When exploring a range of thermal histories, therefore, the
geochemical budget has to be varied in a self-consistent manner.
Second, Coltice et al. (2009) judged the success of modeling
results based solely on predicted present-day values for
136
XenPu =136 XenU and 129Xen/136XenPu in the mantle, which have
been estimated to be 0.4–1.5 and 1–10, respectively, by Yokochi
and Marty (2005). These estimates are, however, model-dependent and based primarily on samples from one geographic
location (the Kola peninsula), so it is unclear how closely these
numbers may resemble the true mantle-average isotopic ratios.
Previous studies on xenon isotopes suggest that xenon presently
found in the upper mantle may not be a simple residue from the
degassing of the atmosphere (e.g., Ozima and Podosek, 2002;
Porcelli and Turekian, 2003), and the convecting mantle is
expected to be isotopically heterogeneous at a variety of scales
(e.g., Zindler and Hart, 1986). The geochemical box modeling of
Coltice et al. (2009) treats the whole mantle as one uniform
reservoir (as is done in this study), so in order to test its
prediction for mantle values, appropriate observational constraints have to mantle-average values, which are difﬁcult to
obtain for xenon isotopes. This is why we focus on the prediction
for atmospheric xenon in this study. As explained in Section 2.2,
treating the whole mantle as a homogenized reservoir is acceptable as long as the entire mantle is predicted to have been
processed by magmatism at least once, because we consider only
the present-day amount of the degassed component. The bulk
majority of atmospheric 136Xen originates in 244Pu, the short halflife of which means that the production of 136XenPu in the mantle
was complete in the ﬁrst few hundred million years (Fig. 4).
Because 238U has a much longer half-life, however, the evolution
of 136XenPu/136XenU at a given location in the mantle depends on the
detail of how the mantle has been processed and mixed in the
past. In contrast, the total amount of 136XenPu degassed into the
atmosphere depends simply on the efﬁciency of mantle processing. Evaluating the success of a given model, therefore, has to
take into account how the model is parameterized, to avoid
comparing apples and oranges.
We divided the Earth history into two phases by the closure
time, and complete degassing is assumed during the earlier phase.
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In fact, intense degassing from the very early Earth, followed by
more subdued degassing history, has been repeatedly suggested
by the studies of noble gases (e.g., Hamano and Ozima, 1978;
Allegre et al., 1987), so this is nothing new. What is new is the
realization that the subsequent more gradual degassing is incompatible with the conventional thermal evolution models, which
have a long tradition in geophysics. One may try to rescue the
conventional scaling by postulating layered-mantle convection to
suppress xenon degassing, but the kind of layered-mantle convection that can yield a geologically reasonable thermal history is
characterized by an enriched upper mantle and a depleted lower
mantle (Spohn and Schubert, 1982; Honda, 1995), which is
entirely opposite to what is commonly favored in geochemistry
(e.g., Allegre et al., 1996; Albarede and van der Hilst, 2002) and
does not reduce xenon degassing at all. Layered-mantle models
thus have to be more convoluted than usually thought, in order to
satisfy both geophysical and geochemical constraints. The notion
of more sluggish plate tectonics, as suggested by the new heatﬂow scaling, predicts inefﬁcient mantle processing, and in terms
of bulk Earth predictions, it may be equivalent to conventional
layered-mantle models with an enriched, more sluggish lower
mantle. It would be interesting to elaborate the geochemical part to
have more than one mantle reservoir so that we can evaluate the
effect of mantle mixing (e.g., Kellogg et al., 2007; Gonnermann and
Mukhopadhyay, 2009). Also, our approach of coupling thermal and
chemical evolutions can be in principle extended to include other
noble gases, and such simultaneous modeling of noble gases (e.g.,
Porcelli and Wasserburg, 1995b, 1995a) would be essential to
address the evolution of Earth’s atmosphere in a more comprehensive manner. When doing so, it will become important to consider
factors other than degassing, such as contributions from late
veneers, in order to resolve the missing xenon problem (Ozima
and Podosek, 1999; Dauphas, 2003; Pepin, 2006).
In this regard, it would be interesting to point out a close
connection between this study and the studies of Sleep (1979)
and Tajika and Matsui (1993), who investigated how the degassing of 40Ar may constrain the thermal evolution of Earth. Both of
these studies concluded that in order to satisfy both the mantle
budget of 40K (the parent isotope of 40Ar) and the atmospheric
budget of 40Ar, the past intensity of mantle convection and thus
its processing should have been similar to the present-day level,
which is essentially identical to our conclusion in this study.
A more popular interpretation of the atmospheric argon is,
however, that mantle processing has been insufﬁcient because
of the layered mantle (e.g., Allegre et al., 1996), though such
layered mantle does not produce a physically viable thermal
evolution as already mentioned. The interpretation of the atmospheric argon has recently been complicated by the experimental
work of Watson et al. (2007), who suggest that argon does not
degas by mid-ocean-ridge magmatism, though this experimental
study needs further veriﬁcation (e.g., Cassata et al., 2011). If argon
were incompatible with basaltic melt as traditionally thought, the
overall consistency of our study with Sleep (1979) and Tajika and
Matsui (1993) would strengthen our conclusion on the evolution
of mantle convection.
The possibility of more sluggish plate tectonics in the past was
originally raised to reconcile the physical evolution of Earth with
geochemical constraints on the present-day thermal budget
(Korenaga, 2003). It has since been shown that the geological
record of ancient passive margins is consistent with reduced plate
velocity in the past (Bradley, 2008) and that the petrological
reconstruction of mantle potential temperature up to  3:5 Ga
indicates a concave-downward thermal history (Herzberg et al.,
2010). We suggest that the present-day atmospheric budget of
radiogenic xenon also favors this new view on the evolution of
plate tectonics through the Earth history.
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