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Key Points:
• A compressional‐wave speed model
was built for the Greenland‐Iceland
Ridge crust
• The ridge may contain a substantial
amount of preexisting continental
crust
• The putative Iceland mantle plume
can be considerably weaker than
commonly thought
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Iceland Ridge during the 1996 Seismic Investigation of the Greenland Margin (SIGMA) experiment.
Interpreting the crustal structure of volcanic rifted margins has suffered from nonuniqueness because thick
crust at the continent‐ocean transition may not be totally of igneous origin. In this regard, the
Greenland‐Iceland Ridge presents a unique opportunity because, together with the Faroe‐Iceland Ridge, it is
generally considered to constitute the Iceland hotspot track, and as such, the bulk of its crust may be
considered to be of igneous origin. From 15 ocean‐bottom instruments deployed along a 290‐km‐long
refraction transect, we collect 5,383 Pg and 1,118 PmP travel times, and we use joint refraction and reﬂection
seismic tomography with adaptive importance sampling to invert them to construct a two‐dimensional
compressional wave speed (Vp) model across the Greenland‐Iceland Ridge. Based on the covariation of
crustal thickness and Vp, the western part of the transect may be almost entirely continental. Even the
eastern part could include a signiﬁcant fraction of preexisting continental crust. When considered together
with the seismic structure of the Icelandic crust and its geochemical characteristics, our results suggest that
the putative Iceland mantle plume could be considerably weaker than commonly assumed.
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1. Introduction
The Iceland hotspot, widely considered to be the largest melt anomaly within the Earth's mid‐ocean ridge system (Cofﬁn & Eldholm, 1994), is one of the most thoroughly investigated hotspots, and its evolution is
believed to play an important role in the tectonics of the North Atlantic (e.g., Skogseid et al., 2000). The hotspot is located on the oceanic spreading center of the North Atlantic and also lies on the aseismic Greenland‐
Iceland‐Faroe Ridge (GIFR) between East Greenland and the Faroe Islands (Figure 1). The GIFR comprises
two complementary regions: the Greenland‐Iceland Ridge (GIR) crossing the Denmark Strait to the west and
the Iceland‐Faroe Ridge (IFR) to the southeast. This aseismic ridge, characterized by anomalously thick
(>20 km thick) crust and shallow (<1 km deep) bathymetry (Bott, 1983; Brown & Lesher, 2014;
Smallwood & White, 2002), constitutes the Iceland hotspot track (e.g., Lawver & Müller, 1994; Mihalffy et al.,
2008; Torsvik et al., 2015) that formed during the opening of the North Atlantic. The seismic structure of the
ridge thus is crucial to our understanding of the geodynamic processes that led to the development of the
Iceland hotspot.
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It is commonly thought that the Iceland hotspot is the surface expression of a deep mantle plume originating
from the core‐mantle boundary (Morgan, 1971), though there are a few variations for such a plume‐based
model. In the model of White and McKenzie (1989), for example, a plume is regarded as more or less a stationary feature, and the excess magmatism is generated by decompression melting of the hotter than normal
mantle as a result of lithospheric stretching and rifting (see also Kelemen & Holbrook, 1995 for the U.S. East
Coast margin). In the starting plume model (e.g., Grifﬁths & Campbell, 1990; Richards et al., 1989), on the
other hand, a large plume head plays an active role in uplifting and breaking the lithosphere. Both of these
plume models use the presence of the putative Iceland plume to explain the formation of the North
Atlantic Igneous Province, that is, the occurrence of ﬂood basalts along the North Atlantic margins that connected to the current Iceland hotspot through the paired GIR and IFR. In addition to these plume models,
alternative mechanisms have also been suggested to explain the anomalous volcanism. In the secondary
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Figure 1. Location of major active‐source seismic transects in the North Atlantic Igneous Province, including the
SIGMA‐1 transect, which is the focus of this study. SIGMA, Seismic Investigation of Greenland Margin (Holbrook
et al., 2001). FIRE, Faroe‐Iceland Ridge Experiment (Richardson et al., 1998). HB, Hatton Bank (Fowler et al., 1989;
Morgan et al., 1989; White et al., 1987). EB, Edoras Bank (Barton & White, 1997). iSIMM, integrated Seismic
Imaging and Modelling of Margins (Parkin & White, 2008; White & Smith, 2009; White et al., 2008).

upwelling model, for example, the melt anomaly results from asthenospheric convection enhanced by
vertical thermal boundaries (e.g., Keen & Boutilier, 1995; Korenaga & Jordan, 2001, 2002; Mutter &
Zehnder, 1988; Vogt, 1991; Zehnder et al., 1990). Moreover, major element heterogeneities in the source mantle can contribute to excess melting (Foulger & Anderson, 2005; Korenaga, 2004; Korenaga & Kelemen,
2000), and it has been suggested that Iceland might be a “wet“ spot rather than a “hot” spot (Nichols et al.,
2002; Vinnik et al., 2005).
To investigate the origin of the Iceland hotspot, a number of seismological studies have been conducted
during the past few decades. Since seismic tomography can detect anomalies in seismic wave speed,
depending on their diameter, hot mantle plumes may be imaged as columnar low‐velocity anomalies
caused by higher‐than‐normal temperatures. Some tomographic models show broad and relatively weak
low‐velocity anomalies below Iceland originating from the lower mantle (e.g., Bijwaard & Spakman,
1999; He et al., 2015; Helmberger et al., 1998; Montelli et al., 2006; Rickers et al., 2013; Yuan &
Romanowicz, 2017), but it is not clear that they must represent a continuous plume conduit. Other tomographic studies agree on narrow but strong low‐velocity anomalies in the upper mantle, but they differ in
deeper mantle regions (e.g., Allen et al., 2002; Foulger et al., 2000; French & Romanowicz, 2015; Montelli
et al., 2004; Ritsema et al., 2011; Wolfe et al., 1997). Receiver function methods can measure the depths
of the major mantle discontinuities and provide additional constraints on the spatial extent of wave
speed anomalies (e.g., Shen et al., 1998; Vinnik et al., 2005). Shen et al. (1998, 2002) imaged a locally
thinned transition zone below Iceland, which was interpreted to represent a hot plume originating from
the lower mantle. Such thinning of the transition zone is, however, not reproduced by a later similar
study (Du et al., 2006), and a more recent receiver‐function study suggests that the 660‐km seismic discontinuity is depressed beneath Iceland, which could be attributed to garnet‐dominated chemical heterogeneities (Jenkins et al., 2016).
Given the ongoing controversy of these mantle‐based seismic studies, crustal seismology can provide unique
constraints, and several attempts have been made to use the seismic structure of igneous crust to infer the
dynamics of parental mantle (Kelemen & Holbrook, 1995; Korenaga et al., 2002; White & McKenzie,
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1989). Quite a few active‐source seismic studies have been conducted in the North Atlantic Igneous Province
(e.g., Barton & White, 1997; Holbrook et al., 2001; Larsen & Jakobsdóttir, 1988; Mutter & Zehnder, 1988;
Smallwood et al., 1999) (Figure 1), but only a few of them are published with comprehensive uncertainty
analysis (e.g., Korenaga et al., 2000; Parkin & White, 2008; White & Smith, 2009), without which
meaningful petrological interpretation is difﬁcult. Korenaga et al. (2002), for example, found that a
negative correlation between crustal Vp and thickness seen in the southeastern Greenland margin could
not be explained by a purely thermal plume. They suggested that the formation of thick crust along the
SIGMA‐2 transect (Figure 1) required upwelling of chemically anomalous mantle (i.e., more fertile than
the normal pyrolitic mantle). A similar negative correlation between crustal Vp and thickness was later
found on the Hatton Bank transect as well, but White et al. (2008) interpreted the low Vp, thick part of
their crustal transect to include preexisting continental crust with low Vp. They focused on explaining a
positive correlation between Vp and crustal thickness in the thinner part of their transect, which may be
interpreted as the effect of varying mantle temperature. Thus, whereas crust‐based seismic studies provide
important constraints independent from mantle‐based studies, the interpretation of thick crust at volcanic
rifted margins has its own difﬁculties, in part because the inﬂuence of preexisting continental crust is
hard to rule out a priori in this tectonic setting. Given this controversy about the petrological
interpretation of volcanic rifted margins, the crustal structure of the GIFR becomes particularly
important; since it is the Iceland hotspot track, it may be safe to expect that the majority of this ridge is of
igneous origin, avoiding the potential ambiguity associated with a gradual continent‐ocean transition. At
least, such a premise underlies the initial motivation for this study, which, as shown later, has yielded an
unexpected outcome.
The main objective of this study is to estimate the crustal Vp structure of the Greenland‐Iceland Ridge,
using the SIGMA‐1 transect acquired during the 1996 SIGMA experiment, a joint project between
Woods Hole Oceanographic Institution (WHOI) and the Danish Lithosphere Centre. Both seismic reﬂection and wide‐angle refraction data were collected along the four seismic transects from the southern tip
of Greenland up to the Greenland‐Iceland Ridge (Figure 1). A summary of all SIGMA transects was published by Holbrook et al. (2001). In‐depth analyses of individual transects were reported for SIGMA‐2 by
Korenaga et al. (2000) and for SIGMA‐3 by Hopper et al. (2003). Unfortunately, a full analysis of
SIGMA‐1 data has never been published, and the SIGMA‐1 model in Holbrook et al. (2001) is not fully
documented. Because the SIGMA‐1 transect is along the presumed hotspot track, however, the extent
of the rifting‐to‐spreading magmatism on this transect is critical to assess the effects of the putative
Iceland plume. In this contribution, we use the joint refraction and reﬂection tomography of Korenaga
et al. (2000), as amended by Korenaga and Sager (2012). Even though the SIGMA‐1 transect was acquired
more than 20 years ago, it provides sufﬁcient data for such a tomographic inversion. The same cannot be
said for active‐source seismic data collected over the Iceland‐Faroe Ridge (FIRE; Figure 1); because of the
limited number of ocean‐bottom instruments employed, the published FIRE crustal model suffers from
large uncertainties (Richardson et al., 1998).
The structure of this paper is as follows. First, we describe the acquisition and processing of the SIGMA‐1
seismic data. Then the two‐dimensional (2‐D) joint refraction and reﬂection tomographic inversion method
(Korenaga & Sager, 2012; Korenaga et al., 2000) is used to invert wide‐angle travel time data and estimate
crustal velocity structure. The uncertainty and robustness of our velocity model are discussed in detail.
We discuss possible petrological interpretations of the estimated seismic structure and close by speculating
on their geological and geophysical implications.

2. Data Acquisition and Processing
The SIGMA‐1 seismic data were acquired in 1996 using the R/V Maurice Ewing, with a 20‐air gun, 8460
cubic inch tuned source array. A 290‐km‐long transect was shot between East Greenland and Iceland along
the presumed track of the Iceland hotspot (Figure 1), with a shot interval of ∼50 m (20 s). Wide‐angle data
were recorded on eight WHOI ocean‐bottom hydrophones (OBH) and seven U.S. Geological Survey (USGS)
ocean‐bottom seismometers (OBS) deployed along the transect (Figure 2). There were also ﬁve REFTEK
land stations deployed along the extension of the SIGMA‐1 transect on Iceland, but these land recordings
are not used in this study for two reasons. First, there is a ∼150‐km gap between the ocean‐bottom array
YUAN ET AL.
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and the land stations, which poses a challenge for tomographic inversion.
Second, there was no land seismic source, so it is impossible to use the
source‐receiver reciprocity to ascertain the consistency of phase identiﬁcation, which is particularly important for late arrivals such as PmP,
between ocean‐bottom data and land data.
Owing to severe sea conditions, most of the wide‐angle data along the
SIGMA‐1 transect are of moderate quality (Figure 3), although about half
of the instruments show visible phases up to an offset of ∼200 km (e.g.,
Figures 3b and 3g). The sampling interval was 10 ms, and we applied standard data processing including instrument relocation, bandpass ﬁltering
from 5 to 20 Hz, predictive deconvolution, and coherency weighting.
The crustal refraction phase (including sedimentary arrivals), Pg, is
observed in all record sections. The pattern of Pg is similar among different instruments; the apparent velocity of the Pg phase is ∼4 to 6 km s−1 at
near offsets and gradually reaches ∼7.0 km s−1 at an offset of about 20 km
(Figure 3). Strong lateral variations in the Pg arrival are seen in some
record sections, which can be attributed to bathymetric features (e.g.,
Figures 3d and 3e) The reﬂection phase from the crust‐mantle boundary
(the Moho), PmP, can be seen in only some of the record sections, with
variable quality.
Figure 2. Conﬁguration of SIGMA‐1 transect seismic experiment. Circles
denote ocean bottom instruments. Instrument names starting with
alphabet (e.g., “a3”) correspond to USGS ocean bottom seismometers
and those with just numbers to WHOI ocean‐bottom hydrophones.
Contours are drawn at 500‐m interval.

In order to identify the seismic phases consistently across different record
sections, the source‐to‐receiver reciprocity of travel times was exploited.
Travel times were picked manually, and picking errors were assigned to
be half a period of ﬁrst cycle of an arrival, 50 ms for Pg and 100 ms for
PmP, respectively. A total of 5,383 Pg and 1,118 PmP travel times were collected for the SIGMA‐1 transect (Figure 4).

3. Joint Refraction and Reﬂection Tomography
The crustal seismic structure along the SIGMA‐1 transect is estimated using the joint refraction and reﬂection tomography method of Korenaga et al. (2000) as amended by Korenaga and Sager (2012). We invert the
travel times of both Pg and PmP phases simultaneously to build a 2‐D compressional wave speed model with
the geometry of the Moho. Our model domain is 290 km wide and 40 km deep from the seaﬂoor, which is
parameterized as a sheared mesh of nodes hanging from the seaﬂoor with horizontal spacing of 1 km and
vertical spacing increasing from 50 m at the seaﬂoor to 1 km at the bottom of the model. The Moho is modeled as a ﬂoating reﬂector, which is represented as an array of linear segments of 291 nodes with a horizontal
spacing of 1 km. Forward ray tracing for both refracted and reﬂected phases is done using the graph method
with bending correction (Moser, 1991; Moser et al., 1992).
The fundamental components of tomographic inversion remain the same as in Korenaga et al. (2000), but
the overall inversion framework follows the notion of adaptive importance sampling (Korenaga & Sager,
2012). In this framework, we apply smoothing constraints using vertically and horizontally varying correlation lengths, which are randomly sampled from their a priori ranges instead of determined by trial and error.
We also use the automated regularization of Korenaga and Sager (2012) to determine appropriate smoothing
weights, for which we set the maximum relative model variation to 0.5% for velocity nodes and 0.05% for
depth nodes, respectively. As in Korenaga and Sager (2012), we use the normalized data misﬁt, χ2/N, and
a second model measure, R, to identify acceptable models. The data misﬁt χ2 is here deﬁned as the sum of
squared difference between the observed and predicted travel times, in which each squared difference is
divided by the variance of corresponding travel time data, and the normalized data misﬁt χ2/N, where is
N is the number of travel time data, is expected to be around unity for a model with reasonable data ﬁt.
The model measure R quantiﬁes the overall model roughness, which is deﬁned as an average relative deviation from the self‐similar 1‐D reference model. Larger values of R often correspond to geologically unrealistic
velocity structures or models with too much small‐scale variations (e.g., Figures 5c and 5d). Thus, models
with R>8 are not considered in this study. By estimating how the data misﬁt and the model measure are
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−1

Figure 3. Processed seismogram for selected instruments, plotted with a reduction velocity of 7.0 km s . Semitransparent markings denote the picked travel
times of Pg (red) and PmP (green). White vertical lines denote the locations of other instruments, and circles correspond to their travel time picks at reciprocal
relations (corrected for water‐depth difference between instruments), demonstrating the consistency of phase identiﬁcation among different instruments. (a) a1,
(b) 27, (c) 25, (d) 19, (e) c4, (f) c3, and (g) 24.
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Figure 3. (continued)
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Figure 3. (continued)

related to the input model parameters, the efﬁciency of sampling becomes progressively improved, and a
large number of successful models can be generated.
Our tomographic inversion starts with a 1‐D initial average velocity model, which is constructed with the
following equation:

V ðzÞ ¼

8
z
>
V 0 þ ðV 0MC − V 0UC Þ 0 ; z ≤ H 0UC
>
< UC
H UC
z − H 0UC
>
>
: V 0UC þ ðV 0UC − V 0UC Þ
; z > H 0UC
H 0LC

(1)

where z is the depth measured from the base of the sedimentary layer, V 0UC is the upper‐crustal velocity
randomly chosen between 3 and 5 km s−1, V 0MC is the midcrustal velocity between 5 and 7 km s−1, V 0LC
is the lower‐crustal velocity between 7 and 8 km s−1, H 0UC is the upper‐crustal thickness between 3 and
9 km, and H 0LC is the lower‐crustal thickness between 15 and 25 km. A ﬂat initial reﬂector is used with
its depth, Z 0M , randomly sampled from 20 to 30 km. The sediment thickness along the SIGMA‐1 transect
is sampled from the global sediment thickness database of Straume et al. (2019).

Figure 4. Picked travel times from all instruments are shown as a function of model distance, with their uncertainty.
Vertical lines denote instrument locations. Solid and open circles are for Pg and PmP, respectively.
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Figure 5. Examples of P‐wave velocity models for SIGMA‐1, obtained after 20 iterations, starting with different
2
combinations of randomly chosen effective model parameters. Normalized χ and the second model measure R are
also shown for each model. They are all successful in terms of data ﬁt, but some of them (those with R>8)
−1
indicate insufﬁcient model regularization. Contours are drawn at an interval of 0.5 km s , and additional
−1
−1
contours are drawn in white at an interval of 0.1 km s for Vp greater than 7.0 km s .

The horizontal correlation length for smoothing is set as follows:

Lh ðzÞ ¼

8
z
>
L
þ ðLh;MC − Lh;UC Þ L ; z ≤ H LUC
>
< h;UC
H UC
z − H LUC
>
>
: Lh;MC þ ðLh;LC − Lh;MC Þ
; z > H LUC
H LLC

(2)

where Lh,UC, Lh,MC, and Lh,LC are horizontal correlation lengths at z ¼ 0; H LUC , H LUC þ H LLC , respectively.
These correlation lengths are sampled as follows. First, we sample Lh,UC from a range between 2 and
30 km. We then set Lh,MC = rLhLh,UC and Lh,LC = rLhLh,MC, where rLh is another random variable sampled
from a range between 1 and 3. We also randomly sample H LUC between 3 and 9 km and H LLC between 15
and 25 km. The vertical correlation length is set similarly, with Lv,UC and rLv, which are sampled between
1 and 3 km and between 1 and 3, respectively. The depth‐kernel scaling parameter, w, is randomly
sampled from a range between 10−2 and 102. The total number of effective model parameters ( V 0UC ,
V 0MC , V 0LC , H 0UC , H 0LC , Z 0M , Lh,UC, H LUC , H LLC , rLh, Lv,UC, rLv, and w) is therefore 13 in this study.
At the beginning of the adaptive importance sampling scheme, we randomly sample M sets of model parameters from their a priori ranges (Figure 6, step 1). In the ﬁrst inversion step, the data misﬁt χ2/N of ﬁnal
models is modeled as a function of the effective model parameters (steps 2a and 3a). We then sample another
M sets of effective model parameters, but this time, sampling is not entirely random; it is guided by the
empirical functional relation between the model parameters and data misﬁt (step 4). In the subsequent
YUAN ET AL.
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steps, we also model the model measure R as a function of effective model
parameters to make sampling more efﬁcient (steps 2b and 3b). We reject
parameter sets yielding χ2/N>1 and R>8 and then periodically update
the functional approximations for log(χ2/N) and R by using all of previous
inversion results (excluding inversion results of step 2a for R). For further
details of the inversion scheme, see Korenaga and Sager (2012).

4. Results
We used M = 200,nitermax = 20, and imax = 4 in the inversion strategy
illustrated in Figure 6. A negative correlation is seen between the data
misﬁt χ2/N and the model roughness R as the inversion proceeds
(Figure 7); that is, it is difﬁcult to achieve both low χ2/N and low R. In their
tomographic analysis of Shatsky Rise data, Korenaga and Sager (2012) set
the threshold for R as 5, but in this study, there is no model with χ2/N∼1
and R<5. This study is the second application of the adaptive importance
sampling scheme of Korenaga and Sager (2012), and this difference in the
the distribution of R values indicates that it may be necessary to vary the
threshold value to accommodate different data sets.

Figure 6. Flow chart for the adaptive importance sampling scheme of
Korenaga and Sager (2012). The entire procedure is one long sampling
“chain,” which is composed of several “steps” (shown as boxes). Each
inversion step (2a or 2b) contains M inversion “runs,” and each
inversion run conducts nitermax iterations of tomographic
inversion. For each inversion run, travel time data are
also randomized with random common receiver
errors and random travel time errors. “p.d.f.”
stands for probability distribution function.

Figure 8a shows how the distribution of χ2/N gradually tightens in every
step, indicating the efﬁciency of adaptive importance sampling. Because
the initial sampling is done purely randomly from the given a priori
ranges, the initial χ2/N values are broadly distributed from ∼0.5 to ∼50,
with most models having χ2/N>1, whereas for the ﬁnal velocity models,
the corresponding χ2/N values become clustered around unity
(Figure 8a). Note that each inversion run conducts 20 iterations, and
the value of χ2/N after the ﬁnal iteration can become smaller than
unity. To avoid models that overﬁt data, therefore, we extract a model
with χ2/N closest to unity from each inversion run and call such a model
the “optimal model.”
Figures 8c–8o show the a posteriori probability distributions of effective
model parameters. The results indicate that choosing appropriate values
is important for some parameters for the inversion to be successful.
Concerning an initial 1‐D velocity model, for example, the inversions
were more successful if the initial upper‐crust velocity V 0UC and the
−1
0
initialmidcrust velocity V−1
MC were in the ranges of 4.5–5 km s
(Figure 8c) and 6–6.7 km s (Figure 8d), respectively, and if the initial
depth of the Moho was shallower than 27 km (Figure 8h), whereas the
successful range of values for other parameters (V 0LC , H 0UC , and H 0LC ) were
more uniform. Also, inversions were more successful when the horizontal
correlation length Lh,UC was smaller than 5 km (Figure 8i) with rLh<1.4
(Figure 8k) and when the vertical correlation length Lv,UC was less than
1.5 km (Figures 8j) with rLv<1.6 (Figure 8l).

4.1. Mean and Variance

2

Figure 7. Covariation of normalized χ and the second model measure R,
through different stages of adaptive importance sampling. Trade‐off
between data ﬁt and model roughness becomes clear at later stages.

YUAN ET AL.

The mean and standard deviation for the initial models of all successful
inversion runs are shown in Figures 9a and 9b, respectively. For the corresponding optimal models, that is, the models with χ2/N∼1, the mean
and standard deviation are shown in Figures 9c and 9d, respectively. At
less than 20–30 km from the edges of the model domain, the model suffers
from large uncertainties (Figure 9d), and these parts are not used in the
discussion (section 5). The standard deviation of velocity nodes is generally less than 0.2–0.3 km s−1, except for the lower‐crustal regions
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Figure 8. A posteriori distributions of model diagnostics and effective model parameters. The shade of each histogram changes gradually from the lightest (i = 0)
2
to darkest (i = 4) to clarify progression through a sampling chain. (a) Normalized χ , (b) model measure R, (c) initial upper‐crustal velocity, (d) initial midcrustal
velocity, (e) initial lower‐crustal velocity, (f) initial upper‐crustal thickness, (g) initial lower‐crustal thickness, (h) initial Moho depth, (i) horizontal correlation
length for upper crust, (j) vertical correlation length for upper crust, (k) scaling constant for horizontal correlation length, (l) scaling constant for vertical
correlation length, (m) upper‐crustal thickness for correlation‐length function, (n) lower‐crustal thickness for correlation‐length function, and (o) depth‐kernel
scaling parameter.
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Figure 9. Summary of inversion results for the SIGMA‐1 transect. (a) The average of initial models corresponding
2
to ∼400 successful runs (i.e., with the ﬁnal χ /N<1 and R<8). (b) The standard deviation of those initial models. Gray
region denotes the range of one standard deviation for initial reﬂector depths. (c) The average of optimal models
2
−1
(χ /N∼1) chosen from the successful runs. The contour of 6.5 km s , which is used to divide upper and lower
crust, is shown in bold. The edges of the model that are unlikely to have been sampled during iterative
inversion are masked. (d) The standard deviation of those models. (e) Derivative weight sum, which
may be regarded as a proxy for ray density, for the average model shown in (c). Open circles along
sea ﬂoor denote the location of ocean‐bottom instruments. Contours are drawn at an interval of
−1
−1
0.5 km s for (a) and (c) and 0.05 km s for (b) and (d). For (a) and (c), additional contours
−1
−1
are drawn in white at an interval of 0.1 km s for Vp greater than 7.0 km s .

between km 60–110 and km 160–190. The standard deviation for depth nodes is from ∼1 km in the middle to
∼5 km on the left edge and to ∼2 km on the right edge. The crustal thickness varies almost linearly from
∼32 km in the northwestern end to ∼26 km in the southeastern end. Throughout the model domain,
vertical Vp gradients show a marked change at about 6.5 km s−1, and we divide the crust into the high‐Vp‐
gradient upper‐crustal section and the low‐Vp‐gradient lower‐crustal section at the 6.5 km s−1 contour.
The derivative weighted sum (DWS) (Toomey & Foulger, 1989) shown in Figure 9e provides a quantitative
measure of the density of seismic rays based on the average model of Figure 9c. The lower crust is sparsely
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Figure 10. Results of principal component analysis of the ensemble of optimal models. (a) Eigenvalues of the covariance
matrix shown in order of decreasing magnitude and (b–i) scaled eigenmodes corresponding to the ﬁrst to eighth
eigenvalues. Dotted curve denotes the average Moho as shown in Figure 9c.

covered by reﬂection and refraction, implying moderate resolution for that part of the model. Because the
calculation of DWS is based on just one velocity model, it does not contain information regarding all
other models that are tested during iterative inversion. On the other hand, the model uncertainty shown
in Figure 9d is based on a large number of models collected during Monte Carlo sampling. Thus, by
comparing DWS and the model uncertainty, we can discuss the nonlinear sensitivity of iterative inversion
(e.g., Korenaga, 2011; Zhang, 1997). For example, the lower crust between km 100–150 and km 200–250 is
only sparsely sampled by reﬂection rays in the average model but has relatively small standard deviations,
YUAN ET AL.
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and the converse is true for the the lowermost crust between km 160–190.
What this means is that the sparsely sampled parts of the ﬁnal velocity
model have been more intensively sampled during previous iterations.
We can also recognize the inﬂuence of regularization as well as the a
priori range of the effective parameters on model uncertainties
(Figure 9d); the standard deviation near the edges, which are not sampled
by any rays, is large but still ﬁnite (0.3–0.4 km s−1) because of the smoothing constraints.
Compared to the original SIGMA‐1 velocity model seen in Holbrook et al.
(2001), our new velocity model (Figure 9c) is generally characterized by
lower Vp and slightly thinner crust. Whereas regions with Vp greater than
7.0 km s−1 are limited in the new model (most notably in the lower half of
the crust between km 150–200), the bottom 2/3 of the lower crust in the
old SIGMA‐1 model exhibits Vp greater than 7.0 km s−1 almost uniformly
along the entire transect (see Figure 2 of Holbrook et al., 2001). The more
localized high Vp feature in the new model is probably owing to the ﬂexible model parameterization of the tomography of Korenaga et al. (2000).
In addition, thanks to depth‐kernel scaling, our tomography can extensively explore velocity‐depth trade‐off associated with PmP, which can
be signiﬁcant when the crust is thick. With a reference crustal thickness
of 30 km, for example, a 1 km difference in thickness corresponds to
∼0.2 km s−1 difference in Vp, for the same vertical‐incidence travel time.
Given the relatively large model uncertainties (Figure 9d), the old
SIGMA‐1 velocity model is within two standard deviations of our mean
model; the old model can be seen as an end member with higher crustal
Vp and thicker crust. This is similar to what is seen in the reanalysis of
seismic data collected over the Ontong Java Plateau (Korenaga, 2011)
(see their Figure 8a).
4.2. Eigenmodes
Besides standard deviation, we also calculate the full covariance matrix
using the ensemble of optimal models. Using the original model parameterization would result in a large dense matrix, which requires excessive
memory consumption, so we decimated the velocity mesh down to
73×20. This approach is justiﬁed by the smooth nature of tomographic
models.
Prior to the decimation, the information of the depth nodes was
∗
Figure 11. Statistics of relative model deviation δV (Equation 3): (a) mean,
incorporated
into the velocity mesh, by replacing the Vp nodes below
(b) mean plus one standard deviation, and (c) mean minus one
the
Moho
reﬂector
with a mantle Vp of 8.2 km s−1. To extract the essence
standard deviation.
of the model covariance matrix, we conduct the principal component analysis as outlined in Korenaga and Sager (2012). The eigenvalues of the covariance matrix are shown in order of decreasing magnitude in Figure 10a. It can be seen that λi/λ1≪1 for
i > ∼10, and this means that the effective dimension of the model space, consistent with the given data
and regularization, is no more than 10. Linear combinations of just 10 eigenvectors are sufﬁcient to approximate a large number of models collected through Monte Carlo sampling. Figures 10b–10i display the scaled
1=2

eigenmodes, deﬁned as eigenvectors multiplied by λi , which illustrate the most signiﬁcant parameter correlation and trade‐off. The scaled eigenmodes have the dimension of wave speed, and they are listed in order
of their amplitudes. The ﬁrst scaled eigenmode represents the uncertainty associated with the edges of the
model (Figure 10b), and the second eigenmode corresponds to the uncertainty in the lower‐crustal Vp, especially in the western part of the transect (Figure 10c). The third to sixth eigenmodes all exhibit relatively
large Vp trade‐offs in the lower crustal section (Figures 10d–10g), which most likely originate in the paucity
of PmP travel times. In any event, the number of optimal models collected in this study (∼400) is far greater
than the effective dimensions of the model space, suggesting that our Monte Carlo sampling is reasonably
exhaustive.
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4.3. Spatial Resolution
Different attempts have been made to assess the spatial resolution of a
tomographic model, for example, by conducting checkerboard tests (e.g.,
Lévěque et al., 1993; Rawlinson et al., 2014) or by calculating correlation
coefﬁcients (Zhang & Toksöz, 1998). However, checkerboard tests can
only evaluate linear sensitivity, and correlation coefﬁcients are not simply
related to spatial resolution. Another popular approach is to calculate a
resolution matrix via the singular value decomposition of a sensitivity kernel (Aster et al., 2005), but the notion of resolution matrix is also based on
linear inverse theory, thereby being unable to take into account nonlinear
sensitivity.
Korenaga and Sager (2012) suggested that, for nonlinear travel time tomography, spatial resolution may be assessed by calculating the statistics of
the relative model deviation deﬁned as
δV ∗ ðx; zÞ ¼

V ðx; zÞ
− 1;
V ref ðz=hðxÞÞ

(3)

in which h(x) is crustal thickness, and Vref(·) is a horizontally averaged
velocity proﬁle calculated as
V ref ðz′ Þ ¼

Z

Z
V ðx; hðxÞz′ Þdx= dx:

(4)

Here the normalized coordinate z′ ranges from 0 to 1. Thus, we can extract
information on spatial resolution directly from the ensemble of optimal
models, in a very simple manner. Our primary concern when evaluating
Figure 12. (a) The average P‐wave velocity model for the SIGMA‐2 transect
spatial resolution is the reliability of small‐scale features, and it is straight(Korenaga et al., 2000), with the geological interpretation of Korenaga et al.
forward to assess such reliability using the statistics of the relative devia(2002). (b) Same as (a) but with an alternative interpretation in a style
similar to that of White et al. (2008). (c) Covariation of whole crustal
tion (Figure 11). Regions with positive deviations occur where velocity
thickness and the average P‐wave velocity of lower crust for SIGMA‐2 (red) values are persistently higher than a 1‐D reference model, and the conand Hatton Bank (blue) transects. Dimmed shading indicates covariation
verse is true for regions with negative deviations. The upper crust beneath
with negative correlation between velocity and thickness, which may reﬂect
around km 130 is, for example, characterized by a highly localized negaeither anomalously fertile source mantle or extended continental crust.
tive deviation (region A in Figure 11a), and it is a robust feature because
Also shown in the background is a possible petrological interpretation
based on the method of Korenaga et al. (2002). Nearly horizontal contours the negative deviation persists even when standard deviations are taken
denote mantle potential temperature in °C, which is also shown in color
into account (Figures 11b and 11c). A pair of positive and negative patches
shading (white corresponding to the present‐day ambient mantle
in the upper crust around km 240 (region C) is also persistently seen in all
temperature, 1350°C; Herzberg et al., 2007). Other more diagonal contours
of these ﬁgures, so it is a robust feature as well. On the other hand, weak
correspond to different ratios of active mantle upwelling (r), and thick
positive deviation observed in the lower crust around from km 70 to
curve represents the standard case of passive upwelling beneath a
mid‐ocean ridge (r = 1). Theoretical crustal velocities are values expected at km 110 (region F) and from km 250 to km 270 (region G) are not robust
a pressure of 600 MPa and temperature of 400°C.
because their positiveness diminishes in Figure 11c. Surprisingly, a positive and negative pair in the lower crust (region D) is also a persistent feature, even though major eigenmodes (Figure 10) suggest that the lower crust suffers considerably from several velocity trade‐offs. In
other words, understanding trade‐offs among model parameters alone may not be sufﬁcient to determine
the robustness of certain model features. The negative deviation near the western end (region E) is also a surprisingly robust feature given a low ray density coverage (Figure 9e). Indeed, the standard deviation of the
average velocity model is relatively low for this region despite large uncertainty in the corresponding
Moho depth (Figure 9d). The interpretation of these robust features will be discussed in section 5.2.

5. Discussion
5.1. How to Treat the Continent‐Ocean Transition
Before interpreting the SIGMA‐1 crustal velocity model, we ﬁrst review the existing debate on how to interpret the velocity structure of thick crust typically observed at the continent‐ocean transition of volcanic rifted
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Figure 13. (a) Same as Figure 12c but with data from the SIGMA‐1 transect. Average lower‐crustal velocity and
whole‐crustal thickness are calculated from km 70 to km 250 at an interval of 20 km with a 20‐km‐wide averaging
window, using all of 401 optimal models. See text for further details. Ellipses denote the 68% conﬁdence region
of whole crustal thickness and lower‐crustal velocity, and gray dots denote their mean values. Yellow and
green ellipses represent the western and eastern sections of the transect, respectively, and model distance
(in km) is shown next to gray dots. (b) Same as (a) but with the background corresponding to a
hypothetical high‐Fe source mantle composed of 70% depleted pyrolite mantle and 30% MORB
(Korenaga et al., 2002). (c) The average P‐wave velocity model for the SIGMA‐1 transect
(Figure 9c) with the geological interpretation similar to Figure 12b. (d) Same as
(c) but in a style similar to Figure 12a.

margins, because this interpretational issue has a long and convoluted history. This issue has three parts: (1)
the meaning of high‐velocity lower crust, (2) the accuracy of crustal velocity models, and (3) the inﬂuence of
preexisting continental crust. Whereas these three parts are technically independent of each other, they have
been contextually intertwined, as described below.
The discovery of large high‐velocity (i.e., P‐wave velocity higher than 7.3 km s−1) lower crust at the Hatton
Bank in the North Atlantic (White et al., 1987), combined with theoretical understanding of mantle melting
(McKenzie & Bickle, 1988), led to a general interpretational framework for the crustal structure of volcanic
rifted margins (White & McKenzie, 1989). Put simply, a hotter mantle melts more extensively, creating
thicker crust, and because a higher degree of melting increases the olivine content of resulting igneous crust,
thicker crust is characterized with higher crustal Vp as well. Thus, thick, high‐Vp crust found at the Hatton
Bank can be interpreted as a result of the upwelling of an unusually hot mantle, and such an interpretation
conforms to various mantle plume hypotheses. This simple framework has long been inﬂuential, with a few
variants in the literature (e.g., Kelemen & Holbrook, 1995; Korenaga et al., 2002; Richards et al., 2013;
Sallares et al., 2005).
This interpretation of high‐velocity lower crust is, however, problematic at least for two reasons. First, the
volume of such high‐velocity crustal body may not be as large as suggested by the classic study of White
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et al. (1987); this is an issue of geophysical inference, which will be discussed in some detail later. Second,
high‐velocity lower crust does not necessarily require the melting of a hotter‐than‐normal mantle.
Zehnder et al. (1990) ﬁrst noted that gabbroic rocks sampled from normal oceanic crust (including ophiolites) typically have a P‐wave velocity of ∼7.3 km s−1 (e.g., Christensen & Smewing, 1981), and they interpreted the high‐velocity lower crust found at the Vøring margin as the result of active upwelling of
normal mantle, although they did not explain why the P‐wave speed of normal oceanic lower crust was only
∼6.9 km s−1 (White et al., 1992). On the basis of petrological modeling (Korenaga et al., 2002) and calculated
mineral proportions combined with elastic constants for minerals (Behn & Kelemen, 2003), one possible
explanation is that the P‐wave speed of normal oceanic lower crust should be as high as ∼7.3 km s−1, because
of the cumulate nature of the lower crust, but is lowered to ∼6.9 km s−1, by the effects of crack porosity and
seawater alteration. Because both porosity and alteration are expected to be reduced at greater depths,
high‐velocity lower crust is expected when crustal thickness is greater than normal, even with the same crustal composition. Crack‐related porosities are expected to result from thermal contraction of igneous crust
(Korenaga, 2007); theoretical considerations suggest the formation of cascade crack system with narrowly
spaced shallow cracks and widely spaced deep cracks, and the depth of cracks are on the same order of their
spacing. For example, 5‐km‐deep thermal cracks are expected to form at a ∼5‐km interval. The maximum
depth of thermal cracks grows with the cooling of oceanic lithosphere, and it can reach >20 km depth at
50‐Ma‐old lithosphere (Korenaga, 2007). The pervasive existence of thermal cracks in the oceanic lithosphere has some observational support as well (Chesley et al., 2019; Korenaga, 2017; Korenaga &
Korenaga, 2016); we also note that the Vp/Vs ratio observed for the oceanic crust part of the Hatton Bank
transect (Eccles et al., 2011) is consistent with the prediction of crack‐like porosity (Korenaga, 2017).
Thus, a positive correlation between crustal velocity and thickness may simply result from the closure of porosities at greater pressures (see, e.g., Figure 14 of Behn & Kelemen, 2003 and related references), especially
when oceanic crustal thickness is not very different from the standard value of 7 km (White et al., 1992); note
that, with thermal gradient ﬁxed, thicker crust leads to higher average temperature, which acts to reduce
crustal velocity, but this effect is small (only ∼0.025 km s−1 difference between crustal thicknesses of 5
and 10 km) because of a counteracting pressure effect on seismic wave speed (White & McKenzie, 1989).
As the upper crust is always subject to the effect of porosity and alteration, the lower crust of thicker‐
than‐normal oceanic crust is the only useful part for petrological interpretation, and given its likely cumulate nature (which results from fractional crystallization), its P‐wave speed should be taken as an upper
bound on the bulk crustal velocity (Korenaga et al., 2002).
The above development in the petrological interpretation of igneous crust was concurrent with the progress
of seismic data acquisition and analysis. Inferring a 2‐D crustal structure by interpolating a series of 1‐D velocity models obtained from expanding spread proﬁling was popular during the 1980s (e.g., Mutter & Zehnder,
1988; White et al., 1987), but estimating a 2‐D structure directly by modeling the travel time data of
ocean‐bottom seismometers became more common in the following decade (e.g., Barton & White, 1997;
Holbrook et al., 1994; Mjelde et al., 1998). Eventually, tomographic imaging with both refraction and reﬂection travel time data has become possible (e.g., Zhang et al., 1998). The analysis of the SIGMA‐2 data provided the ﬁrst example of a tomography‐based model for a volcanic rifted margin, with its uncertainty
quantiﬁed by nonlinear Monte Carlo analysis (Korenaga et al., 2000). The SIGMA‐2 crustal structure, however, turned out to be a challenge for petrological interpretation. Holbrook et al. (2001) and Korenaga et al.
(2002) interpreted the SIGMA‐2 velocity model as shown in Figure 12a. Figure 12c shows how the average
lower‐crustal Vp (excluding the continental crust) varies with total crustal thickness. The thick (>15 km)
part of transitional crust is characterized by an average Vp of ∼7.0 km−1, which is difﬁcult to interpret in
terms of mantle dynamics; if taken at face value, the formation of such crust requires very vigorous active
upwelling (with an active upwelling ratio of ∼16) of a colder‐than‐normal mantle (the potential temperature
of ∼1300°C). As an alternative interpretation, Korenaga et al. (2002) suggested that the source mantle of the
North Atlantic igneous province was more fertile than the normal pyrolitic mantle. Melting of an anomalously fertile mantle with moderate active upwelling can produce thick crust with low Vp. The existence
of such source mantle heterogeneities is consistent with the geochemistry of lavas in the North Atlantic
Igneous Province (Korenaga & Kelemen, 2000; Shorttle & Maclennan, 2011).
The 1996 SIGMA experiment was followed by another major data acquisition effort in 2002 (called iSIMM)
on the conjugate European margin. Its main results were published by White et al. (2008). They revisited the

YUAN ET AL.

16 of 23

Journal of Geophysical Research: Solid Earth

10.1029/2020JB019847

Hatton Bank transect, this time with a dense array of ocean‐bottom seismometers, and conducted tomographic inversion and error analysis, closely
following the procedure of Korenaga et al. (2000). The large high‐velocity
lower crust seen in the model of White et al. (1987) is considerably smaller
in the newer Hatton Bank model, and the thicker part of their transect
exhibits a negative correlation between crustal Vp and thickness
(Figure 12c), similar to the SIGMA‐2 transect. Instead of calling for a chemically different source mantle, however, White et al. (2008) offered a
new interpretation: the part of the crustal model that exhibits the negative
correlation contains some preexisting continental crust. They then
focused mainly on the remaining part of their transect, which exhibits a
positive correlation between crustal Vp and thickness. Unfortunately, this
thinner part of the transect is susceptible to the effects of porosity and
alteration. As a result, the positive correlation does not necessarily require
a change in mantle potential temperature during melt generation.

Figure 14. Representative vertical velocity proﬁles from (a) the SIGMA‐2
transect (red) and (b) the SIGMA‐1 transect (purple). Three proﬁles from
the Hatton Bank transect (White et al., 2008) are also shown for
comparison: continental crust (blue solid), continent‐ocean transition (blue
dashed), and oceanic crust (blue dotted). Each transect from SIGMA‐1 and
SIGMA‐2 transects is based on the average model (Figure 9c), with
horizontal averaging of ±10 km.

If we exclude the thicker part of the SIGMA‐2 and Hatton Bank transects as
being inﬂuenced by the preexisting continental crust, and if we exclude the
thinner part of those transects as being unreliable owing to the effects of
porosity and alteration, then there would be no part left for petrological
interpretation. Nonetheless, the hypothesis that there is a signiﬁcant
amount of preexisting continental crust within the continent‐ocean transition is difﬁcult to reject. The only major concern would be that, if we apply
the strategy of White et al. (2008) to the SIGMA‐2 model (i.e., ascribing the
part with “too low” crustal Vp to incorporation of extended continental
crust), the preexisting continental crust has to be extended over ∼200 km
(Figure 12b), instead of only ∼50 km in case of the Hatton Bank transect.
Continental rifting can exhibit a variety of styles depending on crustal
and mantle rheology (e.g., Buck, 1991; Geoffroy et al., 2015; Huismans &
Beaumont, 2003, 2011; Petersen et al., 2018), so that 200 km of extension
may not be unreasonable. Moreover, the interpretation shown in
Figure 12b is consistent with the interpretation of the Hatton Bank transect
by White et al. (2008) in one additional respect. On both transects, the presumed extended continental crust coincides with the surface distribution
of seaward‐dipping reﬂectors (SDRs). On the SIGMA‐2 transect, SDRs
are observed up to km 240 (Korenaga et al., 2000). The formation of
SDRs indicates subaerial eruption (Hinz, 1981; Mutter et al., 1982) and
does not require the presence of extended continental crust. However,
reduced crustal density due to incorporation of buoyant, felsic continental
crust could contribute to raising the locus of volcanism above sea level.

To summarize, there are three contentious points. The ﬁrst is the meaning of high‐velocity lower crust. If the
average Vp of lower crust is only ∼7.3 km s−1, it does not necessarily require the melting of a hotter‐than‐
normal mantle; it may be explained by the reduced effects of crack porosity and seawater alteration at high
pressures. The second is the accuracy of crustal velocity models. Extensive regions of high‐velocity lower
crust, such as are illustrated in the classic papers of White et al. (1987) and White and McKenzie (1989),
are not imaged in more contemporary analyses of better seismic data. The third is how to interpret the
thicker part of transitional crust. For petrological interpretation, this part is more meaningful than the thinner part because the latter suffers from the possible effects of crack porosity and seawater alteration. But this
thicker part is adjacent to the continental crust, so the inﬂuence of extended continental crust is hard to dismiss. With these caveats in mind, we now proceed to the interpretation of the SIGMA‐1 velocity model.
5.2. Geological Interpretation of the SIGMA‐1 Crustal Structure
To quantitatively compare the SIGMA‐1 transect with other transects in the North Atlantic margins, average
lower‐crustal velocity and whole‐crustal thickness are calculated from km 70 to km 250, at an interval of
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20 km with a 20‐km‐wide averaging window, using all of 401 optimal models (Figure 13). We followed the
temperature and pressure correction procedure of Korenaga et al. (2002), and for the temperature correction,
we assumed a linear conductive geotherm with a thermal gradient of 16 K km−1 and a surface temperature
of 0°C. As mentioned earlier, we need to focus on lower‐crustal velocity because the upper‐crustal velocity
can be signiﬁcantly lowered by porosity and alteration, which may not contain useful petrological information. We can use lower‐crustal velocity as an upper bound on the possible range of bulk crustal velocity,
given the cumulate nature of oceanic lower crust (Korenaga et al., 2002). We specify the lower‐crustal section
as the region below the 6.5 km s−1 Vp contour, at which velocity gradients change sharply (section 4.1).
Relatively large model uncertainties (Figure 9d) are reﬂected in the greater uncertainty in the
velocity‐thickness covariation than along the SIGMA‐2 and the Hatton Bank transects. In what follows,
therefore, we limit ourselves on the most robust aspects of the velocity‐thickness covariation.
Whereas the crustal thickness varies almost linearly along the SIGMA‐1 transect (Figure 9c), the
velocity‐thickness covariation exhibits a clear west‐east dichotomy (Figure 13). The western half of the transect (km <150) is characterized by an average lower‐crustal Vp of ∼6.8±0.1 km s−1. Such lower‐crustal compressional wave speed, together with the observed crustal thickness of 30–35 km, closely matches the
average crustal structure of continental crust in an extensional tectonic setting (Christensen & Mooney,
1995). Thus, it is possible that the western half is made almost entirely of extended continental crust
(Figure 13c). However, the 6.5 km s−1 Vp contour, which is used to divide upper and lower crust for the most
of the transect, plunges down to >20 km depth near the western end, and this apparently very thick “upper
crust” is a robust feature (region E in Figure 11). This is similar to what is seen in the SIGMA‐2 transect, so as
in its original interpretation (Figure 12a), we may also interpret that the continental crust is terminated at
around km 60 (Figure 13d).
The eastern half of the transect (km >150) is characterized by slightly thinner crust (∼27±2 km) and an average lower‐crustal Vp of ∼7.0±0.15 km s−1. The part of the transect around km 170 stands out for its high
lower‐crustal Vp (>7.5 km s−1; Figure 9c), which is one of the robust features of our model (region D in
Figure 11) and likely represents maﬁc to ultramaﬁc cumulates associated with the emplacement of plutonic
rocks. However, the average lower‐crustal Vp for this part is still only ∼7.2 km s−1, that is, lower than
expected for the P‐wave speed of pristine oceanic lower crust (∼7.3 km s−1). And the crust is thick enough
that its compressional wave speed is probably not affected by porosity or alteration. However, the most striking aspect of the eastern half is that most of it is nearly indistinguishable from the thickest part of the
SIGMA‐2 crustal model (Figure 13). As a result, it shares the ambiguity associated with the petrological
interpretation of the SIGMA‐2 velocity model. That is, the eastern half of the SIGMA‐1 crustal model may
reﬂect incorporation of a substantial amount of extended continental crust (Figure 13a) or igneous crust
formed as a result of moderately active upwelling of an anomalously fertile (Figure 13b).
In‐depth comparison among SIGMA‐1, SIGMA‐2, and Hatton Bank transects (Figure 14) further supports
that the SIGMA‐1 transect is characterized by anomalously low Vp, particularly for the lower crust of the
western part. In the SIGMA‐2 transect, only the western end of the transect is similar to the continental part
of Hatton Bank, but this similarity persists more toward the middle of the SIGMA‐1 transect. On the
SIGMA‐1 transect, some part of the lower crust exhibits velocity inversion, with positive velocity anomalies
just below the high‐velocity‐gradient upper crust (see km 60, km 120, and km 220), and this is a robust feature (Figure 11). These isolated velocity anomalies may correspond to maﬁc intrusion in the extended continental crust. In Figure 9c, the region at around km 170 appears to have strikingly high Vp lower crust, but
the region is actually not very different from the continent‐ocean transition at Hatton Bank (Figure 14b). The
high Vp lower crust is simply accentuated by being in the middle of generally low Vp.
The SIGMA‐1 transect is different from the SIGMA‐2 or Hatton Bank transects, in that it is on the
Greenland‐Iceland Ridge and thus considered to be part of the Iceland hotspot track. Thus, whatever interpretation we adopt for the SIGMA‐1 crustal model may also be valid for the Icelandic crust itself. Even if this
is the case, both of the two different interpretations seem to be possible. Major element heterogeneity in the
source mantle has been suggested for both East Greenland and Southwest Iceland (Korenaga & Kelemen,
2000), so the spatial extent of anomalously fertile mantle may be sufﬁciently large. At the same time, the
entire Greenland‐Iceland Ridge is covered by SDRs (Figure 15), so the possible correlation between the presumed, extended continental crust and SDRs could still be consistent with observations.
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Figure 15. Distribution of seaward‐dipping reﬂectors (light gray) and offshore basalt ﬂows (dark gray) along the East
Greenland margin (Larsen et al., 2014) and the location of SIGMA transects. Red lines indicate the location of thick
(>15 km) crust with relatively low Vp, based on the velocity models of this study (SIGMA‐1), Korenaga et al. (2000)
(SIGMA‐2), Hopper et al. (2003) (SIGMA‐3), and Holbrook et al. (2001) (SIGMA‐4).

To reiterate, if the thick crust of the Greenland‐Iceland Ridge and its shallow bathymetry owe much to incorporation of extended continental crust, then the continuity between the Greenland‐Iceland Ridge and
Iceland suggests that the thick Icelandic crust might also contain a signiﬁcant amount of continental crust.
Given the status of the Iceland hotspot in the literature, as the archetypical example of plume‐ridge interaction (e.g., Ito et al., 1999; Sleep, 1990), this suggestion may appear to be too radical. However, the possibility
that the part of the Icelandic crust may be continental has occasionally been raised in the past (Foulger,
2006; Torsvik et al., 2015). Recently, a more comprehensive hypothesis that Iceland, along with the
Greenland‐Iceland‐Faroe Ridge, is largely continental, has been put forward by Foulger et al. (2020), based
on a diverse array of observations and theoretical inferences, including the seismic velocity of the Icelandic
lower crust, the petrology and geochemistry of the Icelandic lavas, and the tectonic history of the opening of
the North Atlantic.
There are well‐documented examples of incorporation of continental material in the center of ocean basins
and in oceanic plateaus. There are Paleozoic sediments (presumably underlain by some extended continental crust) near the equatorial Mid‐Atlantic Ridge (Bonatti et al., 1996), perhaps due to repeated ridge jumps
during opening of the Atlantic at this latitude. Similarly, the Kerguelen Plateau, commonly interpreted as a
plume‐related large igneous province, demonstrably contains continental material recovered during ocean
drilling (e.g., Frey et al., 2002; Ingle et al., 2002). However, Foulger et al. (2020) invoke much more extensive
incorporation of continental crust than previous workers. It remains to be seen whether their proposed
mechanism, with continental crust ﬂowing from distal regions into the IGR and IFR for tens of millions
of years, is physically feasible. Moreover, it should be noted that no inherited zircons, and no xenoliths of
continental material, have been observed in Iceland, though both young zircons and maﬁc xenoliths are
found in the extensive outcrops there.
On the other hand, thick crust with relatively low Vp along the Greenland‐Iceland Ridge could be due to
melting of regionally extensive source mantle heterogeneities combined with active mantle upwelling
(e.g., Korenaga, 2004; Korenaga & Kelemen, 2000; Korenaga et al., 2002; Shorttle & Maclennan, 2011).
This hypothesis remains consistent with all available data. The narrow, laterally extensive nature of the
GIR and IFR is consistent with active mantle upwelling in and around the Iceland plume during opening
of the Atlantic. Although the Iceland hotspot and its peripheral areas such as the GIR and the Reykjanes
Ridge are usually explained as the consequences of a purely thermal plume, it is important to recognize that
it is not a unique interpretation. For example, V‐shaped ridges along the Reykjanes Ridge have long been
explained by thermal ﬂuctuations in the plume (the “pulsing plume” hypothesis of Vogt (1971)) (e.g., Ito,
2001; White, 1997), but recent marine geophysical surveys have shown that, contrary to the prediction of
the pulsing plume hypothesis, the V‐shaped ridges are not symmetric about the Reykjanes Ridge (Hey
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et al., 2010) and that the tectonic evolution of the ridge involves multiple rift propagation events, which is
difﬁcult to explain by a simple thermal model (Hey et al., 2016).

6. Summary and Outlook
We analyzed the ocean‐bottom seismic data collected along the Greenland‐Iceland Ridge and constructed a
new crustal velocity model. Whereas the seismic data were of moderate quality, we strove to make the most
of them by applying the travel‐time tomography of Korenaga and Sager (2012), an upgrade of the original
approach of Korenaga et al. (2000) with adaptive importance sampling. Crustal thickness along the
SIGMA‐1 transect is ∼30 km on average, though it varies gradually, with the western half being ∼5 km
thicker than the eastern half. Furthermore, the western and eastern parts are distinct from each other in
average lower‐crustal Vp. On the basis of crustal thickness and compressional wave speed, as well as its
proximity to Greenland, the western part could be predominantly composed of extended continental crust.
The average lower‐crustal Vp of the eastern part is higher than that of the western part, but it is still too low to
be interpreted as the result of the melting of a hot mantle plume with a “normal” mantle composition. The
eastern part of the SIGMA‐1 crustal model closely resembles the thickest part of the SIGMA‐2 crustal model,
so considering the existing interpretations for the SIGMA‐2 model, we suggest that the formation of the
Greenland‐Iceland Ridge requires an anomalously fertile source mantle or substantial incorporation of
extended continental crust. The latter possibility supports the recent hypothesis that Iceland and the
Greenland‐Iceland‐Faroe Ridge contain a substantial amount of continental crust. Thus, contrary to our
initial expectation, the ambiguity in interpreting seismic data for continent‐ocean transition is not diminished in the SIGMA‐1 transect.
Whereas the Icelandic crust has been studied by a number of passive‐ and active‐source experiments (e.g.,
Bjarnason et al., 1993; Darbyshire et al., 2000; Foulger et al., 2003; Menke et al., 1998), the crustal structure
of the Greenland‐Iceland‐Faroe Ridge is much less constrained. As the existing seismic data collected from
the Iceland‐Faroe Ridge are of poor quality (Richardson et al., 1998), the SIGMA‐1 data from the
Greenland‐Iceland Ridge are of critical importance to test the continental hypothesis of Foulger et al.
(2020). If the Icelandic lower crust is mostly continental, as suggested by Foulger et al. (2020), then only
1/3 to 1/4 of the total Icelandic crust would have resulted from mantle melting, thereby lowering the inferred
contribution from melting of the Iceland plume. The plume buoyancy ﬂux for Iceland has been estimated to
be ∼1.4 Mg s−1 (King & Adam, 2014; Sleep, 1990), but given the above consideration, it could be reduced to
∼0.4 Mg s−1, which is only ∼1/20 of the buoyancy ﬂux of the Hawaiian plume.

Data Availability Statement
The SIGMA‐1 data are available from the Marine‐Geo Digital Library of the Marine Geoscience Data System
(http://www.marine-geo.org/tools/entry/EW9607). The DOIs for OBS and OBH data sets are, respectively,
doi:10.26022/IEDA/327349 and doi:10.26022/IEDA/327350.
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